Quaternary Carbon Cycling in the Atlantic Ocean: Insights from Boron and Radiocarbon Proxies by Farmer, Jesse Robert
Quaternary Carbon Cycling in the Atlantic Ocean:
Insights from Boron and Radiocarbon Proxies
Jesse R. Farmer
Submitted in partial fulfillment
of the requirements for the degree of
Doctor of Philosophy







Quaternary Carbon Cycling in the Atlantic Ocean: Insights from Boron and
Radiocarbon Proxies
Jesse R. Farmer
Earth’s climate is intricately linked to the carbon cycle through the ra-
diative effect of atmospheric carbon dioxide. The ocean plays a central role
in this climate-carbon system; as oceans store ∼50 times more carbon than
the atmosphere, even small changes in ocean chemistry could greatly affect
global climate. Understanding how the oceanic carbon reservoir has evolved
across changing climates is thus critical for both constraining mechanisms of
climate change and predicting impacts from anthropogenic carbon addition.
This dissertation contributes to knowledge of the ocean carbon reservoir’s
evolution across the last 1.5 million years of Earth’s history, with a partic-
ular focus on two key intervals of climatic change: 1) Present day, when
a large, human-sourced perturbation to the carbon cycle is underway, the
effects of which are not yet fully realized; and 2) The mid-Pleistocene transi-
tion (MPT; ∼900,000 years ago), when natural cycles of global warming and
cooling increased in intensity and duration.
Without direct observations for both these time intervals, I focus on doc-
umenting changes to ocean carbon chemistry using proxies for seawater com-
position. The primary tools for this purpose are boron concentrations (B/Ca
ratios) and the boron isotopic composition (δ11B) of carbonate skeletons pro-
duced by marine organisms. These tools are rooted in the aqueous chemistry
of boron, in which the speciation and isotopic composition of boron com-
pounds change with seawater pH.
To test present-day changes in the oceanic carbon reservoir, I measured
δ11B on the calcitic skeletons of deep-sea corals (genus Keratoisis). Results
show that while coral δ11B does correlate with deep ocean pH, δ11B variations
within coral skeletons are too large to be explained by changes in deep ocean
pH over the corals’ lifespan. These variations most likely reflect the biology of
the coral organism, suggesting that δ11B measurements in Keraotisis cannot
be utilized to track ocean pH until coral growth mechanisms are better un-
derstood. To complement these δ11B data, I measured the radiocarbon (14C)
content of Keratoisis skeletons. Results show that coral skeletal 14C tightly
correlates to the 14C content of the deep ocean, and that bamboo corals live
for 50 to 300 years with radial growth rates of 10 to 80 µm per year. This
supports the use of 14C for generating bamboo coral ages and growth rates,
and for tracking perturbations to the 14C content of the deep ocean.
Through my deep-sea coral study, I learned the importance of accurate and
precise δ11B measurements for sound interpretations of ocean carbon chem-
istry. These interpretations necessitate highly specialized analysis protocols.
While two protocols are commonly applied for δ11B measurements, existing
comparisons found relatively large offsets between both protocols. To trace
the cause and implications of this offset, I established a new δ11B measure-
ment protocol and performed an internal comparison between the new and
existing measurement protocols. Results confirm that carbonate δ11B values
are significantly offset between techniques. Although the nature of this offset
remains enigmatic, I show that both techniques show the same δ11B-to-pH
sensitivity, and consistent pH estimates are obtained when a protocol-specific
constant offset is applied. This suggests that both δ11B analysis protocols can
be applied for reconstructing pH with equal confidence.
To test for changes in the ocean carbon reservoir across the MPT, I inves-
tigated the B/Ca and Cd/Ca composition of the benthic foraminifer Cibici-
doides wuellerstorfi to track deep ocean carbonate saturation state (∆[CO2−3 ])
and nutrient inventories. At 4.3 km water depth in the South Atlantic Ocean,
B/Ca abruptly decreased by 20% and Cd/Ca increased by 40% between 950
and 900 ka, equivalent to a 60 µmol/kg increase in abyssal ocean carbon
storage. Coincident shifts in deep ocean circulation and atmospheric pCO2
around 900 ka suggest that a new regime of deep ocean carbon sequestration
developed during the MPT. I argue that this regime was intricately linked
with the increased magnitude and duration of glacial cycles following the
MPT.
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Carbon dioxide (CO2) is a greenhouse gas that warms Earth’s surface through
absorption and backscattering of infrared radiation. The warming potential
of CO2 was first established in the late 19th century (Arrhenius, 1896), and
quantitatively constrained during the mid-20th century (e.g., Plass, 1956;
Manabe and Wetherald, 1967). Direct observations of atmospheric CO2 be-
gan in March 1958, when Charles David Keeling deployed a CO2 gas analyzer
at the Mauna Loa Observatory. That first month of observations showed the
well-mixed atmosphere above Hawaii had an average CO2 concentration of
315 parts per million (ppm). In the ensuing fifty-eight years of continuous
measurements, the CO2 concentration at Mauna Loa has risen precipitously,
and averaged 405 ppm as of March 2016 (Fig. 1.1). During this time, mean
global land temperature warmed by 0.9℃ in response to elevated CO2 levels
(e.g., Rohde et al., 2012).
What is the significance of the observed increases in atmospheric CO2 and
























Figure 1.1: Atmospheric CO2 measurements from Mauna Loa Observatory from 1958 to
present day (red line). Data courtesy of NOAA Earth System Research Laboratory. Shown
for context are ice core data for the average preindustrial CO2 concentration of the late
Holocene (260-280 ppm, orange box), and the average CO2 concentration during late Pleis-
tocene glacial maxima (170-190 ppm, blue box, Lüthi et al., 2008).
CO2 and temperature have repeatedly increased in recent Earth history of
similar magnitudes as today, and another where today’s changes are un-
precedented in recent Earth history. The first scenario implies that Earth
generally experiences a highly variable climate, and that—irrespective of
cause—today’s warming may not be unusual. The latter scenario implies
that today’s changes could represent a major perturbation to global climate.
Discerning between these two scenarios, and thus evaluating the significance
of present day increases in CO2 and temperature, requires knowledge of past
changes in Earth’s climate and the carbon cycle.
Paleoclimatology aims to contribute this knowledge using the geologic
record. By the mid-1980s, paleoclimatologists generated high-quality mea-
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surements of atmospheric CO2 trapped in air bubbles in ancient ice, and
revealed two critical features of past CO2 levels: First, atmospheric CO2 was
lower (260 to 280 ppm) in the centuries prior to the Industrial Revolution,
emphasizing the anthropogenic sources of the current rise in atmospheric CO2
(Neftel et al., 1985; Raynaud and Barnola, 1985). Second, atmospheric CO2
was significantly lower during the last glacial maximum (170 to 190 ppm;
Delmas et al., 1980), suggesting an important association between past CO2
variations and global climate1. These and other studies show that the present-
day increase in atmospheric CO2 is most likely unprecedented in recent Earth
history (Fig. 1.1) (Masson-Delmotte et al., 2013).
That atmospheric CO2 varied significantly prior to the Industrial Era and
is rapidly increasing today poses key questions: What factors within the
Earth system control atmospheric CO2? What is the cause-effect relation-
ship between these factors and past intervals of global climate change? And
how will these factors respond to the rapid input of anthropogenic CO2 in the
Industrial Era? Answers to these questions are not just of academic inter-
est; they are necessary for accurate projections of both short- and long-term
future climate change.
The ocean plays a central role in the global climate-carbon system. The
ocean holds ∼50 times more carbon than the atmosphere (Siegenthaler and
1Although outside the scope of this dissertation, the causal link between past CO2 variations and climate
over the Pleistocene has been rigorously demonstrated (e.g., Petit et al., 1999; Lüthi et al., 2008; Shakun
et al., 2012)
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Sarmiento, 1993), meaning even small changes in ocean chemistry could have
potentially profound effects on the carbon cycle and global climate (e.g.,
Broecker, 1982). Thus, to understand past atmospheric CO2 variations and
contextualize the present-day anthropogenic CO2 increase requires an ocean-
focused approach. This dissertation presents developments and applications
of tools used to reconstruct changes in deep ocean carbonate chemistry.
Chapters 2 and 3 test whether deep-sea corals can be used to track changes
in deep ocean carbon storage over the Industrial Era. Chapter 4 provides a
new methodology for boron isotope analyses and reconciles past ocean pH re-
constructions from different boron isotope measurement techniques. Chapter
5 presents records of deep ocean carbon storage across the Mid-Pleistocene
Transition (∼900,000 years ago), the last time that the extent of Earth’s
climate variability fundamentally changed (Clark et al., 2006).
1.1 Ocean Carbonate Chemistry
Why does the ocean contain so much more carbon than the atmosphere?
Like other atmospheric gases, CO2 dissolves into the ocean to aqueous form,
CO2(aq). Unlike other atmospheric gases, CO2(aq) is reactive, combining
with a water molecule (H2O) to form carbonic acid (H2CO3), a weak acid.
Carbonic acid dissociates to bicarbonate ion (HCO3
−), releasing a proton
(H+). Bicarbonate ion is also a weak acid and can further dissociate to
carbonate ion (CO3











At the range of seawater pH (pH=-log[H+]) observed today, the ocean’s in-
organic carbon pool is dominated by HCO−3 (∼90% of all inorganic carbon),
followed by CO2−3 (∼9%) and lastly the combination of CO2 and H2CO3


































Figure 1.2: Speciation of inorganic carbon in the surface ocean (T=25℃ , S=35, P=1dbar)




3 concentrations are indicated by light
blue, royal blue, and dark blue lines, respectively. Gray shading denotes the range of modern
seawater pH. Concentrations calculated using CO2sys Matlab (Van Heuven et al., 2011),
using K1 and K2 values of Lueker et al. (2000) and KSO4 of Dickson et al. (1990).
Ocean carbonate chemistry is defined by a system of equations based on
the dissociation constants of the reactions in Equation 12. To solve this
2For additional details, the reader is referred to Dickson, A.G. (2010), The carbon dioxide system in
seawater: equilibrium chemistry and measurements, EPOCA Guide to best practices for ocean acidification
research and data reporting.
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system, two values are needed (e.g., [HCO−3 ] and [CO
2−
3 ]). However, it is not
currently practical to measure concentrations of the individual carbon species
in seawater. The two variables most commonly measured to constrain this
system are total dissolved inorganic carbon (DIC) and alkalinity (TA).
DIC is the sum of concentrations of inorganic carbon species in seawater:
DIC = [CO∗2] + [HCO
−
3 ] + [CO
2−
3 ] (1.2)
where [CO2*] gives the summed concentrations of CO2(aq) and H2CO3.
In addition to contributing to DIC, [HCO−3 ] and [CO
2−
3 ] play an impor-
tant role in the oceans’ charge balance. All natural waters must maintain
electroneutrality (no net charge) by possessing equal numbers of positively
charged ions and negatively charged ions. Considering just the conservative,
nonreactive ions in seawater, a puzzle emerges: There are more positive ion
charges (from Na+, Ca2+, and Mg2+) than negative ion charges (from Cl−,
SO2−4 , Br
−, and F−) in the ocean. To maintain electroneutrality, the excess
positive charge is fully compensated by negatively charged compounds from
dissociated weak acids, principally HCO−3 and CO
2−
3 . Two critical features of
ocean carbonate chemistry follow from maintaining electroneutrality: (1) The
ocean’s large carbon inventory, as the majority of carbon in the ocean is ionic
(as HCO−3 and CO
2−
3 ) and cannot simply degas back to the atmosphere; (2)
the ocean is basic, because it contains a greater number of proton acceptors
(HCO−3 and CO
2−
3 ) than proton donors (Brönsted, 1923; Lowry, 1923). Thus,
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the interplay between electroneutrality and the carbonate system determines
both ocean pH and oceanic control of atmospheric CO2.
Total alkalinity (TA) quantifies the charge difference discussed above as
the summed charges of deprotonated weak acids or the equivalent sum of
excess conservative cation charges. Consider a simplified seawater solution
where the only weak acids present are carbonic acid and bicarbonate ion3.
For this system, TA is defined as:
TA = [HCO−3 ] + 2[CO
2−
3 ] + [OH
−]− [H+] (1.3)
where OH− and H+ are free ion concentrations from dissociation of water,
and the concentration of CO2−3 is doubled to account for its -2 charge.
Alkalinity is a useful practical and theoretical concept. Alkalinity is mea-
sured by adding strong acid to seawater until all carbon species are converted
to CO2 (the CO2 equivalence point, Wolf-Gladrow et al., 2007), with the
quantity of acid needed for this conversion equaling alkalinity. This tech-
nique highlights how alkalinity represents the buffer capacity of the ocean.
If a small volume of acid were poured into a large container of seawater,
pH would not significantly drop; instead, deprotonated weak acids (primarily
3Equation 1.3 defines the alkalinity contribution from carbonate species, termed carbonate alkalinity. In
reality, total alkalinity in seawater also includes the concentrations of all deprotonated weak acids, including
B(OH)3 (discussed below), Si(OH)4, NH
+
4 , H3PO4, H2PO
−
4 , organic compounds, etc.
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carbonate and bicarbonate ions) would absorb these protons:
H+ + CO2−3 → HCO−3 (1.4)
H+ +HCO−3 → H2CO3 (1.5)
Ocean acidification resulting from CO2 addition to the oceans (e.g., Feely
et al., 2004) is similarly buffered by interaction with deprotonated weak acids:
CO2 + CO
2−
3 +H2O → 2HCO−3 (1.6)
In this case, the pH decrease caused by CO2 addition does not result directly
from formation of carbonic acid. Rather, pH decreases from the dissociation
of HCO−3 formed when CO2 reacts with CO
2−
3 :
HCO−3 → H+ + CO2−3 (1.7)
1.1.1 Processes affecting DIC and TA
Three major processes influence ocean DIC and/or TA: CO2 addition/removal,
CaCO3 formation/dissolution, and photosynthesis/respiration. As illustrated
in Equation 1.6, the addition (removal) of CO2 increases (decreases) DIC, but
does not change TA. In contrast, the formation and dissolution of carbonates
(CaCO3) affects both DIC and TA, as illustrated by the following reaction:
Ca2+ + 2HCO−3  CaCO3 + CO2 +H2O (1.8)
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Every unit of CaCO3 formation (dissolution) leads to a 2-unit decrease (in-
crease) in TA and a 1-unit decrease (increase) in DIC. Finally, photosynthe-
sis and respiration affect DIC through the fixation/remineralization of CO2.
These processes also have a small TA effect through the uptake/release of
nutrient anions compensated by proton transfer (Brewer et al., 1975; Wolf-
Gladrow et al., 2007). The net result is approximately a 7-unit increase
(decrease) in DIC per 1-unit decrease (increase) in TA during respiration
(photosynthesis) (Brewer et al., 1975).
Figure 1.3 shows how TA and DIC covary in the deep ocean (below 1 km
water depth) using over 100,000 quality-controlled measurements collected
since the 1980s (compiled by Olsen et al., 2016). The distribution of deep
ocean TA and DIC is well described by the joint effects of CaCO3 dissolu-
tion and respiration of organic matter, highlighting the importance of these
processes in dictating deep ocean carbonate chemistry4.
Although respiration and dissolution jointly influence deep ocean TA and
DIC, they have fundamentally different oceanographic controls. Respiration
is typically strongest where the supply of organic material is highest (but
only if sufficient oxygen is available); accordingly, respiration rates tend to
decrease exponentially with depth from the surface ocean, where available
light supports photosynthesis, to the dark ocean abyss (e.g., Martin et al.,





































Figure 1.3: Distribution of salinity-normalized DIC and alkalinity in the global deep ocean
(>1 km water depth). Data compiled in the GLODAPv2 database (Olsen et al., 2016).
Arrows show the relative TA:DIC change due to the labeled processes from mean global
surface ocean TA (2308 µeq/kg) and DIC (2026 µmol/kg) (star, values from Table 8.2.4
in Sarmiento and Gruber, 2006). Point color indicates seawater pH, which decreases as a
function of increasing DIC and decreasing TA. Non-uniform pH behavior in TA-DIC space
reflects the influences of variable deep ocean temperature and pressure on pH; note that
these data were not normalized to uniform temperature and pressure conditions.
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1987)5. In contrast, while CaCO3 is also primarily supplied from the surface
ocean, CaCO3 dissolution has a strong thermodynamic control. A useful
indicator for dissolution is the saturation state of CaCO3, termed Ω
6:
Ωcalcite =
[Ca2+]solution ∗ [CO2−3 ]solution
[Ca2+]saturation ∗ [CO2−3 ]saturation
(1.9)
where ”solution” refers to in situ concentrations, and ”saturation” to ion
concentrations for a solution in equilibrium with CaCO3 at a given tempera-
ture, salinity, and pressure. Because calcium is a major ion in seawater and
essentially at uniform concentration in the deep ocean (Fig. 1.4), another
useful indicator of saturation state uses only carbonate ion:
∆[CO2−3 ] = [CO
2−
3 ]solution − [CO2−3 ]saturation (1.10)
When Ω=1 (∆[CO2−3 ]=0), the solution is saturated with respect to CaCO3,
and no net precipitation or dissolution is expected. When Ω>1 (∆[CO2−3 ]>0),
the solution is supersaturated with respect to CaCO3, and precipitation is fa-
vored. When Ω<1 (∆[CO2−3 ]<0), the solution is undersaturated with respect
to CaCO3, and dissolution is favored. Figure 1.4 shows how these parameters
vary in the ocean. The quantity [CO2−3 ]solution generally decreases with in-
creasing water depth, while [CO2−3 ]saturation increases with depth. As a result,
5This is a highly simplified view of respiration; see Del Giorgio and Duarte (2002) for more information.
6The two polymorphs of CaCO3, aragonite and calcite, have different saturation concentrations and thus
different Ω values. References to Ω or saturation concentrations in this dissertation are for calcite unless
otherwise stated.
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the ocean is supersaturated with respect to calcite at shallow depths, and be-
comes undersaturated at deeper depths. Consequently, the amount of CaCO3
in ocean sediments is greater at shallow depths and generally decreases with
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Figure 1.4: Water column profiles of carbonate saturation parameters from the subtropi-
cal Pacific Ocean (17° S, 170° W). Left: [Ca2+] (diamonds, Station 10 from Horibe et al.,
1974). Second from left: [CO2−3 ]solution (circles) calculated from measured DIC and TA (data
from R/V Mirai MR09-01, Station 163) and [CO2−3 ]saturation (line) calculated from in situ
temperature, salinity, and water depth. Second from right: Ωcalcite. Right: ∆[CO
2−
3 ]. Red
dashed line denotes the calcite saturation horizon at 2.9 km water depth, where Ωcalcite=1
and ∆[CO2−3 ]=0. Calcite precipitation (dissolution) is favored above (below) this depth.
The dissolution of carbonates at depth is an important contribution to
deep ocean TA and DIC. Figure 1.5 illustrates how CaCO3 saturation relates
to dissolution-sourced alkalinity input to the modern ocean. The value of
∆[CO2−3 ] decreases with increasing depth, falling below zero around 4.5 km
water depth in the North Atlantic Ocean, 3.5 km depth in the South At-
lantic Ocean, 3 km depth in the South Pacific Ocean, and as shallow as 0.5
km depth in the North Pacific Ocean. The contribution to alkalinity from
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CaCO3 dissolution (TA*, Feely et al., 2002) broadly mirrors these trends,
with TA* increasing with depth, and higher TA* in the deep Pacific than
deep Atlantic. However, the TA* distribution does not directly correlate
with the calcite saturation horizon (given by ∆[CO2−3 ]=0). Instead, positive
TA* values are found at ∆[CO2−3 ] values up to +25 µmol/kg. Also, ∆[CO
2−
3 ]
does not strongly correlate with sedimentary %CaCO3 (Archer, 1996b) sug-
gesting that processes other than thermodynamics play important roles in
CaCO3 dissolution (see Archer, 1996a). The effects of seafloor dissolution on

















Atlantic Ocean  (TA* contoured) Pacific Ocean (TA* contoured)
Figure 1.5: Cross-sections of ∆[CO2−3 ] (gridded color) and TA* (contours) from the Atlantic
Ocean (left) and Pacific Ocean (right). Hydrographic data are from WOCE A17 and P16
cruises. TA* calculated after Feely et al. (2002). The calcite saturation horizon (∆[CO2−3 ]=0)
occurs at the boundary of green and blue colors.
1.2 Proxies for Ocean Carbonate Chemistry
Given the immense size of the ocean carbon reservoir and its importance for
stabilizing atmospheric CO2, understanding this reservoir’s behavior through
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time and across changing climates is of great importance. Accurate measure-
ments of TA and DIC exist since the 1970s, but while they are sufficient to
define the present-day mean state of ocean carbonate chemistry, they gener-
ally lack the resolution to elucidate temporal changes in the deep ocean7. In
the absence of direct data, knowledge of temporal changes in ocean carbonate
chemistry may be obtained through indirect means. This approach relies on
proxies: Measurable parameters that relate—theoretically or empirically —to
the desired quantity of interest (in this case, ocean carbonate chemistry).
Several tools for reconstructing past ocean carbonate chemistry utilize the
aqueous chemistry of boron. Boron is a conservative element in seawater
(Lee et al., 2010) and exists primarily as two chemical species: uncharged
boric acid (B(OH)3) and borate anion (B(OH)
−
4 ). These two compounds
obey acid-base equilibrium:




Like the carbonate system, the concentrations of B(OH)3 and B(OH)
−
4
vary in the global ocean to maintain electroneutrality, with B(OH)3 more
abundant in lower pH waters, and correspondingly more B(OH)−4 in higher
pH waters (Fig. 1.6). Excluding bicarbonate ion, boric acid is the highest
concentration weak acid in seawater (compare y-axis scales on Fig. 1.2 and
1.6), and thus B(OH)−4 materially contributes to seawater TA.
7With a few exceptions from repeat surveying; see Talley et al. (2016).
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Different vibrational frequencies of B-O bonds between B(OH)3 and B(OH)
−
4





with B(OH)3 enriched in
11B by ∼27h relative to B(OH)−4 (Klochko et al.,
2006; Nir et al., 2015). Because both this fractionation and the boron iso-
topic composition of seawater are constant (Foster et al., 2010)8, the isotopic
composition of B(OH)3 and B(OH)
−
4 change with seawater pH (Fig. 1.6).
Since boron speciation—and thus the isotopic composition of boric acid
and borate—change with pH, knowledge of these parameters in the past could
provide constraints on past seawater pH. One option to gain this information
is by measuring the boron concentration and isotopic composition of carbon-
ates precipitated from seawater. Early studies found wide ranges of boron
concentration in marine carbonates (1-80 ppm; Vengosh et al., 1991; Hem-
ming and Hanson, 1992), but Hemming and Hanson (1992) found a small
range in boron isotopic composition (expressed as δ11B) of ∼24 to 27h for
a variety of marine carbonates. These results argue for preferential incor-
poration of the isotopically lighter B(OH)−4 into marine carbonates via the
following reaction (Hemming and Hanson, 1992):
8The long residence time of boron in seawater (∼ 10 Ma, Simon et al., 2006) relative to this dissertation












































Figure 1.6: (top) Speciation of boric acid (yellow dashed line) and borate (orange dashed
line) versus seawater pH. (bottom) Isotopic composition of boric acid (yellow line) and borate
(orange line) in seawater as a function of pH. Gray solid line indicates the boron isotopic
composition of seawater, which is invariant with pH (Foster et al., 2010). Blue arrow denotes
the constant fractionation between boric acid and borate (εB) of 26 to 27.2h(Klochko et al.,









Although the assumption of preferential B(OH)−4 incorporation is currently
debated (e.g., Klochko et al., 2009), numerous studies show that δ11B in bio-
genic and inorganic carbonates tightly correlates with the pH of the solution
from which the carbonates precipitated (Fig. 1.7a). This supports using
the δ11B of fossil skeletal material to reconstruct past changes in ocean pH.
Additional details on the δ11B/pH proxy are presented in Chapters 2 and 4.
Provided that B(OH)−4 preferentially substitutes into CaCO3 for HCO
−
3
(Hemming and Hanson, 1992), then the boron concentration of carbonates
should relate to pH because the ratio of B(OH)−4 to HCO
−
3 in seawater is pro-
portional to pH (Yu et al., 2007b). However, efforts to use carbonate boron
concentrations to reconstruct pH are limited in part by complex inorganic
and biological controls on boron incorporation, which are subject to ongo-
ing investigation (e.g., Allen et al., 2012; Uchikawa et al., 2015). However,
previous studies document a strong correlation between the boron concentra-
tions of benthic foraminifera (measured as B/Ca ratios) and the carbonate
saturation state parameter ∆CO2−3 (Fig. 1.7b) (Yu and Elderfield, 2007; Rae
et al., 2011; Raitzsch et al., 2011; Yu et al., 2013a). The primary advan-
tages of B/Ca over δ11B as a carbonate system proxy are its smaller sample
17
size requirement (roughly 0.2 versus 0.5 mg of CaCO3) and simpler analysis
protocol. Though empirical, B/Ca ratios of benthic foraminifera have been
successfully used to explore deep ocean carbon perturbations over the last
100,000 years (e.g., Allen et al., 2015; Yu et al., 2008, 2010a, 2013a, 2016).
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Figure 1.7: (a) δ11B of carbonates versus the δ11B of borate anion in the solution from which
the carbonates precipitated in laboratory experiments of corals, foraminifera, and inorganic
calcite. Lines denote least-squares fits. References: (1) Hönisch et al. (2004); (2) Krief
et al. (2010); (3) Sanyal et al. (1996); (4) Hönisch et al. (2009); (5) Sanyal et al. (2001); (6)
Hönisch (pers. comm.); (7) Henehan et al. (2013); (8) Sanyal et al. (2000). (b) B/Ca of
benthic foraminifer Cibicoides wuellerstorfi versus ∆CO2−3 . Data indicated by yellow circles
in (b) are from this dissertation.
1.3 Thesis Aims
Chapter 2 presents an application of the boron isotope/paleo-pH proxy to
bamboo corals, a cosmopolitan family of deep-sea corals. This study aimed
to establish the δ11B-pH relationship for bamboo corals, then apply this re-
lationship to track acidification from anthropogenic carbon transfer to the
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deep North Atlantic Ocean. While bamboo coral δ11B does correlate with
pH, δ11B variations within coral skeletons exceed changes in deep ocean pH,
and instead likely reflect biological processes of coral growth. Although this
is in a sense a negative outcome, these results provide new constraints on
how bamboo corals grow in the otherwise inhospitable, low-Ω conditions of
the deep ocean. The results also motivated a detailed study of bamboo coral
ages and growth rates, which were determined using the radiocarbon (14C)
content of their skeletons. Chapter 3 shows that bamboo corals faithfully
record the 14C content of the seawater in which they lived. This approach
may be promising for tracing the anthropogenic perturbation of the deep
ocean through input of 14C produced by nuclear weapons testing (Rafter and
Fergusson, 1957).
The bamboo coral research motivated my interest in boron isotope mea-
surement protocols. Chapter 4 presents a comparison of the two most com-
monly applied procedures for boron isotope measurement. This required
first establishing a new boron isotope measurement protocol at the Lamont-
Doherty Earth Observatory. Results show that, while the two techniques
return different absolute δ11B values, both give the same change in δ11B per
unit change in pH. Thus, pH reconstructed via either technique is the same
provided that the δ11B versus pH relationship used is appropriate for the
given measurement procedure.
Chapter 5 is my long-awaited return to paleoclimatology. Using the knowl-
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edge I gained from the previous chapters, I sought to reconstruct changes
in deep ocean carbonate chemistry across the Mid-Pleistocene Transition
(MPT). The fundamental change in the period and intensity of glacial cycles
at the MPT has puzzled paleoclimatologists for nearly four decades, and the
role of ocean carbonate chemistry in causing or amplifying this transition
is unknown. Chapter 5 presents B/Ca records from benthic foraminifera in
three sediment cores from the South Atlantic Ocean, documenting an abrupt
increase in abyssal carbon storage at the peak of the MPT.
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Chapter 2
Effects of seawater-pH and
biomineralization on the boron
isotopic composition of deep-sea
bamboo corals
Note: This chapter has been published in Geochimica et Cosmochimica Acta
(2015), Vol. 195, pp. 86–106, http://dx.doi.org/10.1016/j.gca.2015.01.018 1
Abstract
The ocean is currently absorbing excess carbon from anthropogenic emissions, leading to
reduced seawater-pH (termed ‘ocean acidification’). Instrumental records of ocean acidifica-
tion are unavailable from well-ventilated areas of the deep ocean, necessitating proxy records
to improve spatio-temporal understanding on the rate and magnitude of deep ocean acidi-
fication. Here we investigate boron, carbon, and oxygen isotopes on live-collected deep-sea
bamboo corals (genus Keratoisis) from a pHtot range of 7.5-8.1. These analyses are used to
1AUTHORS: Jesse Farmer a*, Bärbel Hönisch a, Laura F. Robinson b,c, Tessa M. Hill d,e
a Department of Earth and Environmental Sciences and Lamont Doherty Earth Observatory of Columbia
University, 61 Route 9W, Palisades, NY 10964, USA
b School of Earth Sciences, University of Bristol, Bristol BS8 1JA, UK
c Marine Chemistry and Geochemsitry, Woods Hole Oceanographic Institution, Woods Hole, MA 02543,
USA
c Earth and Planetary Sciences, University of California-Davis, Davis, CA 95616, USA
d Bodega Marine Laboratory, University of California-Davis, Bodega Bay, CA 94923, USA
* corresponding author: jfarmer@ldeo.columbia.edu
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explore the potential for using bamboo coral skeletons as archives of past deep-sea pH and to
trace anthropogenic acidification in the subsurface North Atlantic Ocean (850-2000 m water
depth). Boron isotope ratios of the most recently secreted calcite of bamboo coral skeletons
are close to the calculated isotopic composition of borate anion in seawater (δ11Bborate) for
North Atlantic corals, and 1-2h higher than δ11Bborate for Pacific corals. Within individual
coral skeletons, carbon and oxygen isotopes correlate positively and linearly, a feature associ-
ated with vital effects during coral calcification. δ11B variability of 0.5-2h is observed within
single specimens, which exceeds the expected anthropogenic trend in modern North Atlantic
corals. δ11B values are generally elevated in Pacific corals relative to δ11Bborate, which may
reflect pH-driven physiological processes aiding coral calcification in environments unfavor-
able for calcite precipitation. Elevated δ11B values are also observed proximal to the central
axis in multiple Atlantic and Pacific specimens, relative to δ11Bborate, which might reflect
ontogenetic variability in calcification rates. Although the observed boron isotope variabil-
ity is too large to resolve the present anthropogenic ocean acidification signal at the studied
depths in the North Atlantic (0.03-0.07 pH units), pH changes >0.1 units might still be
reconstructed using δ11B measurements in bamboo corals.
2.1 Introduction
The ocean is the largest exchangeable carbon reservoir in the global carbon cycle and repre-
sents an important sink for anthropogenic carbon (Cant) emissions (Gruber, 1998; Khatiwala
et al., 2009; Sabine et al., 2004). The vast majority of the ocean’s carbon is stored below the
mixed layer in the intermediate and deep ocean, which are enriched in dissolved inorganic
carbon (DIC) due to the active export of carbon from the surface ocean by physical and
biological processes (e.g., Sigman et al., 2010). Emissions of anthropogenic carbon diox-
ide (CO2) since the onset of the industrial era and air-sea gas exchange have resulted in a
large input of Cant to well-ventilated areas of the deep sea (Sabine et al., 2004; Wanninkhof
22
et al., 2013). The net result of this Cant pulse is a reduction in seawater pH termed ‘ocean
acidification’ (e.g., Caldeira and Wickett, 2003; Feely et al., 2004; Doney et al., 2009).
Instrumental records of ocean acidification are limited in length and spatial coverage.
Only three continuous time series of seawater carbonate system observations with >10
years of coverage are available for the surface ocean (Station ALOHA: Dore et al., 2009;
BATS/Station S: Bates, 2007; ESOTC: González-Dávila et al., 2010). Similar records are
not available for the intermediate and deep ocean; instead, pH changes must be inferred from
back-calculated, tracer-based, or modeled estimates of Cant inventories (Sabine et al., 2004;
Khatiwala et al., 2009; Sabine and Tanhua, 2010). Paleoceanographic records extracted from
surface corals using the boron isotope proxy can potentially supplement limited instrumental
pH data for the surface ocean (Pelejero et al., 2005; Wei et al., 2009). In the intermediate
and deep ocean, however, applications of boron proxies (δ11B, B/Ca) in epifaunal benthic
foraminifera (e.g., Hönisch et al., 2008; Yu et al., 2010b; Rae et al., 2011; Raitzsch et al.,
2011) are better suited to longer timescales than the current anthropogenic perturbation,
due to bioturbation and low accumulation rates of deep-sea sediments.
Deep-sea corals (DSC) potentially provide new opportunities to reveal deep-sea condi-
tions from highly resolved records secreted over the lifespan of the coral (ranging from years
to millennia, see review in Robinson et al., 2014). Previous studies have shown promise for
DSC skeletal-based proxy records of ocean circulation and ventilation (Adkins et al., 1998;
Frank et al., 2004; Robinson et al., 2005; Sherwood et al., 2008; van de Flierdt et al., 2010;
Burke and Robinson, 2012), biological productivity and nutrient concentrations (Sherwood
et al., 2005, 2011; Montagna et al., 2006; LaVigne et al., 2011; Anagnostou et al., 2011),
temperature (Smith et al., 2000; Thresher et al., 2004, 2010; Lutringer et al., 2005; Case
et al., 2010; Hill et al., 2011; Kimball et al., 2014; Montagna et al., 2014), and isotopic
and elemental properties of seawater (Rollion-Bard et al., 2009; Hill et al., 2012). However,
reconstructions of deep-sea carbonate chemistry from boron proxies in DSC have proven
challenging. Specifically, boron isotope studies in scleractinian DSC (subclass Hexacorallia)
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suggest physiological processes related to biomineralization overprint environmental infor-
mation (Blamart et al., 2007; Anagnostou et al., 2012; McCulloch et al., 2012).
Deep-sea gorgonian corals (subclass Octocorallia) have recently generated interest as po-
tential paleoceanographic archives. Gorgonian corals of the family Isididae are long lived
(up to several centuries, Roark et al., 2005; Thresher, 2009) and globally distributed in in-
termediate to deep waters (Watling et al., 2011), making them attractive targets for proxy
calibration and paleoceanographic reconstructions (Thresher et al., 2004; Sherwood et al.,
2008; Hill et al., 2011, 2012; LaVigne et al., 2011). To date, however, there have been no
studies on the feasibility of carbonate system reconstructions from boron proxies in deep-sea
gorgonian corals. Here we present results from the first investigation of boron isotopes in
deep-sea gorgonian corals (genus Keratoisis), and evaluate controls on their boron isotopic
composition using coupled stable isotope (δ13C and δ18O) measurements. We compare Kera-
toisis boron isotope ratios in a suite of modern specimens to hydrographic pH measurements,
and test whether isotopic time-series derived from individual North Atlantic corals reflect
projections of seawater-pH change due to Cant addition.
2.2 Materials and Methods
2.2.1 Bamboo coral morphology and biomineralization
Isidiid gorgonian corals, named ”bamboo corals” for their visual resemblance to bamboo,
grow a solid axial skeleton composed of non-scleritic calcareous material, surrounded by a
relatively thin coenenchyme with rod-shaped sclerites longitudinally arranged on the polyps
(Watling et al., 2011). Bamboo coral axial skeletons are characterized by alternating high-Mg
calcitic internodes (7-10 mol% MgCO3, Noé and Dullo, 2006) and organic nodes composed
of gorgonin, a collagen-like protein (Fig. 2.1). Cross-sections through the internodes reveal
visual light-dark banding attributed to the orientation and relative organic content of Mg-
calcitic crystal bundles (fascicles) (Noé and Dullo, 2006), with the strength and symmetry of
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banding varying within and between specimens (Fig. 2.1b-d). The interior of the internode is
occupied by a central axis that varies from an open, cylindrical channel (Fig. 2.1c) to a darkly
colored, calcified or organic-filled region (Fig. 2.1b). At the microstructural scale, bamboo
coral internodes do not exhibit centers of calcification or density banding (as evidenced from
X-radiographs, Noé and Dullo, 2006), both fundamental structural features of scleractinian
corals (Ogilvie, 1896, see also Cohen and McConnaughey, 2003).
Distinct differences in both skeletal microstructures and composition between calcitic
bamboo corals and aragonitic scleractinian corals imply divergence in calcification mecha-
nisms, which therefore distinguish the sampling strategy for each coral type. Gorgonian
coral biomineralization is poorly understood, particularly in comparison to the wealth of
geochemical approaches used to infer biomineralization mechanisms in scleractinian corals
(which are nonetheless debated, e.g., McConnaughey, 1989; Adkins et al., 2003; Cohen and
McConnaughey, 2003; Rollion-Bard et al., 2003a,b; Sinclair, 2005; Blamart et al., 2007).
Noé and Dullo (2006) proposed a biomineralization mechanism for bamboo corals whereby
gorgonin serves as a structural framework for a Ca2+-binding soluble glycoprotein monolayer
that facilitates crystal nucleation. Although this mechanism is broadly similar to organic
matrix-mediated calcification mechanisms proposed for scleractinian corals (e.g., Cohen and
McConnaughey, 2003; Allemand et al., 2011), the geochemical effects of such a mechanism,
and more broadly, the geochemical consequences of dissimilarities between scleractinian and
gorgonian calcification, are largely unknown (e.g., Kimball et al., 2014). Consequently, our
sampling strategy follows simple visual structural features, as described below.
2.2.2 Bamboo coral specimens
Bamboo coral specimens covering a broad range of ocean pHtot (7.5-8.1, Fig. 2.2 and Tables
2.1-2.2) were loaned from the Smithsonian National Museum of Natural History’s Depart-
ment of Invertebrate Zoology, the Yale Peabody Museum of Natural History’s Division of
Invertebrate Zoology, and from specimens collected by the Monterey Bay Aquarium Research
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Figure 2.1: Images of Keratoisis bamboo corals. (a) White calcite internodes and dark
organic nodes, scale bar is 5 cm (Specimen USNM57439). (b) True color image of internode
cross-section; scale bar is 3mm (Specimen YPM37031B). (c) High-contrast filtered grayscale
image of internode cross-section; scale bar is 3 mm (Specimen USNM1004643). (d) High-
contrast filtered grayscale image of internode cross-section sampled in transect; scale bar
is 2 mm (Specimen T668-A13). Colored regions in (d) represent transect sampling regions
referred to in Fig. 2.7: orange is the ontogenetically oldest calcite surrounding the internode
central axis; blue is the ontogenetically youngest calcite on the distal surface; green is the
coral interior.
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Institute’s Seamounts 2004 and 2007 expeditions to the California margin (Hill et al., 2011,
2012). All specimens were identified as genus Keratoisis in museum collections, although
this genus requires taxonomic revision (Watling et al., 2011). North Atlantic Ocean speci-
mens belong to two temporally distinct assemblages: one set is derived from trawl operations
by the United States Fish Commission in the late 19th century off the northeastern coast
of the United States (Verrill, 1885), with more recent specimens collected by trawl in the
vicinity of Bear Seamount off the northeastern United States during the NOAA Mountains
in the Sea programs in 2003 and 2004 (Fig 2.2b). Modern specimens possessed intact polyps
on the coral surface, indicating they were alive at the time of collection. All specimens
were screened for diagenetic alteration or bioerosion by visual inspection of thick sections
under reflected light microscopy. Specimens did not show evidence for either diagenesis or
bioerosion, consistent with previous observations of structural preservation in modern and
subrecent Keratoisis specimens (Noé and Dullo, 2006).
Calcite sections of 2-4 mm thickness were cut from the basal internode of each specimen
and polished. Calcite subsamples were obtained by drilling within visual growth bands using
either a Merchantek MicroMill with a 0.5 mm tungsten carbide drill bit or a Sears variable-
speed rotary tool with a 1.0 mm diamond burr (Fig. 2.1d). Average sample spacing along
the radial growth direction was approximately 1-3 mm.
2.2.3 Hydrographic data and boron isotopes in seawater
Temperature, salinity, alkalinity, and dissolved inorganic carbon (DIC) data were obtained
from the nearest available World Ocean Circulation Experiment (WOCE) or Transient Trac-
ers in the Ocean (TTO) hydrographic station to each coral collection location (Tables 2.1-
2.2). Seawater pH was established for each coral location using hydrographic data and
CO2sys MATLAB version 1.1 (Van Heuven et al., 2011), with first and second dissocia-
tion constants for carbonic acid (K1 and K2) from Lueker et al. (2000). Uncertainty in









































Figure 2.2: (a) Ambient seawater pH (total scale, circle fill) at locations of Keratoisis corals in
this study; black box denotes transect shown in (b). (b) Atlantic coral specimens (black and
white stars) plotted with the expected change in seawater pH between the preindustrial and
modern (gridded color) using anthropogenic DIC data from Sabine et al. (2004), temperature
and salinity from World Ocean Atlas 2009 (Locarnini et al., 2010; Antonov et al., 2010), and
assuming no change in alkalinity. Contours reflect the minimum resolvable pH change due to
external analytical δ11B error from three (dotted), five (dashed), and seven (solid) replicate
analyses. Map and transect made using Ocean Data View.
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ity, alkalinity and DIC within a 4° latitude/longitude and ±100 m depth box of our coral
collection locations and depths in the GLODAP Gridded Database (Key et al., 2004; see
Anagnostou et al., 2012). Temperature and salinity uncertainty averaged ±0.5℃ and ±0.1,
respectively, for each coral collection location. Uncertainty in pH was estimated as the 2σ
of pH calculated from ranges of alkalinity and DIC from each grid box using hydrographic
temperature and salinity data from each coral collection location. Seawater pH at the time
of collection for North Atlantic corals from the 19th century was estimated by subtract-
ing cumulative Cant concentrations (from Khatiwala et al., 2009) from hydrographic DIC
data, and assuming that hydrographic temperature, salinity, and alkalinity were unchanged.
Uncertainty in Cant inventories was estimated at ±20% following Khatiwala et al. (2009),
which translates to a small additional pH uncertainty (<0.01 pH units) that was added to
uncertainty estimates for these collection locations.
In seawater, boron predominantly exists as B(OH)3 (uncharged boric acid) and B(OH)
−
4
(borate anion), with the dissociation constant of boric acid (pKB) a function of temperature,
salinity (Dickson, 1990), and pressure (e.g., Millero, 1995). The boron isotope partitioning
between boric acid and borate is described by an equilibrium fractionation factor (αB, also
written as 11-10KB) that has been experimentally determined in synthetic seawater at 25℃,
salinity of 35 and atmospheric pressure (αB = 1.0272±0.0006, Klochko et al., 2006). Due to
the lack of alternative experimental data, we assume that temperature, salinity and pressure
do not influence the fractionation factor, and determine the isotopic composition of borate
ion in seawater (δ11Bborate) using the following equation:
δ11Bborate(h) =
δ11Bsw ·BT − 1000 · (αB − 1) · [B(OH)3]
[B(OH)−4 ] + αB · [B(OH)3]
(2.1)
where δ11Bsw is the boron isotopic composition of seawater (39.61±0.2h [measurement 2sd],
Foster et al., 2010), BT is the total boron concentration as a function of salinity (Lee et al.,
2010), and [B(OH)3] and [B(OH)4
−] are derived from BT , pH, and pKB. Uncertainty in
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δ11Bborate was calculated by propagation of errors in pKB from uncertainties in tempera-
ture, salinity, and coral collection depth (estimated as ±100 m for specimens collected by
trawl), along with pH error as calculated above. An additional error from uncertainty in
anthropogenic carbon inventories calculated as ±0.08h was added to δ11Bborate uncertainty
for the 19th century corals. The resulting uncertainty in δ11Bborate ranges from ±0.15 to
±0.67h, with the largest error for Specimen 1011762 from the Moluccan Sea, Indonesia,
where proximal hydrographic data are unavailable (Tables 2.1-2.2).
2.2.4 Analytical procedures
All isotopic data obtained in this study are provided in Tables 2.3-2.4 and online through
the Biological and Chemical Oceanography Data Management Office (http://www.bco-
dmo.org/project /542303). Forty to sixty microgram splits of drilled coral samples were
analyzed for carbon and oxygen stable isotopes without chemical pretreatment or roasting
(Grottoli et al., 2005). Samples were analyzed on a Thermo Delta V+ with dual inlet and
Kiel IV device at the Lamont-Doherty Earth Observatory (LDEO), with values reported in
per mil relative to the Vienna Pee-Dee Belemnite (VPDB). The 1sd analytical accuracy for
δ13C and δ18O based on replicate analyses of laboratory standards are ±0.03h and ±0.06h,
respectively. When available, replicate analyses of individual coral samples were precise to
within ±0.05h for δ13C and ±0.08h for δ18O (1σ). Coral isotope ratios were corrected for
seawater δ13C from cruise measurements (WOCE and GEOSECS, Table 2.2) and seawater
δ18O from LeGrande and Schmidt (2006) to allow direct comparison of δ13C and δ18O ratios
in corals from different oceanographic regions (Fig. 2.2, Hill et al., 2011).
For boron isotope analyses, 1-2 mg of calcite powder was cleaned of organic material
with 1% H2O2 buffered in 0.1 N NaOH at 80℃ for 20 min, then rinsed five times with
boron-free MilliQ water under ultrasonication. Recovery varied from 70% to 90%, as fine-
grained material was invariably lost to suspension during rinse steps. Cleaning experiments
performed on a bulk coral sample with varying concentration of oxidizing agent showed no
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change in coral δ11B over orders of magnitude changes in oxidant concentration (between
0.3% and 4.8% H2O2), suggesting that all reactive organic matter was effectively removed
from the samples by the standard cleaning procedure (Fig. A.1). Cleaned coral powders
were dissolved in 2 N HCl immediately prior to analysis. A sufficient volume of analyte to
obtain a minimum of 1 ng of B (typically 1.5-2 µL depending on sample B concentration)
was loaded with 1.0 µL of a boron-free seawater matrix solution onto degassed rhenium
filaments. To minimize procedural blank, all sample preparation was done in a boron-free
PTFE filtered laminar flow bench, and Fisher Optima® grade chemicals were used for all
treatments.
Boron isotope ratios were measured on a Thermo Triton multicollector thermal ionization
mass spectrometer at LDEO in negative-ion mode (N-TIMS, Hemming and Hanson, 1994; see
detailed methodology in Foster et al., 2013). Average electric potentials for 11BO2
− ranged
between 120 and 300 mV. Boron isotope ratios are reported in delta notation (δ11B) relative
to the NIST 951 boric acid standard reference material (Catanzaro, 1970). NIST 951 was
measured alongside sample analyses for standardization both as boric acid and precipitated
in vaterite (Foster et al., 2013). Mass 26 (12C14N−) was monitored immediately prior to
analyses, to check for isobaric interference on 10BO2
− from organic material (Hemming and
Hanson, 1994). No samples were excluded based on this criterion, as mass 26 counts were
below previously determined thresholds for organic matter contamination (Hemming and
Hanson, 1994; Foster et al., 2013). Boron concentrations were determined in a representative
sample for each coral by isotope dilution with 5 ppm NIST 952 boric acid reference material
(Table 2.1; Hemming and Hanson, 1994). A minimum of three acceptable repeat analyses
was required for each reported δ11B value, where analyses with >1h within-run fractionation
were discarded. Although only two acceptable repeat analyses were obtained for five samples,
these numbers are reported here because of their close correspondence with surrounding
measurements (Tables 2.3-2.4).
Uncertainty in δ11B measurements is reported as the larger value of either twice the
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measurement standard error (2SE = 2sd/n0.5), where n is the number of repeat analyses
on a single sample solution), or the external error, which is given as the 2SE on repeat
analyses of an in-house standard of NIST 951 precipitated in vaterite (Tables 2.3-2.4; see
Foster et al., 2013; Penman et al., 2013). The minimum resolvable pH change is a direct
function of this analytical error, such that detection of a smaller pH change requires a greater
number of repeat analyses (Fig. 2.2b). To demonstrate the reproducibility of these analyses,
we produced full replicates of seven samples. δ11B values for the seven replicates all agree
within overlapping 2SE (Table A.1 and Fig. A.2).
2.2.5 Expected isotopic variability from anthropogenic carbon ad-
dition
The dissolution of Cant in seawater is expected to have a twofold effect on the geochemical
composition of seawater. First, anthropogenic fossil fuel burning and deforestation add
isotopically light carbon to the atmosphere, which lowers the δ13C of atmospheric CO2 and,
when mixed into the ocean, δ13C of the oceanic DIC reservoir (the 13C Suess effect; Keeling,
1979). Second, the addition of Cant increases the size of the DIC reservoir, acidifying seawater
and lowering δ11Bborate.
Provided that the temporal histories of these oceanic DIC concentration and isotope
changes are quantitatively constrained, they can be useful metrics for testing whether our
DSC isotopes track deep-sea chemical changes caused by Cant addition. The magnitude of
anthropogenic depletion of seawater δ13CDIC reflects the concentration of Cant, which is a
function of time since the water mass was last in contact with the atmosphere and the pro-
cesses that influenced DIC after that time (Körtzinger et al., 2003; Olsen and Ninnemann,
2010). The change in seawater δ13CDIC at the locations of the three modern corals is pro-
jected by scaling the Cant inventories from Khatiwala et al. (2009) by the δ
13CDIC-[Cant]
relationship established by Körtzinger et al. (2003), which predicts a δ13CDIC lowering of
0.024±0.003h per µmol/kg increase in [Cant] compared to preindustrial conditions. Prein-
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dustrial seawater δ13CDIC for the coral locations is estimated as 1.25±0.15h, using the value
for preindustrial Labrador Sea Water from Olsen and Ninnemann (2010). This value is cho-
sen because the modern Atlantic coral collection locations correspond to neutral density
surfaces and chlorofluorocarbon inventories attributed to Labrador Sea Water (LeBel et al.,
2008). Uncertainty in the seawater δ13CDIC projection is estimated by propagation of prein-
dustrial seawater δ13CDIC uncertainty (±0.15h), δ13CDIC-[Cant] relationship uncertainty
(±0.003h), and uncertainty in Cant inventories (±20%).
We quantify the temporal history of δ11Bborate at the locations of the three modern
North Atlantic corals in a similar fashion. Cant inventories from Khatiwala et al. (2009) are
converted to pH by assuming steady-state temperature, salinity, and alkalinity, and then
converted to δ11Bborate using the Klochko et al. (2006) boron isotope fractionation. This
approach predicts a -0.025 unit change in seawater-pH, and a -0.19h change in δ11Bborate,
per 10 µmol kg−1 increase in Cant inventory. Total uncertainty in the δ
11Bborate projection is
estimated by propagation of modern hydrographic δ11Bborate errors (Table 2.2) and δ
11Bborate
error resulting from Cant inventory uncertainty (±20%).
2.3 Results
2.3.1 Stable isotopes from a single Keratoisis specimen
We measured isotopes on samples taken from the outermost 1 mm of calcite on eight dis-
crete internodes of a preindustrial Atlantic bamboo coral specimen (Fig. 2.3). δ11B from
different internode surfaces varies from 15.6h to 17.3h (Fig. 2.3b), and generally overlaps
δ11Bborate established from hydrographic data (16.07±0.57h) within uncertainty. There is
little evidence for a trend in δ11B along the longitudinal growth direction, although δ11B of
the two most terminal internodes analyzed in this specimen (samples S3 and S8, Fig. 2.3b)
are the highest observed values and both are significantly more positive than δ11Bborate. The
average δ11B of the internode surfaces (16.62±0.37h) is higher than, although within un-
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certainty of, δ11Bborate. δ
13C and δ18O show negative trends along the longitudinal growth
direction, with δ13C declining by 1.0h and δ18O by 0.8h between the basal (S1) and apical
(S8) internodes analyzed (Fig. 2.3c and d). Considering that δ11B does not appear to show
systematic behavior (aside from possibly the terminal internodes), we chose the most basal
(thickest) available internode of each specimen for comparison with hydrographic data and
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Figure 2.3: (a) Location of samples taken for boron (b), carbon (c), and oxygen (d) isotopic
composition of calcite from the distal skeleton of eight different internodes of a preindustrial
North Atlantic bamboo coral specimen. Red line in (b) is the isotopic composition of borate
ion in seawater (using αB = 1.0272, Klochko et al., 2006) for the collection location of this
specimen, with the gray shaded region denoting the uncertainty as described in the text.
Blue diamond in (b) is the average of all surface internode measurements. Green arrows
denote samples taken from terminal internodes of this specimen.
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2.3.2 Boron isotope relationship with hydrographic data
Samples drilled from the outermost 1 mm of calcite of the most basal internode in different
Keratoisis specimens (hereafter referred to as distal skeletal) exhibit boron isotopic composi-
tions ranging from 13.7 to 16.5h, with generally higher values (>15.4h) for North Atlantic
corals from locations above pHtot 7.9, and lower values (14.9-15.3h) for Pacific corals from
seawater pHtot below 7.8 (Fig. 2.4). Specimen 1011762 from Indonesia shows a significantly
lighter distal skeletal δ11B (13.7h) than all other analyzed corals, and is 1.3h lighter than
δ11Bborate calculated for its collection location. Considering the lack of proximal hydrographic
data for this specimen and its pre-modern radiocarbon age (1,690±25 14C years), we exclude
this specimen from further statistical comparisons with modern corals.
Distal skeletal δ11B positively and linearly correlates with corresponding δ11Bborate values
calculated from hydrographic data using the aqueous boron fractionation factor of Klochko
et al. (2006) (Fig. 2.4b):
δ11Bcoral(h) = (0.42± 0.25) · δ11Bborate + (9.28± 3.8) (2SE, r2 = 0.66) (2.2)
The slope of this relationship is significantly less than 1 (Student’s t test, t(8) = 14.5, p
<0.001) when all corals are included. This is mostly driven by Pacific δ11Bcoral values, which
are 1-2h higher than corresponding δ11Bborate estimates (Fig. 2.4b). In contrast, Atlantic
distal skeletal values are largely within error of a 1:1 δ11Bcoral:δ
11Bborate relationship, albeit
across δ11Bborate and pH ranges within overlapping error (15.78-16.47h and 7.95-8.03 pHtot;
Table 2.5).
2.3.3 Radial isotope transects: Pacific and 19th Century Atlantic
corals
Fig. 2.5 displays δ11B, δ13C and δ18O transects (from the ontogenetically oldest calcite







13 14 15 16 17 








































Figure 2.4: (a) Keratoisis distal skeletal δ11B versus hydrographic pH. Also shown are the
deep-sea scleractinian Desmophyllum dianthus (gray diamonds-EA, Anagnostou et al., 2012;
black diamonds-MM, McCulloch et al., 2012), cultured shallow-water scleractinian corals
(Acropora nobilis-BH, Hönisch et al., 2004; Stylophora pistillata and Porites sp.-SK, Krief
et al., 2010), benthic foraminifer Cibicidoides wuellerstorfi (black +’s-BH, Hönisch et al.,
2008; gray +’s-JR, Rae et al., 2011), and inorganic calcite (white circles, Sanyal et al.,
2000). Solid curve shows the δ11B of borate anion in seawater at representative deep-ocean
pKB = 8.78 (Dickson, 1990; Millero, 1995) as a function of pH based on the measured
aqueous boron fractionation factor (Klochko et al., 2006). (b) Keratoisis surface δ11B versus
δ11B of borate anion calculated for each coral collection location. Solid line is least-squares
linear regression, with gray shading denoting ±95% confidence intervals on the regression
line. Dashed line is 1:1 line. Specimen 1011762 (excluded from regression) is indicated by
the filled circle.
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the Pacific Ocean and 19th century bamboo corals from the North Atlantic. These corals are
unlikely to have experienced significant Cant concentrations over their lifetimes, and therefore
are assumed to have calcified under approximately steady-state conditions.
Pacific corals show 1-1.5h of δ11B variability within single specimens (hereafter referred
to as intracolony) with no obvious trends (Fig. 2.5a-c). The three specimens exhibit similar
absolute δ11B values of 15-16h, which are 0.5-2h higher than the calculated δ11Bborate for
each collection location (horizontal gray bars, Fig. 2.5a-c). Samples closest to the central
axis generally give the highest intracolony δ11B values, particularly for T668-A13 (Fig. 2.5a).
δ18O and δ13C range from +2 to 0h VPDB and -2 to -5.5h VPDB, respectively, with the
most negative δ13C evident in Specimen 1004643 from the Bering Sea (Fig. 2.5c). There
are no discernible trends in intracolony δ18O and δ13C. For Specimen T668-A13, samples
drilled using either a 1 mm dental drill (white and black symbols) or MicroMill with 0.5 mm
bit (gray symbols) are largely comparable for δ11B, δ18O and δ13C, suggesting that different
sampling procedures (resolution) do not alter the isotopic measurements (Fig. 2.5a).
For the 19th century Atlantic corals (Fig. 2.5d-f), δ11B values range from 15.5 to 17h and
are similarly stable as Pacific corals, with a maximum of 1.5h variability in Specimen 4228
(Fig. 2.5f). δ11B values are within error of or slightly elevated above calculated δ11Bborate
values. In two of the specimens, samples closest to the central axis show elevated δ11B values
compared to the rest of the coral (Fig. 2.5e, f). δ18O and δ13C are heavier than for Pacific
corals, ranging from +2 to +1h VPDB and +2 to -2h VPDB, respectively.
2.3.4 Radial isotope transects: modern Atlantic corals
Fig. 2.6 compares δ11B and δ13C records from three modern North Atlantic corals with
calculated changes in δ11B of seawater borate ion and δ13C of seawater DIC from Cant
addition. We project a 0.28 to 0.36h decline in δ11Bborate and a 0.47 to 0.57h decline
in δ13C of seawater DIC over the lifespan of these corals due to Cant addition. Lending
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Figure 2.5: Intracolony isotopic records from corals not exposed to anthropogenic carbon: (a-
c) modern Pacific bamboo corals; (d-f) preindustrial Atlantic corals. Left side plots are δ11B
measurements with 2SE error bars (diamonds); right side plots are δ13C (black filled circles)
and δ18O (open squares). All measurements are plotted against radial distance from the
coral’s central axis. Gray symbols in (a) are replicates from micromilling individual growth
bands. Gray bars denote the range of δ11B of borate ion in seawater at each collection
location (using αB = 1.0272, Klochko et al., 2006, Table 2.2).
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is in excellent agreement with δ13C measurements from the 1972-1973 GEOSECS cruises
(Kroopnick, 1980) (Fig. 2.6).
Intracolony δ11B and δ13C are noisier than the projections, with 1-2h of variability in
both isotope systems exceeding the magnitudes of the expected Cant signals (Fig. 2.6). Coral
δ11B and δ13C values are similar to those observed in 19th century Atlantic corals (Fig. 2.5d-
f), and generally consistent with the predicted data but too noisy to describe the projected
trend. Similar to the Pacific and 19th Century Atlantic corals, we observe elevated δ11B
values near the central axis for Specimens 27000 and 37031 (Fig. 2.6a and b). δ13C transects
are within uncertainty of the projection for Specimen 27000 excluding the outermost sample
(Fig. 2.6a) and for Specimen 36252 excluding the innermost sample (Fig. 2.6c).
2.3.5 Skeletal systematics of coral δ11B variability
δ11B variability in Keratoisis specimens shows evidence for systematic offsets from δ11Bborate
(∆11B = δ11Bcoral - δ
11Bborate) both among and within specimens (Fig. 2.7a). Pacific corals,
collected from locations with Ωcalcite 0.85-0.92, show +0.5-2h ∆11B values across the entire
skeleton. Conversely, Atlantic corals collected from locations with Ωcalcite 1.7-2.3 show ∆
11B
ranging from approximately -1 to +1.5h. For all corals, δ11B measurements proximal to
the central axis are among the highest measured intracolony δ11B values, elevated by 2h
above δ11Bborate for Pacific specimens and by 0-1.5h above δ11Bborate for Atlantic specimens.
Outer surfaces of Atlantic specimens are within error of δ11Bborate, while Pacific specimens
are elevated, as noted earlier (Figs. 2.4 and 2.5).
2.3.6 Quantifying stable isotope relationships
Measured δ18O and δ13C, corrected for local seawater-δ18O and δ13CDIC (Tables 2.3-2.4) and
expressed as ∆18O and ∆13C, respectively, generally positively correlate within individual
corals (Fig. 2.8). Least-squares linear regressions return significant correlations (at 95%
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Figure 2.6: Intracolony boron and carbon isotopic records from modern North Atlantic bam-
boo corals. Transects of bamboo coral δ11B (diamonds, left) and δ13C (black circles, right)
are plotted against radial distance from the coral’s central axis as in Fig. 2.5. Timescales
for the coral records are established by assuming coral radial growth rates of 60 µm/year,
consistent with previously published growth rates of Keratoisis specimens from the North
Atlantic (Sherwood and Edinger, 2009). Black curves are projected temporal evolution of
δ11Bborate (using αB = 1.0272, Klochko et al., 2006) and δ
13C of seawater DIC, respectively,
with increasing seawater Cant at each coral collection location; gray shaded areas are prop-
agated uncertainty in δ11Bborate and δ
13C of seawater DIC (see Section 2). Black asterisks
are hydrographic seawater δ13CDIC from GEOSECS data proximal to the coral collection


























































Figure 2.7: (a) Difference between Keratoisis δ11B measurements from eight modern spec-
imens and δ11Bborate (using αB = 1.0272, Klochko et al., 2006) from hydrographic data,
plotted against Ωcalcite for the coral collection locations. Samples are grouped according to
location within the coral internode: white diamonds indicate samples from the internode’s
distal skeleton (as shown in Fig. 2.4), green circles from the internode’s radial thickening
(error bars not shown), and orange squares from the internode’s central axis (see Fig. 2.1d
for example of different coral sampling regions). Shaded region represents average δ11Bborate
uncertainty (±0.27h). Specimens are labeled from lowest to highest Ωcalcite: 1=1004643,
2=T664-A17, 3=T668-A13, 4=27000, 5=36252, 6=37031, 7=8784, 8=4228. (b) Difference
between apparent coral pH calculated from coral δ11B and seawater pH. Note that Specimens
2 and 3 (T664-A17 and T668-A13) share the same collection Ωcalcite = 0.92 and are plotted
with an Ω offset for clarity in (a) and (b).
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North Atlantic specimens collected across a < 1℃ temperature range (Table 2.6). For the
significant relationships, ∆18O/∆13C range from 0.24 to 0.61, with intercept values (∆18O =
1.14-2.19h at ∆13C = 0h) generally decreasing with increasing coral collection temperature.
Keratoisis δ11B does not exhibit significant linear relationships with either δ18O (r2 =
0.02, p = 0.13) or δ13C (r2 = 0.01, p = 0.26) from the same samples at the 95% confidence







































Figure 2.8: ∆13C (δ13Ccalcite-δ
13CDIC) versus ∆
18O (δ18Ocalcite-δ
18Owater) for bamboo corals
in this study. Circles indicate modern Atlantic corals (collected after 1970), crosses indicate
19th century Atlantic corals, and diamonds indicate Pacific corals. Symbol color corresponds
to collection temperature for each coral. Filled symbols differentiate corals collected from
similar temperatures in the same basin. Lines show significant (p <0.05) linear regressions of
∆13C versus ∆18O (Table 2.6); dashed blue line includes data from T664-A17 and 1004643,




2.4.1 Response to anthropogenic carbon addition
At the collection depths of the three modern North Atlantic corals, the projected magnitude
of δ11Bborate decline due to Cant addition (-0.28 to -0.36h) is small relative to the uncertainty
in modern δ11Bborate (±0.15-0.16h per site, Table 2.2) and analytical error (Tables 2.3-2.4).
Similarly, errors in δ13CDIC projections (±0.25-0.3h) are large relative to the magnitude of
the projected δ13CDIC decline (-0.47 to -0.57h). As a result, we cannot identify Cant-forced
δ11B and δ13C trends in the isotopic composition of these corals with confidence.
Nevertheless, the comparison between coral δ11B and δ13C and the projections is instruc-
tive. All three modern North Atlantic corals show intracolony δ11B and δ13C variability that
exceeds the range of expected changes from Cant addition (Fig. 2.6). If the corals studied
here record only changes in seawater chemistry, we would expect the intracolony δ11B and
δ13C records to match changes in δ11Bborate and δ
13CDIC from increasing Cant inventories.
There is of course uncertainty in both the timing and magnitude of Cant addition to the
ocean and our coral growth rate estimates. However, we observe similar magnitudes of in-
tracolony δ11B and δ13C variability in Pacific corals, 19th century Atlantic corals (Fig. 2.5),
and in multiple internode surfaces from a single 19th century Atlantic coral (Fig. 2.3), even
though these specimens have encountered negligible anthropogenic DIC addition over their
lifetimes. We therefore conclude that at least part of the δ11B and δ13C variability observed
in modern Atlantic bamboo corals is not related to changes in deep-sea pH and δ13CDIC
caused by Cant addition.
2.4.2 Comparison with δ11B of other marine carbonates
Modern and 19th century Keratoisis δ11B values range between 14.5 and 17.3h (Fig. 2.4,
Tables 2.3-2.4), which are 6 to 13h lighter than bulk δ11B measurements on the scleractinian
deep-sea corals Desmophyllum dianthus (23.5-28.1h, Anagnostou et al., 2012; 25.7-27.4h,
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McCulloch et al., 2012; see Fig. 2.4a) and Lophelia pertusa (26.6-28.7h, McCulloch et al.,
2012), and are >10h lighter than ion microprobe δ11B analyses of a single L. pertusa spec-
imen (28-38h, Blamart et al., 2007). Similar offsets are observed between Keratoisis δ11B
values and the δ11B of cultured shallow-water scleractinian corals at comparable pH val-
ues (genus Acropora, Hönisch et al., 2004; Reynaud et al., 2004; Porites and Stylophora
pistillata, Krief et al., 2010) (Fig. 2.4a). In contrast, Keratoisis δ11B values are more com-
parable to coretop measurements of the calcitic benthic foraminifer Cibicidoides wuellerstorfi
(16.6-17.4h, Hönisch et al., 2008; 14.5-16.3h, Rae et al., 2011) (Fig. 2.4a).
When regressed against local δ11Bborate, Keratoisis δ
11B values return a linear relationship
with a slope significantly shallower than one (Fig. 2.4b). This result is consistent with
observations on corals, foraminifera and synthetic calcite grown over a wide pH range (Sanyal
et al., 1996, 2000, 2001; Hönisch et al., 2004; Krief et al., 2010; Henehan et al., 2013), which
tend to exhibit δ11Bcarbonate versus δ
11Bborate regressions with a slope <1 (Table 2.5). Earlier
studies had suggested this might be an artifact of boron isotope analyses by N-TIMS versus
MC-ICP-MS (Foster, 2008), but recent MC-ICP-MS studies of corals (Krief et al., 2010) and
planktic foraminifers (Henehan et al., 2013) cultured over a wide pH range have confirmed
the lower pH sensitivity of boron isotopes in these marine carbonates compared to boron in
seawater. The slope of the δ11Bcarbonate versus δ
11Bborate relationship for Keratoisis is lower
in absolute magnitude, and in several cases, significantly lower than slopes observed in other
samples (Table 2.5).
2.4.3 Enumeration of vital effects in Keratoisis
A long history of literature shows that biomineralization processes of marine calcifiers occur
outside of thermodynamic equilibrium, with consequences for the geochemical composition
and isotopic ratios of the resultant biominerals (e.g., Emiliani et al., 1978; McConnaughey,
1989; Smith et al., 2000; Cohen and McConnaughey, 2003; Allemand et al., 2011). The
biogeographic disribution of bamboo corals suggests they are no exception. Three bamboo
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corals in this study collected from the Pacific Ocean are from Ωcalcite <1 (Table 2.2), and
bamboo corals on the Tasmanian seamounts have been observed growing in similarly un-
dersaturated conditions (Thresher et al., 2011). Since skeletal growth under equilibrium
conditions would not be possible for these specimens, bamboo corals presumably possess an
ability to manipulate seawater chemistry in order to calcify. As such, vital effects related to
bamboo coral ontogeny likely affect the isotopic composition of Keratoisis.
One line of evidence supporting the presence of vital effects in Keratoisis is the posi-
tive correlation between δ13C and δ18O (Fig. 2.8). This correlation has previously been
observed in bamboo corals and interpreted for paleotemperature reconstructions using the
lines method (Hill et al., 2011; Kimball et al., 2014). Similar δ13C and δ18O correlations
are also observed at varying spatial scales in azooxanthellate scleractinian corals (Emiliani
et al., 1978; McConnaughey, 1989; Smith et al., 2000; Adkins et al., 2003; Rollion-Bard et al.,
2003a,b; Lutringer et al., 2005; Correa et al., 2010). Positive correlations between δ13C and
δ18O in biogenic carbonates have been attributed to kinetic isotope effects during calcifica-
tion associated with the hydration and hydroxylation of CO2, and/or isotopic effects from
changing pH in the calcifying fluid (McConnaughey, 1989; Adkins et al., 2003; Cohen and
McConnaughey, 2003; Rollion-Bard et al., 2003a,b; Zeebe, 2014). Therefore, the positive cor-
relation between δ13C and δ18O in Keratoisis indicates that calcification processes influence
the geochemistry of bamboo coral skeletons. The range of significant δ13C and δ18O slopes
observed here (m = 0.24-0.61, Fig. 2.8 and Table 2.6) is consistent with those previously
observed in bamboo coral (m = 0.18-0.47, Hill et al., 2011; m = 0.28-0.51, Kimball et al.,
2014) and scleractinian coral specimens (m = 0.23-0.67, Smith et al., 2000; m = 0.34-0.53,
Adkins et al., 2003; m = 0.34-0.44, Lutringer et al., 2005).
For quantification of vital effects, the boron isotopic composition of scleractinian corals
has been hypothesized to record calcifying microenvironment pH, with the difference (re-
ferred to as ∆pH) between calcifying microenvironment pH (i.e. δ11Bcoral) and ambient
seawater pH (i.e. δ11Bborate) reflecting the magnitude of pH vital effects during calcification
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(Rollion-Bard et al., 2003b; Blamart et al., 2007; Allison and Finch, 2010; Krief et al., 2010;
Trotter et al., 2011; Anagnostou et al., 2012; McCulloch et al., 2012). Assuming only the
borate anion is incorporated during coral calcification, the apparent pH of the calcifying
fluid (pHapp) can be inferred from coral δ
11B:
pHapp = pKB − log [
δ11Bcoral − δ11Bsw
δ11Bsw − (αB · δ11Bcoral − 1000 ∗ (αB − 1)
] (2.3)
where pKB is determined for each coral collection location, δ
11Bsw is the boron isotopic
composition of seawater (39.61h, Foster et al., 2010) and αB is the aqueous boron isotope
fractionation factor (1.0272, Klochko et al., 2006). Using Eq. 2.3, elevation of boron isotope
ratios in scleractinian corals above δ11Bborate (Fig. 2.4a) implies a ∼ 0.4-1.2 pH unit elevation
in the calcifying fluid (Krief et al., 2010; Rollion-Bard et al., 2011; Trotter et al., 2011;
Anagnostou et al., 2012; McCulloch et al., 2012) that is broadly consistent with in situ
observations in shallow water scleractinians (Al-Horani et al., 2002; Venn et al., 2011, 2013).
Although this is an attractive approach, it assumes that the functioning of the boron
isotope proxy in marine carbonates is tightly constrained. However, there are several short-
comings in our understanding of boron biogeochemistry that we must consider before calcifier
physiology can be inferred from δ11B with confidence. Most importantly, interpreting the
deviation from δ11Bborate in terms of pH adjustment requires δ
11Bborate to be accurately de-
termined. Klochko et al. (2006) have quantified the magnitude of aqueous boron isotope
fractionation in artificial seawater at 25℃ and atmospheric pressure. Thermodynamic con-
siderations predict an increase in boron isotope fractionation with decreasing temperature
(Fig. 2.9a; Zeebe, 2005; Rustad et al., 2010), but the empirical results of Klochko et al.
(2006) are too variable to confirm or negate a temperature influence on the fractionation
factor. Although the magnitude of the temperature effect is poorly constrained (Zeebe,
2005; Rustad et al., 2010), a temperature adjustment to the fractionation factor would be
largest for deep-sea samples, which are obtained from much lower temperatures than 25℃.
For instance, Zeebe (2005) estimates a 8.2× 10−5 increase in fractionation factor per decrease
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in ℃ (albeit with large uncertainty), which, at face value, equates to an increase in boron
isotope fractionation from 1.0272 at 25℃ to 1.0288 at 5℃ (see also Hönisch et al., 2008).
This effect could be part of the explanation for why some deep-dwelling planktic foraminifers
(e.g., Neogloboquadrina pachyderma and N. dutertrei, Yu et al., 2013b; Foster, 2008) record
lower δ11B values than predicted using the aqueous fractionation factor of Klochko et al.
(2006); namely, δ11Bborate at the habitat depth may in fact be much lower than the ex-
perimental value predicts. Consequently, deep-sea coral and benthic foraminifer δ11B may
similarly be elevated by several permil compared to δ11Bborate (Fig. 2.9; c.f. Hönisch et al.,
2008; Rae et al., 2011). The temperature effect on boron isotope fractionation clearly needs
to be determined experimentally, in addition to instrumental analyses of pH differences in
the calcifying microenvironment of deep-sea benthic foraminifers and corals. Furthermore,
the ∆pH approach is at odds with synthetic calcite, which also shows a lower pH-sensitivity
than predicted from aqueous boron isotope fractionation (Fig. 2.4a; Sanyal et al., 2000;
Henehan et al., 2013). Because biological effects cannot explain the deviation in synthetic
calcite, these data provide strong evidence that boron incorporation into marine carbonates
is governed by additional effects that have yet to be identified.
To illustrate these caveats, we translate the observed departures of coral δ11B from
δ11Bborate (Fig. 2.7a) to magnitudes of pH offset between the coral’s calcifying microen-
vironment (pHapp) and ambient seawater (∆pH = pHapp - pHsw, Fig. 2.7b). All samples
from corals collected at Ωcalcite <1 (from the Pacific) show pH elevation of 0.1 to 0.4 units,
with the magnitude of pH elevation generally increasing with decreasing Ωcalcite. Following
the argument outlined by McCulloch et al. (2012), these data would suggest that bamboo
corals grow in undersaturated conditions by physiological adjustment of their calcifying mi-
croenvironment to more alkaline conditions. pH elevation in these three corals could also
explain the surface δ11B values elevated above δ11Bborate, which decreases the δ
11Bcoral ver-
sus δ11Bborate regression slope (Fig. 2.4b) and may account for the shallowness of this slope
relative to other carbonates (Table 2.5).
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Corals collected at Ωcalcite <1 (specimens from the North Atlantic) show ∆pH values
generally averaging zero, with a range of -0.2 to +0.2 pH units. Excluding samples taken
proximal to the central axis, the highest observed ∆pH is less than +0.1 unit, which may
suggest that these corals do not appreciably modify their calcifying microenvironment pH
relative to seawater. Negative values for ∆pH exceeding 0.1 pH unit are observed in one
of the five specimens with Ωcalcite >1. Similar negative ∆pH values (up to -0.2 units) are
reconstructed for symbiont-barren versus symbiont-bearing foraminifers, and are hypothe-
sized to reflect the influence of respiration on microenvironment pH (Hönisch et al., 2003).
Aside from coral respiration, the negative bamboo coral ∆pH data could also be accounted
for by an underestimate of the boron isotope fractionation factor at lower temperatures, as
described above.
Fig. 2.9 details how an increased fractionation factor at lower temperatures could com-
plicate interpretation of coral δ11B in terms of quantitative pH adjustments. At lower tem-
peratures, a larger fractionation factor will lower δ11Bborate over the pH range of specimens
in this study, leading to a positive offset between δ11Bcoral and δ
11Bborate (Fig. 2.9a). Us-
ing the fractionation factor temperature sensitivity estimated by Zeebe (2005) (cf. Hönisch
et al., 2008), we calculate theoretical temperature-corrected fractionation factors for each
coral, ranging from 1.0282 at 13℃ for Specimen 57439 to 1.0291 at 2℃ for Specimen T668-
A13. The relationship between distal skeletal coral δ11B and δ11Bborate calculated using the
temperature-corrected fractionation factors is shown in Fig. 2.9b:
δ11Bcoral(h) = (0.35± 0.17) · δ11Bborate + (10.81± 2.44) (2SE, r2 = 0.67) (2.4)
This relationship is statistically indistinguishable from that previously established using
δ11Bborate calculated solely from the 25℃ fractionation factor (Eq. 2.2, Fig. 2.4b). However,
North Atlantic coral δ11B are more positive than δ11Bborate calculated from the temperature-
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corrected fractionation, and no longer lie on a 1:1 line (compare Fig. 2.9b with Fig. 2.4b).
In contrast, Specimen 1011762, which is 1.3h lower than δ11Bborate calculated from αB =
1.0272 at 25℃ (Fig. 2.4b), lies on a 1:1 line with δ11Bborate calculated from the temperature-
corrected fractionations (Fig. 2.9b).
Fig. 2.9c illustrates how a temperature-corrected fractionation changes ∆pH. Specimens
T664-A17 and 27000 were collected at indistinguishable temperatures (3.3 versus 3.33℃,
Table 2.2) and thus have the same temperature-corrected fractionation (1.0290). ∆pH es-
timates increase by 0.2 pH units on average with the 1.029 fractionation compared to the
1.0272 fractionation (Fig. 2.9c). As a result, Atlantic corals now reflect calcification at
elevated pH (∆pH = +0.2 units), while the degree of pH elevation in Pacific corals cor-
respondingly increases up to +0.5 pH units (Fig. 2.9c). In summary, even though the
temperature sensitivity of the fractionation factor is uncertain and remains to be quantified
experimentally, it is clear that the magnitude of calcifying microenvironment pH elevation
assumed from boron isotopes is highly sensitive to changes in the value of δ11Bborate, and
hence to the boron isotope fractionation factor. Accounting for uncertainty with the mea-
sured boron isotope fractionation factor (±0.0006, Klochko et al., 2006) alone adds a ∆pH
uncertainty of greater than 0.1 units. This comparison shows that using geochemical proxies
to infer physiological effects is subject to significant uncertainties if the understanding of
proxy geochemistry is incomplete.
2.4.4 Evidence for ontogenetic variations in bamboo coral calcifi-
cation
In contrast to absolute ∆pH values, relative differences in ∆pH values within single specimens
will not be fundamentally altered by changes in the boron isotope fractionation (e.g., Fig.
2.9c). Elevated δ11B values proximal to the central axes of bamboo corals (Figs. 2.5, 2.6
and 2.7a) are associated with pH elevations of ∼0.1 pH units (ranging from 0 to +0.17)













11 12 13 14 15 16 














7.5 7.6 7.7 7.8 7.9 8 8.1 
αB = 1.0272







































Figure 2.9: Influence of the boron isotope fractionation factor on δ11Bborate and ∆pH. (a)
δ11Bborate versus pHtot for αB = 1.0272 ± 0.0006 (solid line and gray bound), αB = 1.0282
(dashed line, theoretical fractionation factor at 13℃) and αB = 1.0291 (dotted line, theo-
retical fractionation factor at 2℃). Coral surface δ11B data (from Fig. 2.4) are shown for
comparison. (b) Keratoisis surface δ11B versus δ11B of borate anion, with the fractionation
factor adjusted for temperature at each collection location. Solid line is least-squares lin-
ear regression, with gray shading denoting 95% confidence intervals on the regression line.
Dashed line is 1:1 line. Specimen 1011762 is indicated by filled diamond and is excluded from
the regression. (c) ∆pH for (left) Specimen T664-A17 (Ωcalcite = 0.92) and (right) 27000
(Ωcalcite = 1.78), as calculated using αB = 1.0272 and temperature-corrected αB = 1.0290.
Symbols and colors in (c) are the same as for Fig. 2.7.
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2.7b). A hypothesis for this observation is a higher growth rate in the juvenile stage of
bamboo corals. Noé and Dullo (2006) observe solid inclusions, a darker color, and lower
length/width ratios in crystals surrounding the central axis conforming to the juvenile growth
stage. δ13C and δ18O behavior near the central axis is equivocal in this study (Figs. 5 and
6), likely due to low sampling resolution. However, Hill et al. (2011) observe more significant
depletions in δ13C and δ18O within several mm of the central axis of bamboo corals sampled
at higher resolution, relative to the remainder of the coral skeleton. Higher δ11B and more
negative δ13C and δ18O near the central axis may be indicative of faster growth, possibly
driven by enhanced pH and calcite saturation in the calcifying microenvironment. Depleted
δ13C and δ18O are observed in calcification centers of scleractinian corals, where low-density
aragonite (Adkins et al., 2003) and labeling experiments (Brahmi et al., 2012) independently
indicate faster growth, although the role of pH in the calcification centers is debated (Blamart
et al., 2007). Furthermore, elevated Mg/Ca is observed both surrounding the central axis of
bamboo corals (Thresher et al., 2010; Sinclair et al., 2011) and in the calcification centers of
scleractinian corals (Meibom et al., 2004; Gagnon et al., 2007; Brahmi et al., 2012). Although
the relationship between Mg/Ca and growth rate needs to be tested rigorously, in both cases
elevated Mg/Ca could be due to a reduced ability of the corals to discriminate against Mg
at higher calcification rates (i.e. surface entrapment, Watson, 1996; Gagnon et al., 2007;
DePaolo, 2011, but see Gabitov et al., 2014).
2.4.5 Bamboo and scleractinian coral geochemistry: Calcification
inferences
Two observations are insightful for comparing bamboo coral calcification to previous geo-
chemical models for scleractinian calcification. First, δ13C versus δ18O slopes observed in
bamboo coral specimens are similar to those observed in scleractinian corals, as previously
noted by Hill et al. (2011) and Kimball et al. (2014). At face value, this may suggest that
similar processes drive δ13C and δ18O disequilibria in scleractinian and gorgonian DSC. How-
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ever, significantly more positive δ11B values are observed in scleractinian DSC relative to the
gorgonian corals analyzed here (Fig. 2.4a), despite similar collection conditions of temper-
ature, salinity, and depth. The ∆pH approach implies that the magnitude of pH elevation
in the calcifying microenvironment of bamboo corals is much smaller than that observed for
scleractinian DSC (Anagnostou et al., 2012; McCulloch et al., 2012). This δ11B discrepancy
likely reflects different calcification mechanisms in gorgonian versus scleractinian corals, and
may suggest that pH elevation in the calcifying microenvironment (Adkins et al., 2003) is not
the cause of gorgonian DSC vital effects. Considering uncertainties with the ∆pH approach
outlined above, a robust quantification of the difference in calcifying microenvironment pH
between these coral groups needs to be obtained through direct observations.
2.5 Paleoceanographic Considerations and Conclusions
The goal of this study was to test whether bamboo coral skeletons can be utilized as archives
of past intermediate ocean pH using the δ11B proxy. We summarize the relevant results here:
1. The geochemistry of Keratoisis specimens is influenced by vital effects, potentially re-
lated to active modification of pH during coral calcification. However, the magnitude of
this vital effect appears small compared to scleractinian deep-sea corals. In Keratoisis,
δ11B values are elevated in specimens from Ωcalcite <1 by 0.5-2h relative to δ11Bborate,
and elevated in samples near the central axes of specimens by 0.25-1.5h relative to
the rest of the specimen. pH vital effects may influence these specimens and samples
in particular.
2. For specimens from Ωcalcite >1, coral surface δ
11B is consistent with δ11Bborate defined
using the experimentally determined fractionation factor at 25℃ (Klochko et al., 2006).
Excluding the central axis, magnitudes of δ11B variability within single internodes and
across multiple internode surfaces range from <0.5h to 1.5h (Figs. 2.3 and 2.5-2.7).
We cannot identify the source of this noise, and it is potentially large compared to
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paleoclimatic signals. For comparison, the late Quaternary glacial-interglacial surface
ocean pH change corresponds to a ∼1.5h change in planktic foraminifer δ11B (Hönisch
and Hemming, 2005; Henehan et al., 2013).
3. The magnitude of the current ocean acidification signal between 850 and 2000 m in
the North Atlantic (0.03-0.07 units) is too small to be detected in Keratoisis δ11B
relative to uncertainty. Additional studies of bamboo corals from locations with larger
anthropogenic carbon inventories, or from past time intervals subject to larger pH
changes, are important for testing the response of bamboo coral δ11B to seawater pH
change. A δ11B signal of 0.8h—corresponding to approximately 0.1 pH units—may
be detectable in a specimen with minimal noise.
4. Interpreting biomineralization mechanisms using δ11B measurements as representative
of pH within the calcifying microenvironment is subject to several important caveats
that create a high degree of uncertainty, particularly for deep-sea organisms. Quan-
tification of the temperature influence on boron isotope fractionation and/or experi-
mental determination of the fractionation factor at temperatures typical for the deep
sea, and understanding the divergence between the δ11B-pH relationships observed
in synthetic calcite and with the aqueous fractionation are critical to improving this
approach. Inorganic precipitation experiments at lower temperatures and calcifying
microenvironment pH measurements in bamboo corals would be particularly useful for
understanding these issues.
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Table 2.5: Regression parameters for δ11B borate vs. δ11B carbonate
Natural Samples
Specimen Type Taxa m 2 SE pH Range Reference
Gorgonian Coral Keratoisis 0.42 0.25 7.58-8.03 This Study
Scleractinian Coral D. dianthus 0.75 0.56 7.58-8.05 Anagnostou et al. (2012)
Benthic Foram C. wuellerstorfi 1.29 0.3 7.89-8.03 Rae et al. (2011)
Planktic Foram N. pachyderma 1.16 0.84* (1 SE) 7.7-7.9 Yu et al. (2013)
Laboratory Samples
Specimen Type Taxa m 2 SE pH Range Reference
Scleractinian Coral Acropora 0.76 0.1 7.71-8.16 Hönisch et al. (2004)
Scleractinian Coral Porites 0.74 0.08 7.19-8.09 Krief et al. (2010)
Scleractinian Coral S. pistillata 0.69 0.15 7.19-8.09 Krief et al. (2010)
Planktic Foram G. ruber 0.6 0.08 7.55-8.17 Henehan et al. (2013)
Planktic Foram O. universa 0.82 0.32 7.7-9.0 Sanyal et al. (1996)
Planktic Foram G. sacculifer 0.85 0.19 7.6-8.6 Sanyal et al. (2001)
Synthetic Calcite – 0.75 0.15 7.9-8.6 Sanyal et al. (2000)
Table 2.6: Regression parameters for ∆18O = m*∆13C + b
Specimen(s) Collection T m 2SE b 2SE R2 p n
T668-A13 2.1 0.11 0.24 1.61 0.34 0.04 0.37 21
T664-A17 3.3 0.29 0.06 1.96 0.10 0.97 0.002 5
1004643 3.5 0.31 0.07 2.19 0.22 0.96 0.003 5
T664-A17 & 1004643 3.3-3.5 0.24 0.06 1.93 0.15 0.89 <0.001 10
27000 3.3 0.19 0.31 1.74 0.20 0.34 0.30 5
36252 3.8 0.34 0.32 1.71 0.11 0.61 0.12 5
37031 4.2 0.08 0.28 2.23 0.25 0.08 0.60 6
27000, 36252 & 37031 3.3-4.2 0.27 0.20 1.89 0.14 0.33 0.02 16
8784 4.9 0.51 0.47 1.43 0.12 0.81 0.29 3
4228 7.2 -0.22 0.10 1.19 0.12 0.96 0.14 3
10496 (Multiple Surfaces) 10.9 0.34 0.14 1.14 0.30 0.82 0.005 7
10496 (Single Internode) 10.9 0.61 0.13 2.05 0.24 0.98 0.01 4
57439 13.2 0.49 0.14 1.24 0.10 0.94 0.006 5
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Chapter 3
Growth rate determinations from
radiocarbon in bamboo corals (genus
Keratoisis)
Note: This chapter has been published in Deep-Sea Research I (2015), Vol. 105, pp. 26–40,
http://dx.doi.org/10.1016/j.dsr.2015.08.004 1
Abstract
Radiocarbon (14C) measurements are an important tool for determining growth rates of
bamboo corals, a cosmopolitan group of calcitic deep-sea corals. Published growth rate es-
timates for bamboo corals are highly variable, with potential environmental or ecological
drivers of this variability poorly constrained. Here we systematically investigate the appli-
cation of 14C for growth rate determinations in bamboo corals using 55 14C dates on the
calcite and organic fractions of six bamboo corals (identified as Keratoisis sp.) from the
western North Atlantic Ocean. Calcite 14C measurements on the distal surface of these
corals and five previously published bamboo corals exhibit a strong one-to-one relationship
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with the 14C of dissolved inorganic carbon (DI14C) in ambient seawater (r2=0.98), confirm-
ing the use of Keratoisis sp. calcite 14C as a proxy for seawater 14C activity. Radial growth
rates determined from 14C age-depth regressions, 14C plateau tuning and bomb 14C reference
chronologies range from 12 to 78 µm y−1, in general agreement with previously published
radiometric growth rates. We document potential biases to 14C growth rate determinations
resulting from water mass variability, bomb radiocarbon, secondary infilling (ontogeny), and
growth rate nonlinearity. Radial growth rates for Keratoisis sp. specimens do not corre-
late with ambient temperature, suggesting that additional biological and/or environmental
factors may influence bamboo coral growth rates.
3.1 Introduction
Accurate deep-sea coral growth rates are critical both for establishing what factors contribute
to coral growth and for providing reliable chronologies for paleoceanographic investigations.
Measurements of radiocarbon (14C) activity in coral skeletons are a powerful tool both for
obtaining coral ages and growth rates, and for reconstructing past oceanographic variability
(Druffel, 1997; Adkins et al., 1998; Frank et al., 2004; Robinson et al., 2005; Sherwood et al.,
2008; Sherwood and Edinger, 2009; Thresher, 2009; Burke and Robinson, 2012). Radiocarbon
measurements have been routinely used for growth rate estimations of cold-water calcitic
corals, particularly bamboo corals (subclass Octocorallia, family Isididae) (Roark et al.,
2005; Noé et al., 2008; Sherwood and Edinger, 2009; Thresher, 2009; Hill et al., 2011; Sinclair
et al., 2011; Thresher et al., 2011). However, published radial growth rates for bamboo corals
obtained by radiocarbon and other techniques vary by nearly an order of magnitude, with the
ecological and environmental implications of this variability poorly understood (Thresher,
2009).
Bamboo corals are gorgonian deep-sea octocorals possessing a two-component skeleton
of high-magnesium calcite internodes separated by organic nodes composed primarily of gor-
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gonin, a proteinaceous material (Fig. 3.1; Roark et al., 2005; Noé and Dullo, 2006). Previous
studies demonstrate distinct surface-ocean and ambient (intermediate-depth) carbon sources
for the organic nodes and calcitic internodes, respectively, in gorgonian corals (Griffin and
Druffel, 1989; Roark et al., 2005; Sherwood et al., 2006, 2008; Sherwood and Edinger, 2009).
Radiocarbon measurements in the organic and calcitic skeletons of bamboo corals are thus
considered to simultaneously record surface and subsurface water radiocarbon histories, re-
spectively (Roark et al., 2005; Sherwood et al., 2008; Sherwood and Edinger, 2009).
The use of radiocarbon for growth rate estimation in bamboo corals is particularly impor-
tant because of limitations associated with other possible dating techniques. In scleractinian
corals, independent age estimates from U/Th dating (Adkins et al., 1998; Goldstein et al.,
2001; Frank et al., 2004, 2005; Robinson et al., 2005; Eltgroth et al., 2006; Burke and Robin-
son, 2012) or annual growth banding (Druffel, 1989, 1997) constrain calendar age and allow
coral 14C to be used to record oceanographic changes. For bamboo corals, however, U/Th
dating is limited by low uranium concentrations in bamboo coral calcite (∼0.03 ppm, Sin-
clair et al., 2011) and evidence for diagenetic alteration from open system U behavior in
calcitic deep-sea corals (Robinson et al., 2007; Sinclair et al., 2011; Gutjahr et al., 2013;
Robinson et al., 2014). Moreover, counting techniques of visual and/or geochemical banding
in bamboo corals (Roark et al., 2005; Noé and Dullo, 2006; Hill et al., 2011) are hampered
by ambiguity in the presence, periodicity and reproducibility of banding features within and
among specimens (Fig. 3.1; Thresher et al., 2007, 2009; Tracey et al., 2007; Sherwood and
Edinger, 2009; Thresher, 2009; Sinclair et al., 2011.
Despite routine use of 14C for growth rate determination in bamboo corals, the potential
complexities of this application have not yet been investigated systematically. This study
tests and extends the application of 14C for growth rate reconstructions in bamboo corals,
and investigates factors that may bias 14C-derived growth rates. Using 55 14C dates obtained
in six specimens of Keratoisis sp. from the western North Atlantic Ocean, we investigate
growth rate determinations using (1) classic age-depth regressions from both internodal and
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Figure 3.1: Bamboo coral skeletal morphology and radiocarbon sampling strategy. (a) Alter-
nating calcitic internodes (white) and organic nodes (black) in a Keratoisis sp. axial skeleton.
(b) Radial subsampling of a Keratoisis sp. internode for calcite 14C dates (SS 320m). The
small hole above sample c0 is the central axis. (c) Radial growth zones of a decalcified
bamboo coral node (g0-g16) subsampled for gorgonin 14C dates (BS 963m). SS is Scotian
Slope, BS is Bear Seamount.
nodal 14C dates, (2) wiggle matching of nodal 14C dates to 14C calibration plateaus, and
(3) temporal constraints from bomb-spike 14C incorporation. We also assess the ability of
bamboo coral 14C to serve as a proxy for 14C activity in seawater dissolved inorganic carbon
(DI14C), evaluate the robustness of our derived growth rates considering potential biases to
14C, and explore the relationship between Keratoisis sp. radial growth rates and ambient
temperature.
3.2 Materials and Methods
3.2.1 Specimen description and sample locations
Six bamboo coral specimens from the western North Atlantic were obtained from the Yale
Peabody Museum of Natural History, Division of Invertebrate Zoology and the Smithsonian
National Museum of Natural History, Department of Invertebrate Zoology (Table 3.1 and
Fig. 3.2). Farmer et al. (2015) previously analyzed the stable boron, carbon, and oxy-
gen isotopic composition of these specimens to investigate biomineralization processes. All
specimens were identified as genus Keratoisis by museum curators using the classification
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scheme of Bayer and Stefani (1987). Although more recent phylogenetic analyses suggest
that Keratoisis specimens fall within multiple clades (France, 2007), in the absence of a
revised taxonomy (Watling et al., 2011) we refer to all specimens as Keratoisis sp.
Figure 3.2: (a) Map of coral collection locations and proximal hydrographic data in the
western North Atlantic Ocean. White filled circles indicate modern specimens (collected
between 2000 and 2004), red filled circles indicate 19th century specimens (collected between
1879 and 1886), squares indicate 14C hydrographic casts from WOCE (collected in 1997;
orange, http://www.nodc.noaa.gov/woce) and TTO (collected in 1981; blue, Östlund and
Rooth, 1990); green triangles indicate gridded 14C data from GLODAP (Key et al., 2004).
Schematic position of the Deep Western Boundary Current (DWBC) is indicated by blue
path. (b) Modern coral collection depths (white circles) shown with ∆14Csw (h, colored) and
CFC-11 (pmol/kg, contoured) data from the western North Atlantic (20° to 45°N, 55° to 80°W
in GLODAP). See text for references to original datasets. Black dots are individual ∆14Csw
and CFC-11 bottle data. The broad area of ≥0h ∆14Csw results from invasion of bomb-
produced radiocarbon in well-mixed North Atlantic Central Water (NACW). Other water
masses indicated: transformed Antarctic Intermediate Water (trAAIW); upper Labrador
Sea Water (uLSW), and classical Labrador Sea Water (cLSW). Figure prepared in Ocean
Data View with Data-Interpolating Variational Analysis (DIVA) gridding.
Three specimens were collected by trawl operations off Georges Bank near Bear Seamount
in 2000, 2002 and 2004 CE (Common Era) between ∼800 and 2000 m water depth during
R/V Delaware II cruises DE00-11, DE02-06, and DE04-08 (Moore et al., 2003). Three
additional specimens were collected at shallower depths from trawl operations on the Scotian
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Slope (320 and 503 m) and East Florida Lithotherms (805 m) by the United States Fish
Commission between 1879 and 1886 CE (Verrill, 1885), and predate industrial and nuclear
14C perturbations (Fig. 3.2a). All specimens possessed intact polyp material at collection
and thus are assumed to have been alive at the time of collection. Since trawling deployments
are typically performed across a ∼100-200 m depth range, the exact coral growth depth is
unknown, but is assumed to be the mean depth of the trawl deployment. For the remainder
of the text, individual coral specimens will be referred to by their collection region and mean
collection depth, where BS stands for Bear Seamount, SS for Scotian Slope and EF for East
Florida, and the associated depth in meters is the respective collection depth (Table 3.1 and
Fig. 3.2).
Sections of two to four mm thickness were cut from the basal calcitic internode of each
specimen with an Isomet™ low-speed saw. Calcitic sections were polished with 2-mm alu-
minum oxide paper and photographed under reflected light microscopy. In radial cross-
section, internode banding is generally poorly developed in our specimens (e.g., Fig. 3.1b),
as has previously been observed in a North Atlantic Keratoisis sp. specimen (Sinclair et al.,
2011). Proximal node sections were cut from specimens BS 963m and BS 1299m, and appear
to consist primarily of 0.2-0.5 mm thick growth zones (Fig. 3.1c), which also have previously
been observed in Isidid coral nodes (Sherwood et al., 2009). Within these zones, thinner
individual layers (∼0.1 mm thickness) are occasionally observed, but appear indistinct un-
der reflected light microscopy. These layers are discontinuous, are not easily separated with
tweezers and scalpel, and may reflect post-collection desiccation cracking instead of primary
growth banding.
3.2.2 Oceanographic setting
Ocean circulation in the Northwest Atlantic below the thermocline is dominated by the
southward flow of North Atlantic Deep Water, which is focused in the deep western boundary
current along the continental margin of North America (Fig. 3.2). Measurements of transient
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anthropogenic tracers show a plume of 14C and chloroflurocarbon (CFC)-enriched water from
approximately 1000 to 2000 m water depth bathing the collection locations of our three
modern Bear Seamount corals (Fig. 3.2b; Östlund and Rooth, 1990; Smethie et al., 2000;
LeBel et al., 2008. This water, sourced from seasonal convection in the Labrador Sea, is
termed upper Labrador Sea Water (uLSW) between ∼700 and 1300 m depth in this region,
and classical Labrador Sea Water (cLSW) below 1300 m depth (Fig. 3.2b; Smethie et al.,
2000; LeBel et al., 2008; Toole et al., 2011; Jenkins et al., 2015. Based on CFC concentrations,
modern uLSW is dated at ∼20 years old (Smethie et al., 2000). One consequence of this
rapid ventilation is that, prior to anthropogenic radiocarbon perturbations, radiocarbon ages
within the core of uLSW and cLSW are within error of surface ocean radiocarbon ages, such
that the water column 14C gradient is effectively zero (Sherwood et al., 2008).
The oceanographic setting of corals living above 1000 m water depth on Bear Seamount
and the Scotian Slope is complicated by the presence of shelf and slope water masses in the
Slope Sea (Csanady and Hamilton, 1988). In the context of radiocarbon, newly formed slope
and shelf waters will, like uLSW, possess near-zero radiocarbon age offsets with respect to the
surface ocean. However, a region of lesser 14C and CFC concentrations at ∼1000 m indicates
the presence of an older water mass (see the northward displacement of CFC isopleths in
Fig. 3.2b). Csanady and Hamilton (1988) attribute this anthropogenic tracer-deficient water
mass to mixing with older Antarctic Intermediate Water (AAIW). A recent multiparameter
water mass analysis attributes the older apparent age of this water mass to a mixture of
poorly ventilated AAIW, Upper Circumpolar Deep Water, and Mediterranean Overflow
Water (Jenkins et al., 2015). For simplicity, we refer to this water mass as transformed
Antarctic Intermediate Water (trAAIW). Approaching the continental slope around 40°N,
trAAIW shoals from ∼1000 m to ∼500 m, due to interaction with the Gulf Stream and
entrainment in slope waters (Csanady and Hamilton, 1988; see also Sherwood et al., 2008).
Although hydrographic data proximal to EF 805m are limited, hydrographic sections
north and south of this location show CFC-11 concentration minima from ∼600 to 1000 m
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depth along the continental slope (Plate 2 in Smethie et al., 2000). These data suggest that
EF 805m is predominantly bathed in trAAIW.
In summary, corals among BS 1299m, BS 1917m, and EF 805m inhabit relatively straight-
forward environments characterized by single dominant water mass: young, well-ventilated
Labrador Sea Water for BS 1299m and BS 1917m, and older trAAIW for EF 805m. For
corals living shallower than 1000m along Bear Seamount and the Scotian Slope (BS 963m,
SS 503m and SS 320m) the water mass environment becomes more complex, potentially
fluctuating among young, well-ventilated waters of LSW or shelf origin and older waters
related to trAAIW, depending on the specific coral collection location.
3.2.3 Radiocarbon methodology
Transects of calcite subsamples were obtained from the central axis to the distal surface of
the basal calcitic internode of each specimen using a Sears variable-speed rotary tool with a
1.0 mm diamond drill bit (Fig. 3.1b). For specimens BS 963m and BS 1299m, radiocarbon
subsamples were also obtained from organic gorgonin node growth zones (Fig. 3.1c), which
were first decalcified in 5% HCl for 48 h following Sherwood et al. (2008).
All radiocarbon dates were obtained at the National Ocean Sciences Accelerator Mass
Spectrometry facility (NOSAMS). Because of the distinct carbon sources for the nodes and
internodes of bamboo coral skeletons (Roark et al., 2005; Sherwood et al., 2008; Sherwood
and Edinger, 2009), it is important that the calcitic and organic phases be isolated prior to
radiocarbon dating, although the organic fraction of bamboo coral internodes is generally
minor (<1%, Thresher et al., 2011). Prior to sample submission, 3-5 mg of powdered calcite
was cleaned of organic material following the oxidative procedure given in Farmer et al.
(2015). Clean calcite powders were submitted to NOSAMS and leached with 200 µL of
0.1N HCl under sonication immediately prior to hydrolysis to remove any adsorbed modern
CO2 (Adkins et al., 2002; Eltgroth et al., 2006). Approximately 10-20% of the sample mass
was removed by the HCl leach. Gorgonin samples were prepared following Sherwood et al.
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(2008): decalcified nodes were separated with tweezers and a scalpel into individual gorgonin
units, comprising 3 to >10 gorgonin layers where distinguishable. Approximately 2-3 mg
of gorgonin was subsampled from larger units, soaked in 5% HCl for 48 h to remove any
residual carbonate, rinsed in deionized water and dried prior to submission to NOSAMS.
Calcite and gorgonin radiocarbon dates are derived from measured 14C/12C ratios cor-
rected for mass fractionation using online δ13C measurements, and are reported as conven-
tional 14C ages in years BP (years before 1950) (Table 3.2). Distal surface calcite dates are
also expressed as ∆14C (Table 3.1), which gives the relative difference between the absolute
international standard and sample 14C activity, corrected for sample age and δ13C (Stuiver
and Polach, 1977):
∆14C(h) = [Fm · eλ·(1950−Yc) − 1] · 1000 (3.1)
where Yc is the coral collection year (in calendar years), λ is the reciprocal of the true
mean 14C life (8266 years, Godwin, 1962), and Fm is the blank-corrected and δ
13C-normalized
ratio between the measured sample 14C/12C and the 14C/12C of NBS Oxalic Acid I at 1950
CE. ∆14C allows for the direct comparison of radiocarbon concentration in samples of differ-
ing ages by accounting for radiocarbon decay occurring between the time of sample collection
and radiocarbon analysis.
Two datasets of seawater DI14C (expressed as ∆14Csw using Eq. 3.1) were obtained for
comparison to coral surface ∆14C: (1) hydrographic measurements of ∆14Csw from proximal
stations in the Transient Tracers in the Ocean surveys (TTO, collected in 1981 CE, Östlund
and Rooth, 1990) and World Ocean Circulation Experiment (WOCE, collected in 1997 CE,
http://www.nodc.noaa.gov/woce), and (2) gridded, synthetic fields of modern ∆14Csw and
calculated estimates of prebomb (natural) ∆14Csw produced from hydrographic data by the




Age-depth plots of surface-to-center internode 14C dates in the six corals are shown in Fig.
3.3. Calcite radiocarbon dates range from 125 to 900 14C years for the three modern corals
(Fig. 3.3a-c), with the youngest ages (<400 years) near the distal surfaces of corals BS 963m
and BS 1299m (Fig. 3.3a and b), and the oldest age near the central axis of coral BS 1917m
(Fig. 3.3c). 14C dates for the 19th century corals range from 565 to 895 14C years, with
comparable ages for the two Scotian Slope corals SS 320m and SS 503m (565-675 14C years;
Fig. 3.3d and e) and older ages for the East Florida coral EF 805m (820-895 14C years; Fig.
3.3f).
3.3.2 Gorgonin 14C
Gorgonin 14C dates obtained on two modern, live-collected Bear Seamount corals range from
490 to 585 14C years in BS 1299m (Fig. 3.4a), and from 60 to 650 14C years in BS 963m (Fig.
3.4b). Bomb radiocarbon is evident in the distal gorgonin sample (g16) of BS 963m, as the
conventional 14C age of this sample (60 14C years) is substantially younger than the modeled
surface ocean reservoir age (400 14C years, Stuiver and Braziunas, 1993). Bomb radiocarbon
is not observed in BS 1299m; however, unlike other specimens studied herein, this specimen
secreted a thin layer of calcite over the outside of the node and lacks gorgonin material from
the outermost 2-3 mm of radial growth (Table 3.2). In both specimens, gorgonin dates are
variable but give generally equivalent ages to calcite dates at corresponding internode depths
(Fig. 3.4; Table 3.2).
3.3.3 Comparison of ∆14Ccalcite and ∆
14Csw
∆14Ccalcite calculated from
14C measurements on the internode distal surface and the col-















































































































































Figure 3.3: 14C measurements from the calcitic internodes of North Atlantic corals. White
circles indicate modern, and black circles indicate 19th century coral 14C dates. Red shaded
points in (a) and (b) are surface 14C samples overprinted with bomb radiocarbon. Blue
shaded points in (b) and (f) are samples from coral centers exhibiting younger radiocarbon
ages than the surrounding, ontogenetically younger material. Black lines are geometric mean
linear least[-]squares fits for growth[-]rate determination excluding any potential bomb 14C or
infilled data points, with 95% confidence prediction intervals indicated by black dashed lines.
Green lines in (b) and (f) are geometric mean linear least[-]squares fits including potentially
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Figure 3.4: Comparison of calcite (white diamonds) and organic (filled circles) 14C records
in Bear Seamount corals BS 1299m (a) and BS 963m (b). Red shaded symbols denote dates
younger than 400 14C years, indicative of bomb radiocarbon.
3.5. The three modern corals from Bear Seamount give ∆14Ccalcite values of -22 to -82h,
with the most negative value obtained from BS 1917m (Fig. 3.5 and Table 3.1). ∆14Ccalcite
for the two 19th-century corals from the Scotian Slope are -65 and -70h, whereas the East
Florida coral is more depleted (-90h). Modern corals BS 963m and BS 1299m tend to be
more enriched in radiocarbon (more positive ∆14Ccalcite) relative to ∆
14Csw measurements
from WOCE A22 (Fig. 3.5a). Conversely, coral BS 1917m and the 19th century corals
SS 320m, SS 503m and EF 805m tend to be more depleted in radiocarbon (more negative
∆14Ccalcite) relative to proximal WOCE/ TTO hydrographic data (Fig. 3.5). ∆
14Ccalcite of
the 19th century corals is similarly lower than ∆14Csw estimates from the GLODAP grid-
ded dataset (albeit with large uncertainty on the gridded estimates, Fig. 3.5). ∆14Ccalcite
for BS 1917m and the 19th century corals is generally in better agreement with GLODAP
prebomb ∆14Csw (natural ∆
14Csw as estimated by Rubin and Key, 2002), with a maximum
15h offset between ∆14Ccalcite and prebomb ∆14Csw estimates of -78 to -80h (Fig. 3.5;
Table 3.1). In contrast, BS 963m and BS 1299m show significant elevations above prebomb



























































Figure 3.5: North Atlantic Keratoisis surface ∆14Ccalcite (adjusted for collection age) versus
water depth for (a) Bear Seamount (BS), (b) Scotian Slope (SS) and (c) East Florida (EF).
As in Fig. 3.2, black outlined circles indicate modern corals and red filled circles indicate
19th century corals. Shown for comparison are ∆14Csw from proximal WOCE (collected in
1997) and TTO (collected in 1981) casts (black dashes), GLODAP natural (prebomb) ∆14C
(blue lines, Key et al., 2004) and GLODAP gridded ∆14C (green lines, Key et al., 2004)
(locations are in Fig. 3.2). Gray shading indicates uncertainty on GLODAP gridded ∆14C;




3.4.1 Bamboo coral ∆14C as a ∆14Csw proxy
Previous studies compared 14C measurements in bamboo coral calcite to ambient seawater
DI14C for individual specimens. Here we extend this comparison to make a global corre-
lation showing the relationship between ∆14Ccalcite and ambient ∆
14Csw. The internode
distal surface represents the best material for calibrating bamboo coral geochemistry with
hydrographic data because this comprises the most recent calcification and, for live-collected
specimens, reflects collection age (e.g. Roark et al., 2005; Hill et al., 2011; Farmer et al.,
2015). However, comparing coral distal surface ∆14Ccalcite with ∆
14Csw measurements (Fig.
3.5) is challenging because transfer of radiocarbon produced by atmospheric nuclear weapons
testing in the mid-20th century (the bomb spike) to well-ventilated areas of the North At-
lantic Ocean has changed ∆14Csw over time at our coral collection locations (e.g., NydaI and
Gislefoss, 1996). An ideal calibration would compare ∆14Ccalcite data with ambient ∆
14Csw
data from the same time and location as coral collection, which we do not have. Without
such data, a quantitative comparison of ∆14Ccalcite and ∆
14Csw requires choosing the most
applicable measure of ∆14Csw from published datasets considering each coral’s collection age.
For the 19th century corals, TTO and GLODAP gridded ∆14Csw are both more positive
than ∆14Ccalcite (Fig. 3.5b and c). This is expected since 20th century bomb radiocarbon
influenced the hydrographic data, but not the 19th century corals. Therefore, GLODAP
prebomb ∆14Csw provides the best available estimate of ambient ∆
14Csw at the time of
collection for SS 320m, SS 503m and EF 805m. For the Bear Seamount corals (Fig. 3.5a)
that were collected between the years 2000 and 2004 (Table 3.1), WOCE ∆14Csw data
collected in 1997 should provide a better estimate of ∆14Csw at the time of coral collection
(and hence the age of the outer surface ∆14Ccalcite measurement). However, WOCE Line A22
∆14Csw data between 1750 and 2000 m are significantly more positive than both GLODAP
gridded and prebomb ∆14Csw, potentially because the transient bomb peak had already
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dissipated from this location prior to coral collection. ∆14Ccalcite for BS 1917m is significantly
lower than WOCE ∆14Csw data, but agrees with GLODAP gridded and prebomb ∆
14Csw
within error (Fig. 3.5a). Here we use the GLODAP prebomb ∆14Csw as an estimate for
ambient ∆14Csw for BS 1917m rather than the WOCE data, although we acknowledge that
neither estimate is likely perfect.






















Figure 3.6: Keratoisis spp. surface calcite ∆14C versus best estimate for ambient seawater
∆14C. Circles are specimens from this study; triangles are literature specimens (Roark et al.,
2005; Thresher et al., 2007; Sherwood et al., 2008; Hill et al., 2011). Black line is best-fit
line from least-squares linear regression, which is indistinguishable from a 1:1 line.
Using the above ∆14Csw data for comparison, a strong one-to-one relationship is observed
between Keratoisis sp. ∆14Ccalcite and ∆
14Csw (Fig. 3.6, r
2=0.98, RMSE=12.3h) for our
corals and five previously published distal surface ∆14Ccalcite from Keratoisis specimens with
proximal ∆14Csw data (Specimen ALV-3808#3, Roark et al., 2005; specimen #1343, Sher-
wood et al., 2008; specimen K2, Thresher et al., 2007; specimens T668-A13 and T669-A1,
Hill et al., 2011). Although we attempt to minimize the discrepancy between ∆14Csw data
and coral collection ages (Section 3.3.1), the ∆14Csw data used are still not a perfect spatial
or temporal match for many of our corals (Table 3.1). Therefore, the root mean square
error of 12.3h for the ∆14Ccalcite:∆14Csw relationship (Fig. 3.6) likely overestimates the true
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uncertainty of ∆14Csw reconstructions from bamboo coral calcite. Nevertheless, these results
support the use of 14C measurements in Keratoisis sp. calcite as a proxy of ambient sea-
water DI14C, as has previously been demonstrated for scleractinian deep-sea corals (Adkins
et al., 2002) and suggested for bamboo corals specifically (Thresher et al., 2004; Roark et al.,
2005; Noé et al., 2008; Sherwood et al., 2008; Sherwood and Edinger, 2009; Hill et al., 2011;
Sinclair et al., 2011), and cold-water calcitic corals more broadly (e.g., Gutjahr et al., 2013).
A similar comparison of gorgonin ∆14C with surface ocean ∆14C is not shown because
the larger magnitude and temporal evolution of the bomb spike 14C transient in the surface
ocean (Druffel, 1989; Weidman and Jones, 1993; Sherwood et al., 2008) make a quantitative
comparison with the current dataset difficult. Evidence for gorgonin composition reflecting a
surface ocean source is discussed in detail elsewhere (Roark et al., 2005; Sherwood et al., 2008,
2009), though we note two features of the gorgonin 14C ages that support a surface ocean
source. First, the lack of an offset between prebomb 14C ages in gorgonin and calcite fractions
from overlapping regions within BS 963m and BS 1299m (Fig. 3.4) is consistent with the
expectation of a well-ventilated ambient water mass without a vertical 14C gradient for these
two specimens (Section 3.2.2). Second, the younger age for the distal surface gorgonin sample
(60 14C years) relative to the calcite sample (345 14C years) in BS 963m (Fig. 3.4b) requires
that the 14C signature of gorgonin carbon originated from a water depth with more positive
∆14Csw (e.g., a larger bomb radiocarbon inventory) than the ambient seawater source for the
calcite carbon. GLODAP data show maximum ∆14Csw values between 0 and 250 m water
depth at 40°N in the western North Atlantic (Fig. 3.2b; Key et al., 2004) that coincide with
maximum water column CFC-11 concentrations (Fig. 3.2b). Therefore, the anomalously
young gorgonin 14C age signature for BS 963m is most likely sourced from carbon produced
in the CFC-11 and 14C-enriched surface-ocean mixed layer.
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3.4.2 Growth rate determinations
Calcite 14C dates
Three general patterns are observed in the internode radiocarbon transects in both modern
and 19th century corals (Fig. 3.3). Two specimens exhibited increasing radiocarbon ages
with increasing depth from the internode surface (Fig. 3.3c and d). Two specimens also
showed increases in surface-to-center 14C ages but with an apparent reversal toward younger
ages in the centremost samples adjacent to the central axis (Fig. 3.3b and f; see Fig. 3.1b for
an image of the central axis). Finally, two specimens showed no general pattern in surface-
to-center ages, which precludes identification of radial growth rates using calcite 14C dates
(Fig. 3.3a and e).
Radial growth rates based on calcite 14C ages are calculated from geometric mean least-
squares linear regression, assuming constant 14C reservoir ages, and range from 12 to 78 µm
per 14C year for the specimens in Fig. 3.3b-d and f (Table 3.3). Notably, 14C dates from
specimen BS 1917m imply a significant growth rate change during the coral’s lifetime, with
growth rates decreasing by a factor of three between 6 and 2.5 mm depth (41±3 µm y−1, 1
standard error) and 2 to 0 mm depth (12±2 µm y−1) (Fig. 3.3c and Table 3.3). Based on
the coral collection year and growth rate uncertainty, this corresponds to a change in growth
rate for BS 1917m between 1790 and 1840 CE.
Gorgonin 14C dates
Although variable calcite 14C dates prevented growth rate identification in two specimens, we
obtained gorgonin 14C dates for one of these specimens—BS 963m (Fig. 3.3a)—and explore
using the gorgonin dates for growth rate determination in Fig. 3.7. The simplest approach
is a least-squares regression to gorgonin 14C ages versus sample nodal depth (Fig. 3.7a),
analogous to the approach applied to calcite dates in Fig. 3.3. Excluding the bomb 14C-
influenced surface sample g16 (Section 3.3.2) and the anomalously young innermost sample
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g0 (Table 3.2, discussed below in Section 3.4.3), least-squares regression to the remaining
14C dates returns a radial growth rate of 22±11 µm y−1 (black line, Fig. 3.7a). The large
uncertainty on this estimate (50% at 1 standard error) is due to 14C age variability of ∼100
years between closely spaced gorgonin samples (Fig. 3.7a).
A second potential method of estimating growth rate comes from comparing the pre-bomb
gorgonin 14C dates in BS 963m with the Marine13 modeled global mixed layer ocean 14C
age-calendar age calibration (Fig. 3.7b) (Stuiver and Braziunas, 1993; Reimer et al., 2013).
First, we applied a local 14C reservoir age correction (∆R) of 50 years to the gorgonin dates.
This ∆R value is consistent with a mixture of young, well-ventilated Gulf Stream/ North
Atlantic water (∆R <0 to 50 years e.g., Druffel, 1997) and older shelf water (∆R=92±43
years for 15 samples from 39° to 42°N, 69° to 72°W in the Marine Reservoir Database,
http://calib.quc.ac.uk/marine/; McNeely et al., 2006) in the surface ocean over the collection
location for BS 963m (Fig. 3.2) (see also Butzin et al., 2005). The resulting age-depth profile
of gorgonin 14C dates resembles the structure of the Marine13 curve between 625 and 500
14C yr BP (Fig. 3.7b). This interval is characterized by a radiocarbon plateau in the
Marine13 calibration from 220 to 120 cal BP (1730-1830 CE), resulting from the prominent
14C reversal in the atmospheric IntCal13 calibration curve attributed to a decrease in 14C
production rate following the Maunder Minimum (e.g., Bard et al., 2000). The Marine13
14C plateau is damped and lagged compared to the same reversal in IntCal13 due to dilution
of the atmospheric signal with the larger oceanic mixed layer 14C reservoir (e.g. Stuiver and
Braziunas, 1993).
We applied a variation of the Sejrup et al. (2010) wiggle-match method to explore the
potential match of the gorgonin 14C record with the Marine13 curve. We assumed a constant
coral growth rate and local ∆R across the wiggle-matched interval, which was set as the
nine pre-bomb 14C dates between 3.9 and 0.55 mm depth encompassing the radiocarbon
plateau (Fig. 3.7b). Within this interval, one date (g14 at 0.75 mm depth) falls outside
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Figure 3.7: Growth rate determinations from gorgonin 14C dates in Bear Seamount coral
BS 963m. (a) Age-depth linear regression to pre-bomb gorgonin dates (open circles) exclud-
ing potential infilled sample (gray filled circle). (b) Comparison of gorgonin 14C data (circles)
with Intcal13 14C age-calendar age calibration (dashed orange line, adjusted by +400 14C
years), and Marine13 modeled 14C age versus calendar age curve (dark blue line, light blue
shading is ±1σ Reimer et al., 2013) suggests gorgonin 14C dates encompass a radiocarbon
plateau. Filled circles fall outside overlapping uncertainty with Marine13. (c) Calendar
age versus coral depth from wiggle matching gorgonin 14C data to Marine13 14C age. (d)
Comparison of BS 963m gorgonin 14C data (versus depth) with calendar-dated surface ocean
14C records from a Georges Bank mollusk (purple triangles, Weidman and Jones, 1993) and
Grand Banks bamboo coral gorgonin (green circles, Sherwood et al., 2008). Negative 14C
ages reflect higher sample 14C activity than the oxalic acid standard from bomb 14C. (e)
Probability distributions of growth rate reconstruction techniques from (a), (b+c) and (d)
(see Table 3.4). Black dashed line is normal kernel density estimate from summation of
individual distributions from each growth rate reconstruction technique.
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(Fig. 3.7b). There is no a priori reason to discard this data point other than it lying
outside the envelope of the adjacent samples, but this sample’s age difference could reflect a
transient increase in local reservoir age that violates the assumption of constant ∆R. Wiggle
matching traditionally requires an independent estimate of age, which we do not have for
BS 963m due to ambiguous banding (Fig. 3.1c) and variable calcite 14C dates (Fig. 3.3a).
Instead, we based a tie point on the radiocarbon reversal date at 1.65 mm depth, which
we assume corresponded with the maximum 14C age within the 120-170 cal BP age window
in the Marine13 curve (Fig. 3.7b). The calendar ages of the remaining gorgonin samples
were then assigned by minimizing the root mean square deviation (RMSD) of the measured
gorgonin 14C ages from the modeled Marine13 14C age. The resulting relationship between
coral depth and calendar age shows a tightly constrained radial growth rate of 21±2 µm y−1
(Fig. 3.7c). We also explored choosing different gorgonin 14C dates to tie to the Marine13
14C maximum between 120 and 170 cal BP, but all other options resulted in significantly
larger RMSD between the gorgonin ages and Marine13.
A third growth rate estimate can be obtained by tuning the surface ocean-derived gor-
gonin 14C record (Section 3.4.1) to reference chronologies of surface ocean bomb 14C invasion
(Fig. 3.7d) (Sherwood and Edinger, 2009). The first evidence of bomb 14C in the surface NW
Atlantic Ocean occurred between 1954 and 1959 in a Georges Bank mollusk record (Weidman
and Jones, 1993), and is estimated as 1958±2 based on independently dated primnoid and
bamboo coral gorgonin 14C records from the Grand Banks (Sherwood et al., 2008; Sherwood
and Edinger, 2009) (Fig. 3.7d). Although the sampling resolution in BS 963m was insuffi-
cient to capture the full bomb spike excursion, the available data can constrain growth rate
from the timing of bomb spike initiation in comparison records (Strzepek et al., 2014). Be-
cause the gorgonin sample at 0.55 mm depth exhibited a prebomb 14C age (>400 14C years),
the latest possible calendar age for this sample depth is 1958, as the invasion of bomb 14C
following 1958 led to 14C ages younger than 400 years (purple and green lines in Fig. 3.7d).
Interpolating between this age-depth point and the coral collection year at the distal surface
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(0 mm depth) returns a growth rate of 12±3 µm y−1 for BS 963m (blue dashed line, Fig.
3.7d), with uncertainty attributed to the ±0.15 mm nodal depth range of the sample at 0.55
mm (Table 3.2).
Despite uncertainty in the factors driving gorgonin 14C varibility in general and the
robustness of the wiggle matching technique in particular, the three approaches applied to
BS 963m returned quite similar growth rate estimates, at least within a factor of two (Fig.
3.7, Table 3.3). Wiggle matching and age-depth correlation to the prebomb gorgonin samples
gave indistinguishable growth rates (21±2 µm y−1 for wiggle matching, Fig. 3.7b and c;
22±11 µm y−1 from age-depth correlation, Fig. 3.7a). The bomb spike tuning approach
returned a lower growth rate (12±3 µm y−1, Fig. 3.7d) that is still within uncertainty of
the age-depth correlation estimate (Fig. 3.7a). A probabilistic assessment of growth rate for
BS 963m based on the mean and standard error of each growth rate determination is shown
in Fig. 3.7e. The normal kernel density estimate derived from summation of individual
growth rate probability distributions suggests a most likely growth rate of between 8 and 25
µm y−1. The two-peaked shape of the normal kernel density estimate, with maxima at 12
and 21 µm y−1, results from the significant difference between wiggle matching (Fig. 3.7b
and c) and bomb spike tuning growth rates (Fig. 3.7d). Based on growth rates and the
coral collection year, this may reflect a real decrease in BS 963m’s growth rate around 1950
CE. The apparent time of this growth rate change is later than the change in growth rate
deduced from BS 1917m, although the timing in both cases is pinned by a single inflection
point (Figs. 3.3c and 3.7d).
3.4.3 Complications to 14C-derived growth rates
Our data indicated four scenarios where complications with 14C data interpretation could
lead to erroneous growth rate determinations, or prevent such determinations entirely (illus-
trated schematically in Fig. 3.8). These potential biases are discussed in detail below, and
should be considered when devising subsampling strategies for 14C growth rate determina-
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tions in bamboo corals.
Changing seawater ∆14C: watermass variability and bomb 14C
Since Keratoisis sp. specimens tend to inhabit hard substrates in dynamic oceanographic
regimes along the continental margin (e.g., Edinger et al., 2011), changes in ambient ∆14Csw
can bias or obscure growth rate estimates from calcite 14C dates (Fig. Fig. 3.8a; Thresher
et al., 2004; Thresher, 2009). Below, we assess whether this is the case for each specimen in
the context of the regional oceanography presented in Section 3.2.2.
Scotian Slope. SS 503m exhibited a ∼100 year increase in 14C ages from the ontoge-
netically oldest calcite near the central axis to the youngest calcite on the distal surface
(Fig. 3.3e), the exact opposite of the expected pattern if coral 14C recorded age information.
SS 503m was collected on the Scotian Slope at a depth sensitive to the balance of young,
14C-enriched Labrador Subarctic Slope Water (LSSW) and older trAAIW (Csanady and
Hamilton, 1988; Sherwood et al., 2008, see also Fig. 3.2b). Modal shifts between LSSW and
trAAIW along the Scotian Slope are linked to the North Atlantic Oscillation (NAO), with
positive NAO associated with greater NACW influence (Pershing et al., 2001; Greene and
Pershing, 2003; Sherwood et al., 2008). The radiocarbon reversal pattern in SS 503m (Fig.
3.3e) may therefore represent greater encroachment of radiocarbon-depleted trAAIW along
the Scotian Slope during the 19th century, possibly associated with general positive modes
of the NAO over this interval (e.g., Jones et al., 1997). However, quantifying these changes
requires independent measures of water mass variability and/or coral age.
Although the oceanographic dynamics affecting SS 503m might be expected to also in-
fluence SS 320m, this coral presented a straightforward growth pattern with a tightly con-
strained growth rate of 59±10 µm y−1 (Fig. 3.3d). Any water mass variability would thus
either have to be minor (of the magnitude of the 14C age error), or be unidirectional (e.g.,

























































Figure 3.8: Schematic illustration of potential complications in inferring radial growth rates
from 14C data due to (a) changing seawater DI14C from water mass variability, (b) changing
seawater DI14C from bomb 14C, (c) infilling, and (d) nonlinear growth rates. In each panel,
dashed line represents the hypothetical calculated growth rate from two 14C dates (gray
diamonds), while solid line represents the hypothetical true growth rate(s) given additional
14C dates (gray circles). Dotted lines in (a), (b), and (c) illustrate the influence of water
mass variability, bomb 14C and infilling, respectively, on 14C age-depth relationships.
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consistent with SS 320m’s radiocarbon data. A unidirectional change in water mass would
significantly bias the coral growth rate, with a greater/lesser proportion of young LSSW
over the coral’s lifespan leading to an over/underestimate of true growth rate, respectively.
Although we cannot fully rule out this scenario, we note that the growth rate of SS 320m is
consistent with previously published growth rates of two Keratoisis specimens from the Sco-
tian Slope (53±9 µm y−1 at 713 m depth and 74±6 µm y−1 at 601 m depth) (Sherwood and
Edinger, 2009). These two growth rates were derived from 210Pb and bomb 14C, respectively,
and thus would not be sensitive to changes in ambient ∆14Csw.
East Florida. EF 805m showed a growth rate of 29±10 µm y−1 when excluding the 14C age
reversal by the central axis, and 51±33 µm y−1 when all radiocarbon data are included (Fig.
3.3f). The older 14C ages of this coral relative to the coeval Scotian Slope corals is consistent
with a greater presence of trAAIW at this location and depth (Section 3.2.2). That the 14C
ages were largely within age-depth order may suggest that the ambient water mass was stable
over the growth interval of this coral. As for SS 320m, we cannot rule out a unidirectional
change in the bathing water mass. However, the growth rates for EF 805m overlap with
210Pb- and 14C-derived growth rates (50±35 µm y−1 and 33±10 µm y−1, respectively) of a
shallower East Florida Keratoisis sp. (549 m depth; Sinclair et al., 2011).
Bear Seamount. BS 963m, BS 1299m and BS 1917m illustrate the full spectrum of po-
tential complications with growth rate determinations using 14C in bamboo corals (Fig.
3.3a-c; Fig. 3.8). First, the anomalously young ages <400 years at the outer surface of
BS 963m and BS 1299m indicated the presence of bomb radiocarbon (Fig. 3.3a and b). The
young ages of bomb-influenced 14C dates would lead to an overestimation of growth rate if
not recognized and discarded (Fig. 3.8b). Fortunately, bomb 14C is only a chronological
issue for modern specimens from well-ventilated areas of the ocean interior (such as the
Northwest Atlantic), and is relatively easy to diagnose from 14C ages <400 years (Stuiver
and Braziunas, 1993). Additionally, bomb 14C provides a useful transient signal for growth
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rate determination, particularly in gorgonin since the surface ocean bomb spike history is
well constrained in the Northwest Atlantic (Fig. 3.7d; Sherwood and Edinger, 2009).
BS 1299m and BS 1917m showed generally well-behaved 14C age-depth relationships con-
straining growth rates (Fig. 3.3b and c). Considering the oceanographic setting, there is
little reason to suspect potential biases from incursions of older water masses, as trAAIW is
not sufficiently dense to reach these depths. However, BS 1299m does exhibit some variabil-
ity in 14C dates with depth that translates to higher uncertainty on the calculated growth
rates (Fig. 3.3b). Without water mass changes, changing production of newly ventilated
water by convection in the Labrador Sea could potentially cause ∆14Csw variability in the
LSW surrounding these corals. Mooring observations show that variations in LSW trans-
port do occur on subseasonal to multiyear timescales (Pena-Molino et al., 2011; Toole et al.,
2011). However, there are not sufficient data to assess whether such variations result in
∆14Csw anomalies large enough to account for the observed
14C variability in BS 1299m, or
if such variations also occur on longer, multidecadal timescales that would be relevant to the
sampling resolution of this coral.
The scattered 14C ages versus coral depth in the calcite fraction of BS 963m hampered
growth rate determination (Fig. 3.3a). Since we were able to define growth rates for BS 963m
using gorgonin 14C (Fig. 3.7), we investigated local ∆14Csw variability for BS 963m by using
the gorgonin growth rate to independently constrain ages of the calcite 14C samples. An
important assumption in this approach is that the calcite (internode) and gorgonin (node)
radial growth rates are equivalent. Conflicting evidence for this assumption comes from a
study by Strzepek et al. (2014), who present radiocarbon data suggesting that internode
radial growth rates are systematically—although not significantly—lower than node radial
growth rates in a single Lepidisis bamboo coral specimen. However, no such observation has
been made for Keratoisis sp. to date. As we cannot directly calculate a growth rate from
the calcite 14C data in BS 963m, we adopt this simple assumption that the node growth rate
is applicable to the internode.
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The local prebomb ∆14Csw reconstruction from BS 963m is shown in Fig. 3.9. ∆
14Csw
at 963 m on Bear Seamount alternated between -45 and -67h, with the lowest value in
the mid-1800s. Although the ∆14Csw amplitude is larger, these values are generally similar
to a record from a Keratoisis sp. specimen at 713 m depth on the Grand Banks, which
shows ∆14Csw varying between -57 to -67h from 1880 to 1950 (Sherwood et al., 2008). The
lowest subsurface ∆14Csw values in both bamboo coral records agree with prebomb surface
ocean ∆14Csw values from Georges Bank (-60 to -70h, Weidman and Jones, 1993), while
the highest subsurface ∆14Csw values fall within prebomb surface ocean ∆
14Csw values from
Florida (-35 to -55h, Druffel, 1997). The highest subsurface ∆14Csw values from BS 963m
are also consistent with Northwest Atlantic GEOSECS and TTO ∆14Csw measurements
within upper Labrador Sea Water (-43.5±10.5h, Östlund and Rooth, 1990), and a prebomb
∆14Csw measurement at 730 m water depth south of Grand Banks of -39±13h (Broecker
et al., 1960). Taken together, the ∆14Csw record from BS 963m is coherent with available
prebomb hydrographic ∆14Csw measurements, a proximal subsurface ∆
14Csw reconstruction,
and surface ocean ∆14Csw records (for which correspondence is expected considering the
minimal vertical ∆14Csw gradient in this region; see Fig. 3.5 and Sherwood et al., 2008). The
most likely cause for the ∼20h variability in ∆14Csw at BS 963m is varying inflow of older,
lower ∆14C trAAIW and younger, less negative ∆14C uLSW. The same argument has been
put forward to account for the 10h ∆14Csw variations on the Grand Banks (Sherwood et al.,
2008). The BS 963m ∆14Csw record is particularly telling for growth rate reconstructions, as
relatively minor changes in ambient ∆14Csw (on the order of 10-20h) are sufficiently large
to completely obscure radial growth rates derived from 14C. This highlights the importance
of relative water mass ventilation stability for accurate 14C growth rate reconstructions, and
the importance of other techniques for growth rate determination (gorgonin 14C, 210Pb) when
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Figure 3.9: Intermediate ocean ∆14Csw reconstructions from 1740 to 1950 in BS 963m (red
squares) and a Grand Banks Keratoisis sp. specimen (green squares, Sherwood et al., 2008).
Shown for comparison are surface ocean ∆14Csw reconstructions from Florida banded corals
(gray outlined circles, Druffel, 1997) and a Georges Bank mollusk (purple triangles, Weidman
and Jones, 1993).
Ontogeny
The apparent calcite 14C age reversals observed in proximity to the central axis of corals
BS 1299m and EF 805m (Fig. 3.3b and f), and the apparent gorgonin 14C age reversal in
BS 963m (Fig. 3.7a) may reflect an ontogenetic feature in some Keratoisis corals. Previ-
ous studies documented increased 210Pb activity near the central axis of two Pacific Ocean
Keratoisis specimens, and attributed this finding to infilling of the central axis during later
stages of coral growth (Tracey et al., 2007; Andrews et al., 2009). Our observed 14C reversals
may reflect a similar infilling feature.
Two important uncertainties of infilling are its length scale and its presence/absence in
different bamboo coral specimens. Based on empirical observations of distinct microstruc-
tures (Noé and Dullo, 2006) and trace element and isotopic signatures of calcite by the central
axis (Thresher et al., 2010; Hill et al., 2011; Sinclair et al., 2011; see discussion in Farmer
et al., 2015), infilling appears limited to approximately the innermost 1 mm surrounding the
central axis. Also, evidence for infilling is only observed in some bamboo coral specimens.
For instance, 14C dates within 1 mm of the central axis for EF 805m appeared to show an
age reversal consistent with infilling (Fig. 3.3f), while 14C dates within 1 mm of the central
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axis of BS 1917m and SS 320m showed no evidence for age reversals (Fig. 3.3c and d).
Moreover, BS 1299m showed apparent age reversals over a broader length scale, extending
to 3 mm outward from the central axis (Fig. 3.3b). Carbon and oxygen isotope data from
these specimens do not suggest infilling is present (Farmer et al., 2015), however, it is also
not clear why infilled material possesses unique microstructural and geochemical signatures
in the first place (Farmer et al., 2015). Given these uncertainties, we calculated and reported
growth rates from BS 1299m and EF 805m both using all available 14C data, and excluding
14C age reversals by the central axis (Fig. 3.3b and f, Table 3.3). Growth rates using all
available 14C data are systematically higher than, although within overlapping uncertainty
of, rates excluding age reversals for BS 1299m (78±24 µm y−1 versus 50±18 µm y−1) and
EF 805m (51±33 µm y−1 versus 29±10 µm y−1) (Fig. 3.3 and Table 3.3).
Infilled areas should be avoided for chronological interpretations, as anomalously young
dates from these areas would also lead to overestimations of radial growth rates (Fig. 3.8c).
We recommend that 14C dates should be avoided from the innermost 1 mm of calcite sur-
rounding the central axis to avoid the possibility of infilling. Further studies investigating
whether (and why) infilling carries unique isotopic and elemental signatures, and what causes
some bamboo corals (but not others) to infill their central axis, would be especially useful
for elucidating the potential of infilling as a chronological issue.
Nonlinearity
Thus far in this study and in prior studies, radial growth rates generally have been assumed to
be constant over the lifespans of bamboo corals, in part because sample size requirements for,
and imprecision in, radiometric dating techniques lead to uncertainties that can mask growth
rate nonlinearity (e.g. Thresher, 2009; Sinclair et al., 2011). However, we observe evidence
for significant ontogenetic changes in growth rate in two specimens in this study (Figs. 3.3c
and 3.7), suggesting that radial growth rate changes during the lifetimes of bamboo corals
may be detectable using 14C, and may not be unusual. Accordingly, absolute chronologies of
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bamboo coral skeletons based upon interpolations between limited chronological data points
should be considered with caution, as they could under- or overestimate radial growth rates
(Fig. 3.8d). Ideally, radial chronology for bamboo coral skeletons should be constrained by
dense subsampling (e.g. taken every 1-2 mm) from the distal surface to the central axis.
3.4.4 Effect of temperature on radial growth rates
Radial growth rates for corals in this study ranged from 12 to 78 µm y−1 (Table 3.3).
These rates overlap with the (albeit large) range of growth rates previously determined
for Keratoisis specimens from intracolony subsampling for 210Pb and 14C, (15-104 µm y−1,
Table 3.4). Broadly comparable growth rates in specimens collected from similar depths
and regions (Section 3.4.3) imply potential environmental control of bamboo coral growth
rates. From a previous literature compilation, Thresher (2009) observed a significant growth
rate-temperature correlation between 2 and 5℃, with maximum growth rates plateauing
above 5℃. However, only three bamboo coral specimens—all Lepsidisis—were available from
temperatures above 5℃ to constrain the warm temperature endmember of this relationship,
and only one of these specimens possessed a radiometric chronology (Fig. 3.10).
As two of our Keratoisis sp. were from temperatures >5℃, we present an update of the
Thresher (2009) temperature-growth rate comparison in Fig. 3.10, using the radial growth
rates of five bamboo corals obtained in this study and seven corals from recent publications
(from Hill et al., 2011; Sinclair et al., 2011; Strzepek et al., 2014) in addition to the 23
specimens originally compiled by Thresher (2009). To minimize other potential sources of
variability, we use only radiometrically-derived growth rates, hence avoiding subjectivity
in the number or periodicity of visual banding features (e.g. Tracey et al., 2007; Thresher
et al., 2009). We also segregate growth rates for the genus Keratoisis from other bamboo
coral genera (Isidella, Lepidisis, and unidentified Isidid genera, Table 3.4 and Fig. 3.10)
to control for potential ontogenetic variability, although we note that it is unclear to what

































Figure 3.10: Radial growth rates of bamboo corals versus collection temperature. Black
circles are Keratoisis spp.; blue triangles are other Isidid corals (Table 3.4). Open symbols
indicate specimens included in Thresher (2009) compilation (Thresher09); filled symbols indi-
cate new published growth rates not included in Thresher (2009) (this study; Hill et al., 2011;
Sinclair et al., 2011; Strzepek et al., 2014). Orange curve indicates the logistic temperature-
growth rate relationship proposed by Thresher (2009). Dashed outlined symbols indicate
specimens from Thresher (2009) where growth rates were established without radiometric
tools (210Pb, 14C).
88
Keratoisis corals collected at temperatures 4-5℃ show a departure from the positive
growth rate to temperature relationship observed by Thresher (2009). Instead, the new
Keratoisis spp. growth rates appear to reach a maximum of ∼80-100 µm y−1 around 4-5℃,
but then decrease to ∼30 µm y−1 at higher temperatures between 6 and 14℃ (Fig. 3.10).
SS 320m (7.2℃), EF 805m (10.9℃) and the coral analyzed by Sinclair et al. (2011) (13.7℃)
all showed modest growth rates (32-59 µm y−1) at high ambient temperatures. As discussed
above in Section 3.4.3, these growth rates do not appear biased by changes in ambient
∆14Csw. Supporting this, the coral analyzed by Sinclair et al. (2011) has an independent
210Pb chronology that is not affected by changing ∆14Csw and confirms the low growth rate
in this specimen. One Lepidisis from New Zealand does show a particularly fast growth rate
(180 µm y−1) at 7℃ constrained from 210Pb (Tracey et al., 2007), although the uncertainty
on this estimate is large due in part to large sample size requirements for 210Pb dating.
Both Keratoisis specifically and other Isidid corals show large ranges in growth rates
(15-160 µm y−1) over a modest temperature range (2-5℃). This observation strongly sug-
gests that biological and/or environmental factors other than temperature control bamboo
coral growth rates. We further explored correlations of Keratoisis growth rates to 20 addi-
tional physical, chemical and biological environmental variables previously tested for octo-
coral habitat suitability modeling (Yesson et al., 2012), but found no significant correlations
between growth rates and any of the considered parameters (Appendix B).
A lack of correlation between environmental variables and growth rates can be considered
in terms of several potential confounding factors. First, temporal and spatial mismatches
between environmental data and coral collection locations may be significant, such that
available environmental data do not adequately represent the respective growth conditions
of each coral. The long lifespans and slow growth rates of bamboo corals (1 mm of radial ac-
cretion in 10-100 years) suggest that these corals may respond to longer, or more integrated,
trends in environmental variables that may not be sufficiently classified by the limited length
of instrumental records. For example, modern instrumental temperature data may not ad-
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equately represent temperature conditions for the lifespans of the late 19th century corals
analyzed in this study. Alternatively, the lack of correlation between environmental data
and growth rates may suggest that growth rates vary as a function of other factors (e.g., re-
production and recruitment), which either do not, or only weakly correspond to, underlying
environmental parameters.
Another concern is that a lack of correlation between growth rates and temperatures
could reflect radiometric growth rate errors, both in this study and for previously published
growth rates (Table 3.4), as illustrated in Fig. 3.8. A major challenge with 14C growth rate
determinations is the required assumption of constant (or else well-constrained) reservoir
ages (e.g., ∆14Csw). Even moderate variations in ∆
14Csw will prevent
14C from recording
growth rate faithfully (Fig. 3.9 and Section 3.4.3; see also Thresher et al., 2004). In less
extreme cases, smaller changes in ∆14Csw might still bias
14C-derived growth rates, which
then preclude comparison of growth rates to environmental parameters. Ideally, potential
variability in 14C reservoir ages should be constrained through the oceanographic setting of
coral collection, or through complementary techniques, such as 210Pb dating, growth band
counts (when the banding periodicity is independently constrained), or even paired 14C and
U-Th dating in proximal scleractinian deep-sea corals.
3.5 Conclusions
The radiocarbon content of Keratoisis internodes strongly correlates with ambient ∆14Csw,
confirming that the calcitic skeletons of bamboo corals faithfully record seawater DI14C.
Radial growth rates for five North Atlantic Keratoisis sp. specimens range from 12 to 78
µm y−1, consistent with previously published radiometric growth rates for Keratoisis spp.
(15-104 µm y−1). These growth rates allow us to establish age models for five corals that
provide a chronological framework for future paleoceanographic studies using bamboo corals
from the Northwest Atlantic Ocean.
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Our data illustrate three factors that can potentially confound radial growth rate de-
terminations from 14C: changing ambient seawater DI14C (from bomb 14C incorporation
specifically and water mass variability more generally), infilling, and growth rate nonlin-
earity. These factors should be considered when choosing both specimens and subsampling
strategies for 14C growth rate determinations in bamboo corals. Changing seawater DI14C
may be particularly problematic for growth rate determinations in coral specimens collected
near water mass boundaries and from bomb 14C in well-ventilated water masses, infilling is
most likely within 1 mm of the central axis, and nonlinearity can be diagnosed by dense
subsampling for 14C (one sample per 1-2 mm of radial growth).
Radial growth rates in Keratoisis specimens above 5℃ give significantly lower growth
rates than expected from the temperature-growth rate relationship previously proposed for
bamboo corals (Thresher, 2009), suggesting that other environmental and/or biological fac-
tors likely influence bamboo coral growth rates. While we did not observe significant cor-
relations between bamboo coral growth rates and a suite of environmental factors, this
underscores the need for additional efforts to understand causal mechanisms of growth rate
variability, and the continued importance of radiometric techniques for establishing chronol-
ogy in bamboo coral skeletons in the absence of environmental correlates. Ultimately, un-
derstanding the environmental controls of growth rates requires that both growth rates and
environmental parameter values are well constrained. The results of this study highlight the
importance for continued work on both fronts, while providing a framework for establishing
robust chronologies from radiocarbon measurements in bamboo corals.
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Table 3.2: Keratoisis Radiocarbon dates in this study (BS=Bear Seamount, SS=Scotian
Slope, EF=East Florida)
Coral Sample Type Depth (mm) Depth error Accession # Fm Fm Err 14C Age 14C Age Err δ13C
BS 963m c5 Calcite 0 0.5 OS-106965 0.9582 0.0037 345 30 -0.40
c4 Calcite 1.1 0.5 OS-101846 0.9313 0.0032 570 25 0.72
c3 Calcite 2.5 0.5 OS-101847 0.9135 0.0043 725 40 1.04
c2 Calcite 3.7 0.5 OS-102066 0.9326 0.0020 560 15 1.68
c1 Calcite 6.3 0.5 OS-101848 0.9255 0.0023 620 20 2.00
c0 Calcite 7.6 0.5 OS-102067 0.9294 0.0019 590 15 1.04
g16 Gorgonin 0.2 0.2 OS-110767 0.9928 0.0023 60 20 -17.54
g15 Gorgonin 0.55 0.15 OS-112164 0.9329 0.0022 560 20 -16.72
g14 Gorgonin 0.75 0.05 OS-110441 0.9245 0.0022 630 20 -16.43
g13 Gorgonin 0.975 0.175 OS-112165 0.9319 0.0031 565 25 -16.38
g12 Gorgonin 1.25 0.1 OS-110440 0.9334 0.0029 555 25 -16.15
g10 Gorgonin 1.65 0.1 OS-110439 0.9273 0.0032 605 30 -16.07
g8 Gorgonin 2.2 0.15 OS-110438 0.9295 0.0021 585 20 -16.06
g6 Gorgonin 2.95 0.1 OS-110384 0.9289 0.0023 590 20 -16.13
g4 Gorgonin 3.35 0.1 OS-110383 0.9250 0.0021 625 20 –
g2 Gorgonin 3.9 0.1 OS-110437 0.9223 0.0023 650 20 -16.00
g0 Gorgonin 4.6 0.2 OS-112166 0.9349 0.0022 540 20 -16.36
BS 1299m c10 Calcite 0 0.5 OS-105226 0.9843 0.0035 125 30 0.86
c9 Calcite 0.2 0.2 OS-110387 0.9796 0.0025 165 20 -0.55
c8 Calcite 0.6 0.2 OS-110388 0.9624 0.0031 310 25 -0.79
c7 Calcite 1 0.2 OS-110389 0.9576 0.0021 350 20 -0.38
c6 Calcite 2.1 0.5 OS-101850 0.9373 0.0023 520 20 0.71
c5 Calcite 4.2 0.5 OS-105227 0.9416 0.0034 485 30 1.44
c4 Calcite 6.2 0.5 OS-101851 0.9299 0.0024 585 20 1.28
c3 Calcite 8 0.5 OS-105228 0.9335 0.0030 550 25 1.28
c2 Calcite 9.9 0.5 OS-101852 0.9230 0.0029 645 25 1.93
c1 Calcite 11.6 0.5 OS-101853 0.9266 0.0022 610 20 1.87
c1-rep Calcite 11.6 0.5 OS-105229 0.9299 0.0040 585 35 1.95
c0 Calcite 13.3 0.5 OS-102068 0.9296 0.0030 585 25 -0.57
g7 Gorgonin 2.5 (?) 0.5 OS-110436 0.9360 0.0023 530 20 -16.30
g6 Gorgonin 3.75 (?) 0.5 OS-110435 0.9408 0.0022 490 20 -16.32
g5 Gorgonin 7.3 0.15 OS-110434 0.9328 0.0028 560 25 -16.40
g4 Gorgonin 7.6 0.15 OS-110382 0.9345 0.0022 545 20 -16.31
g3 Gorgonin 8 0.25 OS-110381 0.9299 0.0024 585 20 -16.24
g2 Gorgonin 8.45 0.2 OS-110380 0.9347 0.0025 540 20 -16.44
g1 Gorgonin 8.75 0.1 OS-110379 0.9389 0.0029 505 25 -16.22
g0 Gorgonin 9.1 0.15 OS-110378 0.9302 0.0021 580 20 -16.49
BS 1917m c5 Calcite 0 0.5 OS-102074 0.9240 0.0049 635 40 -0.96
c4 Calcite 0.5 0.5 OS-105230 0.9243 0.0043 630 35 -0.20
c3 Calcite 2.3 0.5 OS-102070 0.9041 0.0040 810 35 0.79
c2 Calcite 2.7 0.5 OS-101854 0.9023 0.0022 825 20 0.79
c1 Calcite 4.2 0.5 OS-102069 0.8979 0.0031 865 25 1.14
c0 Calcite 6 0.5 OS-102083 0.8942 0.0019 900 15 1.39
SS 320m c3 Calcite 0.8 0.5 OS-102155 0.9274 0.0028 605 25 1.01
c2 Calcite 2.2 0.5 OS-105263 0.9235 0.0030 640 25 0.74
c1 Calcite 3.5 0.5 OS-105262 0.9229 0.0022 645 20 1.07
c0 Calcite 4.7 0.5 OS-102129 0.9192 0.0028 675 25 0.49
SS 503m c3 Calcite 0 0.5 OS-102084 0.9221 0.0019 650 15 1.21
c2 Calcite 1.2 0.5 OS-104979 0.9259 0.0025 620 20 1.80
c1 Calcite 2.8 0.5 OS-105231 0.9323 0.0031 565 25 2.42
c0 Calcite 4.9 0.5 OS-101849 0.9260 0.0023 615 20 1.85
EF 805m c3 Calcite 1 0.5 OS-102156 0.9032 0.0042 820 35 -0.68
c2 Calcite 1.8 0.5 OS-104980 0.8975 0.0035 870 30 -0.45
c1 Calcite 3.2 0.5 OS-105259 0.8945 0.0035 895 30 -1.17
c0 Calcite 4.6 0.5 OS-102268 0.8980 0.0021 865 20 -1.25
Table 3.3: 14C growth rates for Keratoisis specimens in this study (BS=Bear Seamount,
SS=Scotian Slope, EF=East Florida)
Specimen Depth Range n Growth Rate (µm/yr) ±1se Comments
BS 1917m 0-2 mm 4 12 2
2-6 mm 4 41 3
SS 320m 0-5 mm 4 59 10
EF 805m 0-3.5 mm 3 29 10 Excluding ”infilling”
0-5 mm 4 51 33 Including ”infilling”
BS 963m 0.55-3.9 mm 9 22 11 Gorgonin 14C
0.55-3.9 mm 8 21 2 Wiggle-matched
0-0.55 mm 2 12 3 Bomb-spike tuning
BS 1299m 0-10 mm 5 50 18 Excluding ”infilling”




































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































Single laboratory comparison of
MC-ICP-MS and N-TIMS boron
isotope analyses in marine carbonates
Note: This chapter has been published in Chemical Geology (2016), Vol. 447, pp. 173–182
http://dx.doi.org/10.1016/j.chemgeo.2016.11.008 1
Abstract
Measurements of boron isotopes (δ11B) in marine carbonates are an important tool for re-
constructing past ocean acidity and atmospheric carbon dioxide levels, but are challenging to
obtain due to low boron concentrations and the presence of only two stable boron isotopes.
Previous studies have observed differences in absolute δ11B values of marine carbonates
measured via negative thermal ionization mass spectrometry (N-TIMS) and multicollector
inductively coupled mass spectrometry (MC-ICP-MS) that are relatively large compared to
magnitudes of δ11B variability in paleoceanographic studies. Here we investigate the cause of
these δ11B offsets and implications for paleo-pH reconstructions by performing N-TIMS and
MC-ICP-MS measurements within the same laboratory on a suite of eighteen homogenized
1AUTHORS: Jesse Farmer a*, Bärbel Hönisch a, Joji Uchikawa b
a Department of Earth and Environmental Sciences and Lamont Doherty Earth Observatory of Columbia
University, 61 Route 9W, Palisades, NY 10964, USA
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samples, including inorganic calcites grown under controlled pH conditions and Quaternary
planktic foraminifera. Results show that δ11B values between both measurement techniques
are highly correlated (R2>0.99), but calcite δ11B values are ∼0.5 to 2.7h lower when mea-
sured by MC-ICP-MS compared to N-TIMS. The δ11B offset between techniques cannot be
attributed to procedural blank contribution, but the magnitude of offset moderately cor-
relates with indicators of sample chemical composition, including B/Ca, Mg/Ca and δ18O
(R2=0.39 to 0.50). N-TIMS δ11B does not change with calcium addition to a biogenic car-
bonate sample, suggesting that varying calcium abundance between samples and standards
is not the reason for N-TIMS ”matrix effects”. Correlation between δ18O and the δ11B offset
is particularly apparent for calcites (R2=0.71); the origin of this relationship is not clear, but
is not likely due to 17O interference. Although identifying the origin of measurement offsets
requires further study, we demonstrate that such offsets do not affect the validity of δ11B
data: The sensitivity of δ11B in inorganic calcite to pH is the same when measured by either
technique, and paleo-pH reconstructed from δ11B measurements in planktic foraminifera is
equivalent within uncertainty when a technique-specific constant offset is applied. Our re-
sults strongly indicate that δ11B measurements from both measurement techniques (N-TIMS
and MC-ICP-MS) can be employed for paleo-pH reconstructions with equal confidence.
4.1 Introduction
Naturally occurring isotopes of boron (11B and 10B) are fractionated between the two domi-
nant boron compounds in seawater—boric acid and borate—by approximately 27 parts per
thousand (h, Klochko et al., 2006; Nir et al., 2015). This relatively large fractionation and
the pH dependence of boron speciation in seawater comprise the theoretical basis for the
boron isotope-pH proxy (Hemming and Hanson, 1992). Boron isotope measurements are











Empirical studies show that the δ11B of carbonates varies as a function of the pH of
the aqueous solution from which the carbonate precipitated (e.g., Sanyal et al., 1996, 2000,
2001; Hönisch and Hemming, 2004; Rae et al., 2011; Henehan et al., 2013; Penman et al.,
2013; Farmer et al., 2015). δ11B in marine carbonates has been applied to reconstruct past
ocean pH, from which surface ocean pCO2 can be inferred (e.g., Hönisch and Hemming,
2005; Foster, 2008; Hönisch et al., 2009; Henehan et al., 2013).
Obtaining δ11B measurements on marine carbonates with sufficient precision for paleo-pH
and pCO2 interpretation is difficult for several reasons. First, boron concentrations in marine
carbonates are generally low (∼5-70 ppm, Vengosh et al., 1991; Hemming and Hanson, 1992)
and available sample material is often limited (typically ∼0.5 to 2 mg of carbonate available
for foraminifera analyses). This makes δ11Bsample susceptible to contamination from handling
and preparation blanks. In addition, the relatively large mass difference between 11B and
10B can result in large machine-induced isotopic fractionation during measurement. Boron
lacks a third stable isotope, preventing normalization for such fractionation. Finally, typical
δ11B variations in marine carbonates are on the order of only a few parts per thousand. δ11B
measurement error is thus the principal source for uncertainty for interpretations of paleo-pH
and pCO2 (e.g., Hönisch and Hemming, 2005; Foster, 2008; Hönisch et al., 2009; Henehan
et al., 2013).
The need for geochemical reconstructions of ocean acidity and atmospheric pCO2 has
fostered careful preparation and analytical techniques to obtain high δ11B precision with
minimal sample material. Two techniques are routinely applied for high-precision δ11B
measurements of small carbonate samples (<10 ng B): negative thermal ionization mass
spectrometry (N-TIMS, Hemming and Hanson, 1994) and multicollector inductively coupled
plasma mass spectrometry (MC-ICP-MS, Foster, 2008). Previous comparisons between these
two approaches have found that, while boric acid solutions and seawater tend to replicate
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identically between N-TIMS and MC-ICP-MS techniques (Foster et al., 2013), foraminiferal
carbonates tend to return lower δ11B values via MC-ICP-MS than N-TIMS by ∼1 to 2h
(Foster, 2008; Ni et al., 2010; Rae et al., 2011; Foster et al., 2013; Henehan et al., 2013),
and up to ∼6h when distinct TIMS δ11B procedures are considered (e.g., total evaporation
N-TIMS, see Ni et al., 2010). As both N-TIMS and MC-ICP-MS techniques use the same
standard for normalization (Equation 4.1), the nature of this offset and its implications for
δ11B proxy applications are debated. While the δ11B offset between techniques appears
constant for foraminiferal carbonates (Rae et al., 2011; Foster et al., 2013; Henehan et al.,
2013), the underlying mechanism(s) accounting for different absolute δ11B values between
N-TIMS and MC-ICP-MS techniques, and implications of these differences for applications
of the δ11B-pH proxy, have not yet been thoroughly investigated.
Here we perform both N-TIMS and MC-ICP-MS δ11B procedures on a suite of eigh-
teen homogenized samples within a single laboratory, thus minimizing any influence from
differential sample preparation procedures and handling blanks. This contribution extends
beyond previous interlaboratory comparison studies (e.g., Foster et al., 2013) by assessing
whether respective δ11B measurement techniques affect pH translation. To test this, we
measure δ11B on a set of inorganic calcites precipitated from varying solution pH to compare
the δ11B-pH sensitivity for both techniques. We also reconstruct Quaternary surface ocean
pH from downcore measurements of planktic foraminiferal δ11B to assess the comparability
of absolute pH reconstructions between techniques.
4.2 Materials and Methods
4.2.1 Materials used
The eighteen samples chosen for this comparison reflect several priorities: (1) A range of
sample types and matrices encompassing material most commonly employed for δ11B anal-
ysis in paleoceanography; (2) samples that reflect on the underlying theory of the δ11B-pH
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proxy; and 3) consistency with previously analyzed intercalibration materials. We measured
boric acid, inorganic calcite, foraminiferal ooze, and monospecific planktic foraminifera (Glo-
bigerinoides sacculifer) samples previously used in the Foster et al. (2013) intercomparison
study. To complement this set, we also measured inorganic calcites precipitated from NaCl-
CaCl2-B(OH)3-Na2CO3 parent solutions of controlled pH and [Ca
2+] using a seeded calcite
overgrowth technique (Uchikawa et al., 2015), JCp-1 (modern Porites sp. coral) and JCt-1
(Holocene Tridacna gigas giant clam) biogenic aragonite reference materials (Inoue et al.,
2004; Hathorne et al., 2013), and two samples of the benthic foraminifer Cibicoides wueller-
storfi from Ocean Drilling Program Sites 1088 and 1264. Detailed sample information is
given in Table 4.1.
Carbonate samples were homogenized and split into acid-cleaned 0.5 mL polypropylene
vials. Inorganic calcites were rinsed ten times with boron-free MilliQ water (≥ 18.2 MΩ/cm)
without additional chemical pretreatment. Biogenic carbonates were cleaned of organic
matter by oxidation with 1% H2O2 following the procedure of Barker et al. (2003). All
sample pretreatment was performed in a boron-free PTFE ultra-low particulate air (ULPA)
filtered laminar flow bench at the Lamont-Doherty Earth Observatory (LDEO).
4.2.2 MC-ICP-MS methodology
MC-ICP-MS boron isotope analyses were performed following the methodology for boron
separation and analysis given in Foster (2008) and Rae et al. (2011), with modifications for
the LDEO laboratories as detailed below. For boron separation, a 2 M sodium acetate-0.5 M
acetic acid solution was added to a clean 1 mL column of Amberlite IRA-743 and collected
to create a boron-free buffer solution (Rae et al., 2011). Following the chemical cleaning
described above, carbonate samples were dissolved in ultrapure 0.5 N HNO3 (Fisher Optima
grade, certified B blank <0.01 pg/µL) and buffered to pH ∼5 by adding twice the acid
volume of buffer solution (Foster, 2008). The buffered sample solution was then loaded on
clean 20 µL micro-columns of Amberlite IRA-743, the non-boron matrix washed off with
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eight sequential rinses of 200 µL MilliQ water, and boron was eluted into clean 1.5 mL
Savillex PFA vials with 450 µL of ultrapure 0.5 N HNO3 (Rae et al., 2011). An additional
90 µL acid rinse was collected to test column recovery. Column chemistry was performed
in the LDEO Ultra Clean laboratory facility in a dedicated workstation with B-free PTFE
ULPA and molecular boron filters. Fall-in blanks were collected during column chemistry
and yielded no more than 1-3 pg B/h.
Boron isotopes were measured on a Thermo Scientific Neptune Plus MC-ICP-MS in the
LDEO ICP-MS facility. To overcome well-known boron washout problems (e.g., Al-Ammar
et al., 2000), we used an Elemental Scientific Inc. 47 mm barrel-type PFA spray chamber
and 50 µL/min self-aspirating nebulizer with 5 mL/min of ammonia add gas (see Rae et al.,
2011; Foster et al., 2013), which reduced washout to 2% after 120 seconds. We used high-
sensitivity X’ skimmer and Jet’ sample extraction cones to boost boron sensitivity (Misra
et al., 2014). Although these cones also boost 40Ar4+ and 20Ne2+ intensity, which could
potentially interfere on 10B, any interference on 10B is fully resolved in low-mass resolution
mode (Foster, 2008; Wang et al., 2010; Misra et al., 2014). 11B and 10B were collected on
Faraday cups with 1012Ω resistors in positions H4 and L4, respectively.
The sample analysis procedure includes sample-standard bracketing (SSB) with NIST
951 (Foster, 2008; Wang et al., 2010; Rae et al., 2011; Foster et al., 2013; Misra et al.,
2014) and an on-peak zero rinse correction (e.g., Wei et al., 2014). A single sample analysis
encompasses six measurements: Rinse-Standard-Rinse-Sample-Rinse-Standard, where rinse
11B and 10B are collected for ten ratios, standards are first peak-centered, then collected
for thirty ratios, and finally samples are collected for thirty ratios without peak-centering.
Total analysis time for a single SSB is approximately 30 minutes. Rinse 11B and 10B are
subtracted from the following sample/standard, and then the rinse-corrected sample 11B/10B








 ∗ 1000 (4.2)
101
where the denominator is the average 11B/10B of the two rinse-corrected bracketing stan-
dards. All samples were first screened for sodium contamination on mass 23. Following
Foster (2008), any samples with sodium concentrations greater than 10-fold blank concen-
tration need to be discarded, which only affected two samples in this study. These two
samples were discarded and reprocessed from undissolved carbonate material. In addition
to sodium, sample boron concentration was screened and, when necessary, samples were
adjusted to within 25% of 25 ppb B by dilution with ultrapure 0.5N HNO3. All bracketing
standards were run at 25 ppb B (∼0.5 V on 11B using 1012Ω resistors). Column recovery
was tested by sample B concentration relative to B concentration in the additional rinse and
always exceeded 99.7%.
Compared to the Foster (2008) and Rae et al. (2011) methodologies, we find greatest B
signal intensity and stability at lower sample gas flow (0.8-0.9 L/min versus 1.2-1.3 L/min)
and lower RF power (1150 W versus 1200-1400 W). Although signal intensity tends to de-
crease with decreasing sample gas flow and RF power, we find comparable signal intensities
to previous studies (1.0 V on 11B at 50 ppb, or 20 V per ppm). In the LDEO ICP-MS
facility signal intensity and stability are also maximized by operating at a Z torch position
of -0.3 to -0.5 mm, which may compensate for the lower sample gas flow and RF power by
introducing the sample closer to the warmest core of the plasma and thus aiding ioniza-
tion. With these operating conditions, sample gas tuning (Foster, 2008) is not necessary for
maintaining isotope ratio stability over the course of an analysis session. Instead, tuning for
maximum signal intensity and relative stability (i.e., signal intensity variations of less than
5%) provides sufficient stability for sample-standard bracketing even over extended analysis
sessions (Figure C.1).
δ11B analytical uncertainty for our MC-ICP-MS measurements is given as two times the
standard deviation (2sd) of all SSBs for each sample. Rae et al. (2011) present uncertainty
as a function of sample boron intensity based on long-term standard analyses (e.g., analyses
of a given standard across all tuned analytical sessions). As we match boron concentrations
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between samples and standards, a similar treatment of uncertainty is not given here. How-
ever, boric acid standard UMD was analyzed most frequently during our sessions (n=63),
and its 2sd (±0.26h) provides a comparable measure of external reproducibility at 25 ppb
(Table 4.1). MC-ICP-MS uncertainty is not presented as 2se (as for N-TIMS), because at
least three independent δ11B replicates are required to calculate standard error. An insuffi-
cient number of replicates were obtained to use 2se as the uncertainty term for about half of
our MC-ICP-MS samples (Table 4.1).
4.2.3 N-TIMS methodology
The LDEO N-TIMS analysis protocol is based on the technique of Hemming and Hanson
(1994). Unlike the MC-ICP-MS procedure (Section 4.2.2), no boron separation or concentra-
tion is performed prior to N-TIMS analyses. This reflects three considerations: First, early
N-TIMS studies that used a similar B separation procedure found excessive organic mat-
ter contamination in samples and standards subjected to this procedure, presumably from
breakdown of the ion exchange resin (Hemming and Hanson, 1994). Second, low B concen-
tration in the column chemistry eluent requires concentrating the B through acid dry-down
prior to N-TIMS analysis (Hemming and Hanson, 1994), which is undesirable due to the high
potential for B volatilization and large resultant δ11B variations (Ishikawa and Nakamura,
1990). Third, the HNO3 acid matrix from the column chemistry procedure for MC-ICP-MS
analysis (Foster, 2008) is incompatible with N-TIMS analyses because the addition of nitrate
salts leads to large on-filament B isotope fractionation (Hemming and Hanson, 1994; Wei
et al., 2014). Although conversion to an HCl acid matrix is possible through a multi-step
column procedure (Wei et al., 2014), the blank from this procedure (500±40 pg; Wei et al.,
2014) is unacceptably large relative to the low B availability of marine carbonates.
Cleaned carbonate samples were acidified in the minimum necessary volume of ultrapure
2N HCl (Fisher Optima grade, certified B blank <0.01 pg/µL). The B concentration of
the acidified solution varies as a function of carbonate B concentration, generally 0.4 to 1
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ppm. A sufficient volume of sample analyte for 1 to 1.5 ng B (typically ∼1 to 3 µL) was
loaded onto zone-refined, outgassed Re filaments with 1 µL of a B-free seawater solution,
and evaporated to a gel at an ion current of 0.5 A in a PTFE (boron-free) HEPA filtered
laminar flow bench. The resulting δ11B is not sensitive to the amount of B loaded above
1 ng (Foster et al., 2013). Boric acid standards were diluted to 1 ppm, and 1 µL of the
diluted solution was loaded with 1 µL of boron-free seawater solution. The B-free seawater
solution was prepared by passing seawater through Amberlite IRA-743 boron-specific anion
exchange resin following Hemming and Hanson (1994). This solution aids sample ionization
while contributing negligible B blank (∼5 pg/µL determined by isotope dilution). The total
procedural blank including the B-free seawater solution is 10±3 pg, or <1% of sample B.
Filaments were mounted into a Thermo Scientific Triton multicollector TIMS, and boron
isotopes were measured as 10BO2- and
11BO2- ions, i.e. masses 42 and 43. Filaments were
heated under high vacuum (<2 x 10−7 mbar) at 60 mA/min ion current until the filament
temperature reached 980°C, at which point the ion beam was centered and focused until
11BO2- ion electrical potential exceeded 100 mV. Data were acquired for 35 minutes (320
individual ion ratios). Any acquisitions exhibiting organic matter contamination (>2000
counts per second on mass 26) or excessive in-run isotope fractionation of >1 h were dis-
carded. No organic matter contamination was observed in this study, while in-run fractiona-
tion affected approximately 10% of acquisitions. On average six acceptable data acquisitions
were obtained for each sample, with the reported δ11B the average of these acquisitions. We
performed full procedural replicates for samples ICA, ICB, JCp-1 and JCt-1 where sample
material was abundant. As the full procedural replicates for these samples were all within
overlapping measurement uncertainty, we report a single δ11B value for these samples that
includes all replicate analyses (Table 4.1).
For standardization, NIST 951 boric acid is measured on a 2 ppm B solution mixed 1:1
with boron-free seawater and measured once per sample wheel, which otherwise holds 6-10
replicates of one to three carbonate samples. Because boron isotope analyses by N-TIMS
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are not subject to drift as in MC-ICP-MS analyses, the long-term average 43/42 ratio of
this NIST 951 solution is used for normalization via Equation 1. To monitor long-term
stability and external precision, we measure an in-house standard of NIST 951 precipitated
in a CaCO3 (vaterite) matrix and loaded with boron-free seawater to provide a comparable
matrix to natural carbonate samples.
δ11B analytical precision for N-TIMS measurements is expressed at two standard errors
(2se), i.e., two times the standard deviation of individual acquisitions divided by the square
root of the number of acceptable acquisitions (Hönisch and Hemming, 2005). Reproducibility
of the vaterite in-house standard defines the external precision of carbonate analyses on the
N-TIMS. The reported 2se for each sample is given as the larger of the internal or external
precision (Foster et al., 2013).
4.3 Results and Discussion
All data from this study are shown in Fig. 4.1 and Table 4.1. N-TIMS δ11B values
range from -26.89h (inorganic calcite sample 16B) to +24.93h (boric acid sample BiG-
E), and MC-ICP-MS δ11B values from -28.74h (16B) to +25.36h (BiG-E). N-TIMS and
MC-ICP-MS δ11B values for boric acids (BiG-D, -E and UMD) and biogenic aragonites
(JCp-1 and JCt-1) are equivalent within analytical uncertainty (pooled average δ11BN−TIMS
- δ11BMC−ICP−MS = -0.02±0.32h, 1sd, n=5). However, N-TIMS δ11B values are higher than
MC-ICP-MS δ11B values for all planktic and benthic foraminifer samples, inorganic calcites
and the foraminiferal ooze (pooled average δ11BN−TIMS - δ
11BMC−ICP−MS = 1.59±0.57h,
1sd, n=13). This offset extends across the calcite δ11B range measured (-29 to +22h).
York regressions (York et al., 2004) accounting for the respective reported measurement
uncertainties in N-TIMS and MC-ICP-MS δ11B values are shown in Table 4.2. It is note-
worthy that δ11B values are tightly correlated between approaches, despite the broad range
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Figure 4.1: (a) N-TIMS δ11B versus MC-ICP-MS δ11B for all samples in this study. (b)
and (c) are close-up view of the data from +7 to +27h and from -30 to -10h, respectively.
Black line in all panels is the 1:1 relationship. Error bars are 2se for N-TIMS and 2sd for
MC-ICP-MS, and are smaller than symbols when not visible. Individual carbonate species
are defined by colored symbols as described in the legend in (a). Black lines are 1:1 lines
describing perfect agreement between the two methods.
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and sample types (boric acids, inorganic calcites, foraminifers, and aragonites) in this study.
The observed consistency of N-TIMS and MC-ICP-MS δ11B in this study expands upon
Kasemann et al. (2009), who found that δ11B measured by MC-ICP-MS and N-TIMS on
two corals and one inorganic calcite sample closely correlate across a δ11B range of +7.5
to +25, with N-TIMS δ11B values offset by +0.5 to +1h relative to MC-ICP-MS values.
We note that the Kasemann et al. (2009) N-TIMS procedure differs from ours, involving
higher sample B concentration, higher filament analysis temperature, and longer filament
analysis durations (see Kasemann et al., 2009, for details). Additionally, MC-ICP-MS data
from LDEO are one-to-one comparable to previous MC-ICP-MS data from the Bristol Iso-
tope Group reported in Foster et al. (2013) where the same samples were analyzed, though
planktic foraminifer samples range from 0.04 to 0.48h lower when measured via MC-ICP-
MS at LDEO (Table 4.2). Nonetheless, all samples agree within measurement uncertainty,
which suggests that the modified MC-ICP-MS procedure at LDEO (Section 4.2.2) does not
significantly affect absolute δ11B values.
4.3.1 Offsets between MC-ICP-MS and N-TIMS
Although N-TIMS and MC-ICP-MS δ11B data correlate strongly, the relationship is not
one-to-one. As noted above, calcite samples exhibit higher δ11B when analyzed by N-TIMS
than MC-ICP-MS by ∼0.5 to 2.5h (Figure 4.1 and Table 4.1), and regression y-intercepts
between MC-ICP-MS and N-TIMS data are significantly less than zero when calcite samples
are included (Table 4.2). The magnitude of these offsets is broadly consistent with previous
studies showing 1 to 1.5h higher δ11B values on benthic foraminifers (C. wuellerstorfi, Rae
et al., 2011) and planktic foraminifers (G. sacculifer, Foster, 2008) when analyzed by the
LDEO N-TIMS compared to MC-ICP-MS, although these analyses were not performed on
the same homogenized samples.
Why does such an offset exist? The major difference between these two analytical pro-
cedures is the required removal of matrix for MC-ICP-MS analyses. Matrix variations exert
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much smaller effects on N-TIMS analyses and the presence of a matrix is in fact benefi-
cial because it enhances boron ionization and reduces time-dependent fractionation, which
otherwise hampers the accurate analysis of two-isotope systems by thermal ionization mass
spectrometry (Section 2.3; Hemming and Hanson, 1994). One option is that MC-ICP-MS
δ11B values are lower due to either greater procedural blanks from the increased handling
required for matrix separation, or the addition of isotopically light boron during the ma-
trix separation (for instance, from incomplete boron removal in the buffer solution) (Foster
et al., 2013). Our calcite data exhibit lower δ11B when analyzed via MC-ICP-MS than via
N-TIMS across the entire δ11B range studied (-30 to +25h). Importantly, the inorganic
calcites analyzed here have low δ11B (-24 to -29h), yet also show lower values when ana-
lyzed via MC-ICP-MS than via N-TIMS. If MC-ICP-MS δ11B values are lower because of
contaminant or blank B contribution, this contribution must have an even lower δ11B than
the inorganic calcites (e.g., <<-30h). This is inconsistent with our measurements of total
procedural blank δ11B (-4 to +4h), the δ11B of boron in the buffer solution (∼ -13h),
and measurements of total procedural blanks at Bristol (+5h, Rae et al., 2011). Incom-
plete boron recovery from the resin and associated isotope fractionation could also cause
lower MC-ICP-MS values (Lemarchand et al., 2002), but can be ruled out because of near-
complete boron recovery in this study (>99.7% of sample boron, Section 4.2.2) and previous
tests of column recoveries by isotope dilution (Foster, 2008). Therefore, it seems unlikely
that the required additional sample preparation artificially lowers MC-ICP-MS δ11B values.
Alternatively, N-TIMS δ11B values may be higher than MC-ICP-MS δ11B values due to
factors associated with differential ionization between samples and NIST 951 boric acid due
to the presence of carbonate matrix in samples (commonly referred to as matrix effects after
Sanyal et al., 1995). Ni et al. (2010) suggest residual, intracrystalline organic matter present
in biogenic carbonate matrices after oxidative cleaning could bias N-TIMS to higher values
by suppressing ionization. However, the inorganic calcites measured in this study contain no
organic matter, and still exhibit higher δ11B via N-TIMS than MC-ICP-MS (Figure 4.2a).
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Residual organic matter therefore cannot explain this offset, and also is unlikely to cause the
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Figure 4.2: (a) Difference between N-TIMS δ11B and MC-ICP-MS δ11B versus carbonate
B/Ca ratios (Table 4.1). Individual carbonate species are defined by colored symbols as
described in the legend in (a). Error bars are calculated from quadratic addition of mea-
surement errors. Black solid line indicates least-squares regression. (b) Difference between
N-TIMS δ11B and MC-ICP-MS δ11B versus carbonate Mg/Ca ratios. Black dash-dot line
indicates least-squares regression. (c) Difference between N-TIMS δ11B and MC-ICP-MS
δ11B versus carbonate δ18O ratios (bottom axis), and δ17O ratios (top axis) assuming mass-
dependent fractionation (δ17O=0.52*δ18O). Black dashed line indicates least-squares regres-
sion. Solid blue line indicates the change in δ11B resulting from interference of 10B17O16O−
ions on 11B16O2
− ions after Spivack and Edmond (1986). (d) Calcium addition experiment
to JCp-1 measured via N-TIMS. Y-axis gives the difference between the measured δ11B of
JCp-1 after Ca addition at modified B/Ca as well as Mg/Ca, and the δ11B of JCp-1 at
original solution (B/Ca = 460 µmol/mol and Mg/Ca = 4.20 mmol/mol). Linear regressions
from (a) and (b) are shown for comparison.
Another option is that greater proportions of non-boron matrix could suppress ioniza-
tion, leading to greater time-dependent fractionation upon thermal ionization. For instance,
Foster et al. (2013) show that the difference between the LDEO N-TIMS δ11B values and
average δ11B values from four laboratories (including the LDEO N-TIMS) generally increases
with decreasing sample B/Ca, which they suggest may reflect such a matrix effect on LDEO
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N-TIMS analyses. Similar correlations were not observed with Li/Ca, Al/Ca, or Sr/Ca (Fos-
ter et al., 2013). This B/Ca effect is uncertain, however, because the range of N-TIMS δ11B
offset (∼ 1h) was smaller than ranges of δ11B from different laboratories for the same sam-
ples (up to 4h). We assess potential relationships between sample matrix composition and
the magnitude of the instrumental δ11B offset for this study, where analytical differences are
minimized compared to the Foster et al. (2013) study. The difference between our N-TIMS
and MC-ICP-MS δ11B values increases with decreasing B/Ca, although this relationship is
scattered and largely driven by JCp-1 (Figure 4.2a; linear regression R2=0.50). In addi-
tion, the difference between N-TIMS and MC-ICP-MS δ11B values increases with decreasing
Mg/Ca (Figure 4.2b; linear regression R2=0.39) and decreasing carbonate δ18O (Figure 2c;
linear regression R2=0.49). It should be noted that the Mg/Ca and δ18O relationships are
strongly driven by the inorganic calcites, which were precipitated from Mg-free and 18O-
depleted parent solutions (i.e., Mg/Ca = 0 mmol/mol, Table 4.1; Uchikawa et al. 2015) and
generally show the greatest offset between N-TIMS and MC-ICP-MS δ11B values.
As calcium is the dominant component of carbonate matrices, the increased δ11B off-
set with both decreasing Mg/Ca and B/Ca could reflect the role of additional calcium in
suppressing boron ionization for N-TIMS analyses. We tested this hypothesis by mixing a
1 ppm B solution of JCp-1 (B/Ca = 460 µmol/mol, Mg/Ca = 4.20 mmol/mol, Hathorne
et al. 2013) with 1M reagent-grade (boron-free) CaCl2 to create JCp-1 solutions with mod-
ified B/Ca of 100 and 50 µmol/mol (corresponding to Mg/Ca of 0.91 and 0.46 mmol/mol,
respectively). Addition of Cl− ions from the CaCl2 solution should not cause a matrix effect
in N-TIMS analysis, as Cl− is already abundant in sample solutions from using HCl for car-
bonate dissolution and from the boron-free seawater loading solution (Section 4.2.4). Figure
4.2d shows the results of Ca addition to JCp-1. If higher [Ca] delayed ionization, we would
expect to see relatively higher δ11B N-TIMS data in JCp-1 solutions with elevated [Ca] com-
pared to the unmodified JCp-1 solutions. Specifically, the trend lines from Figure 4.2a and
4.2b would predict δ11B should be ∼ 1.8h higher at 50 µmol/mol B/Ca (0.46 mmol/mol
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Mg/Ca), and ∼ 1.6h higher at 100 µmol/mol B/Ca (0.91 mmol/mol Mg/Ca) relative to
the unmodified JCp-1. However, we observe no significant difference between the δ11B of
JCp-1 at 460 µmol/mol B/Ca (24.17±0.29h), 100 µmol/mol B/Ca (24.03±0.21h), and 50
µmol/mol B/Ca (24.06±0.49h). This agrees with a previous observation that adding Ca to
NIST 951 does not significantly change δ11B when measured by total evaporation N-TIMS,
although the low precision of these measurements prevents a detailed comparison (Foster
et al., 2006). We conclude that Ca variations between samples and standards in N-TIMS
measurements do not directly cause the observed δ11B offsets.
Conversely, CaCl2 addition to JCp-1 would not change δ
18O, so this experiment does not
inform on the relationship between δ18O and the δ11B offset (Figure 4.2c). One reason why
δ18O could correlate with the δ11B offset is differential 17O interference on mass 43 between
samples and standards during TIMS analyses (e.g., Spivack and Edmond, 1986). For our
analyses, this would occur through varying abundances of 10B17O16O− ions (of equivalent
mass to 11B16O2
−) in samples versus standards. To assess this effect, δ18O values are first con-
verted to δ17O assuming mass-dependent fractionation (δ17O=0.52*δ18O). The magnitude of
the 17O interference is then calculated by assuming NIST951 has an equivalent 17O/16O ratio
as the VPDB oxygen isotope standard, such that sample δ17O gives the 17O/16O deviation
from NIST951. Note that knowledge of the true 17O/16O for NIST951 is not critical; rather,
the total range of δ17O is most important, as it defines the maximum possible δ11B difference
from a varying 17O interference. Across the observed 23h δ18O range (∼ 12h for δ17O), we
calculate a total expected difference in δ11B of 0.0025h, which is inconsequential compared
to analytical precision (∼ ±0.25h). This is consistent with the small magnitude of the 17O
correction calculated by Spivack and Edmond (1986), who show that a 1000h difference in
δ17O would result in an interference offset of only 0.2h for δ11B. Therefore, 17O interference
does not likely cause the observed δ11B offset-δ18O relationship.
A notable feature of the δ11B offset-δ18O relationship is that this relationship improves
dramatically if biogenic aragonites JCp-1 and JCt-1 are excluded (R2=0.71 versus 0.49). This
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contrasts with excluding the aragonites from B/Ca, where the relationship greatly weakens
(R2=0.19 versus 0.50) and Mg/Ca, where the relationship slightly improves (R2=0.49 versus
0.39). The strong negative relationship between δ18O and the magnitude of the δ11B offset
between N-TIMS and MC-ICP-MS in calcites might reflect some causal link between isotope
systems, although we cannot currently fathom what that link may be. Additional work would
be desirable to understand the underlying cause(s) of δ11B differences between N-TIMS and
MC-ICP-MS, and why these differences correlate to other observed isotopic and elemental
properties of carbonates.
4.3.2 Implications for the δ11B-pH proxy
Given that an offset between N-TIMS and MC-ICP-MS δ11B exists, and its origin remains
enigmatic, it is prudent to ask whether such an offset affects the application or interpretation
of the δ11B-pH proxy. An early MC-ICP-MS study suggested that different δ11B values from
different measurement techniques were associated with different δ11B-pH sensitivities (Foster,
2008). More recently, Krief et al. (2010) and Henehan et al. (2013) refuted this prior result by
showing that δ11B measurements by MC-ICP-MS on corals and planktic foraminifers grown
across a wide range of pH give the same δ11B-pH sensitivity (defined here as the slope of the
regression between δ11Bcarbonate and δ
11B of the borate anion in solution, which linearizes
the δ11B-pH relationship; see Foster et al. 2012) as previous studies that employed N-TIMS
(e.g., Sanyal et al., 1996, 2001; Hönisch et al., 2004). While this is strong evidence that the
δ11B-pH sensitivity is independent of measurement technique, the ideal test for whether there
are different δ11B-pH sensitivities between N-TIMS and MC-ICP-MS would be to compare
results of homogenized splits of sample material grown under controlled pH conditions.
We performed this test using three inorganic calcites precipitated from parent solutions
covering a pH range of 8.37 to 8.65 (NBS scale) by Uchikawa et al. (2015). δ11Bborate was cal-
culated for each experiment using the δ11B of experimental waters (-12.19±0.32h measured
by MC-ICP-MS), the fractionation of Klochko et al. (2006), and the equilibrium constant
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pKB* calculated from experiment solution chemistries using PHREEQC (Parkhurst and Ap-
pelo, 2013) and the MINTEQA2 version 4 equilibrium speciation model that explicitly ac-
counts for borate ion pairing (Allison et al., 1991). York regression lines of the form δ11Bcalcite
= a + b*δ11Bborate were fit, with b defining δ
11B-pH sensitivity (after Foster et al., 2012).
As shown in Figure 4.3, there is no significant difference between the δ11B-pH sensitivity
on these samples measured by N-TIMS (b=0.69±0.14, 2sd) or MC-ICP-MS (b=0.80±0.18,
2sd) (two-tailed t-test, α=0.05, p=0.71). Moreover, the δ11B-pH sensitivity measured by
both MC-ICP-MS and N-TIMS on the Uchikawa et al. (2015) pH experiment is statistically
indistinguishable from a previous study of δ11B in inorganic calcite measured by N-TIMS
(b=0.72±0.11, 2sd, Sanyal et al. 2000), where a two-tailed t-test for α=0.05 yields p=0.76
for MC-ICP-MS versus Sanyal, and p=0.89 for N-TIMS versus Sanyal. However, it should
be noted that the uncertainty of δ11Bborate data in the Sanyal et al. (2000) study may not
be fully captured because the details of the solution chemistries used in their experiments
have not been published. In contrast, the calcite precipitation experiments of Noireaux et al.
(2015), measured by MC-ICP-MS, give a lower δ11B-pH sensitivity (b=0.57±0.04, 2sd) than
our study or that of Sanyal et al. (2000). The Noireaux et al. (2015) data are scattered; for
example, calcites from within a 0.1 pH unit experimental range show up to a 3h range in
δ11B, which equates to the entire δ11Bcalcite range observed for the pH experiment of this
study (Figure 4.3). In the Noireaux et al. (2015) study, precipitation rate and the concen-
trations of boron in the parent solution and calcite precipitate varied by up to four orders
of magnitude between experiments (R = 3.2*10−6 to 6.7*10−10 mol/m2/s, [B]solution = 0.91
to 20.19 mM, [B]calcite = 4 to 228 ppm). Although the effects of these variables on δ
11Bcalcite
have not yet been investigated in detail, it seems plausible that variations in experimental
conditions may lead to the variable δ11Bcalcite results observed by Noireaux et al. (2015).
The δ11Bcalcite calibrations shown in Figure 4.3 confirm suggestions of previous studies
(Foster et al., 2013; Henehan et al., 2013) that δ11B measurements by N-TIMS and MC-
ICP-MS will return the same relative pH change. However, absolute pH values are required
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     N-TIMS
Y = (0.69±0.14)*X + 13.3±2.9
     MC-ICP-MS
Y = (0.80±0.18)*X + 8.7±3.9
     N-TIMS (Sanyal, 2000)
Y = (0.72±0.10)*X + 7.5±1.9
         MC-ICP-MS
Noireaux et al. (2015)
Figure 4.3: Calcite δ11B versus δ11B of borate anion in the parent solution for inorganic
calcites grown at various pH by Uchikawa et al. (2015) (squares), Sanyal et al. (2000)
(black circles), and Noireaux et al. (2015) (gray circles). All data are normalized to
δ11B of seawater (39.61h, Foster et al. 2010) using the following equation: δ11Bcorrected=
δ11Bmeasured*α+1000*(α-1), where α is the fractionation factor between natural and ex-
perimental seawater given by (δ11Bseawater+1000)/(δ
11Bsolution+1000) (see Zeebe and Wolf-
Gladrow, 2001). Black dashed line describes the 1:1 line between δ11Bborate and δ
11Bcalcite.
The legend defines the respective study and analytical technique behind each dataset and
gives the δ11Bborate vs. δ
11Bcalcite York regressions, including the 2 sigma errors for the slopes
and intercepts.
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e.g., for paleo-pCO2 reconstruction, such that the difference in y-intercepts between the
York regressions in Figure 4.3 needs to be taken into account when translating δ11B values
into paleo-pH. This technique-specific correction is critical because calibrations of δ11Bsample
to δ11Bborate have been established by different instruments and/or techniques (e.g., Sanyal
et al., 1996, 2001; Henehan et al., 2013). Provided that the technique-specific correction is
soundly determined, and the instrument- or technique-specific δ11Bsample:δ
11Bborate calibra-
tions are robust, then the absolute pH estimates derived from either instrument/technique
will be identical because the relative pH change (i.e. the slope of the calibration) between in-
struments/techniques is the same (see above). In other words, technique-specific δ11B offsets
are addressed through differences in the δ11Bsample-to-δ
11Bborate calibration’s y-intercept, as
seen in Figure 4.3. An implication of this is that different laboratories do not need to estab-
lish laboratory-specific δ11Bsample-to-δ
11Bborate calibrations across a wide pH range, but can
instead use the slope of published calibrations once the laboratory- and carbonate-specific
δ11B offset is determined.
To illustrate this concept, we present Quaternary paleo-pH reconstructions from the
planktic foraminifer G. sacculifer in Ocean Drilling Program Site 668B samples measured
here and as part of the Foster et al. (2013) study. N-TIMS δ11B values are shown in Figure
4.4a, and MC-ICP-MS δ11B values from this study and from Bristol (Foster et al., 2013)
are shown in Figure 4.4b. Both techniques show the same temporal δ11B patterns, with
higher δ11B during glacials (as indicated by higher planktic foraminifer δ18O), and lower
δ11B during interglacials (as indicated by lower δ18O), but the MC-ICP-MS δ11B data are
lower in absolute values than the N-TIMS δ11B data. It should be noted that the Bristol MC-
ICP-MS procedure has undergone greater testing and optimization for foraminiferal samples
than the LDEO MC-ICP-MS procedure, and the slightly lower and more variable MC-ICP-
MS values from LDEO compared to Bristol (Section 3.1) may be due to the hitherto limited
MC-ICP-MS experience at LDEO. Nonetheless, MC-ICP-MS values from both laboratories
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Figure 4.4: Glacial-interglacial δ11B of planktic foraminifer G. sacculifer at ODP 668B from
(a) N-TIMS (red, Foster et al., 2013) and (b) MC-ICP-MS (blue filled: this study; blue
outlined: Foster et al. 2013). The δ11B axis is shifted by -1h in (b) compared to (a), but
the δ11B axes cover the same 2.5h range in both panels. (c) Surface ocean pH reconstructed
from δ11B using N-TIMS and MC-ICP-MS specific calibrations (see text for details). Gray
line in each plot is the G. ruber oxygen isotope stratigraphy for ODP 668B from Hönisch
et al. (2009).
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δ11B values are converted to pH using the following equation:
pHtotal = pK ∗B − log
[
δ11Bborate − δ11Bsw
δ11Bsw − (αB · δ11Bborate − 1000 ∗ (αB − 1)
]
(4.3)
where pK*B is the equilibrium constant, which is a function of temperature and salinity
(Dickson, 1990) and estimated by Hönisch et al. (2009) for ODP 668B; δ11Bsw = 39.61h
(Foster et al., 2010), and αB is the aqueous boron isotope fractionation factor between boric
acid and borate (here from Klochko et al. 2006). These three parameters are independent
of measured δ11Bsample; only δ
11Bborate depends on δ
11Bsample and is inferred using species-
specific calibrations of δ11Bsample to pH. The δ
11B vs. pH calibration for G. sacculifer was
established by N-TIMS analyses of cultured specimens by Sanyal et al. (2001) and augmented
by additional culture data measured on N-TIMS by Hönisch et al. (2009). When adjusted
for a constant offset between cultured and coretop G. sacculifer specimens of the same size
fraction (e.g., Hönisch and Hemming, 2005), the δ11B-pH calibration for sediment core G.
sacculifer measured on N-TIMS becomes:
δ11Bborate = (δ
11Bsacculifer N−TIMS − 5.72)/0.77 (4.4)
Pairing this calibration based on N-TIMS with δ11Bsacculifer values generated by MC-
ICP-MS requires an additional constant (termed b) to account for the δ11B offset between
N-TIMS and MC-ICP-MS (i.e., MC-ICP-MS δ11Bsacculifer values are shifted by a constant
value b to align them with the N-TIMS calibration):
δ11Bborate = (δ
11Bsacculifer MC−ICP−MS − [5.72 + b])/0.77 (4.5)
Ideally, b should be defined by homogenized samples of the same material (in this case,
G. sacculifer) measured by both techniques. Although samples IC6 through IC9 fulfill this
criterion, they are also the targets of our pH reconstruction. If we used these samples to define
b, we would artificially force the pH reconstructions to align. Instead, we independently
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define b using late Holocene G. sacculifer samples analyzed by Hönisch et al. (2009) on N-
TIMS (20.87±0.24h), and Rae et al. (2011) by MC-ICP-MS (19.92±0.25h). These samples
were not homogenized prior to analysis, but both measurements were performed on the same
size fraction (e.g., Hönisch and Hemming, 2004). This gives a b value of -0.95, and Equation
4.5 thus becomes:
δ11Bborate = (δ
11Bsacculifer MC−ICP−MS − 4.77)/0.77 (4.6)
The resultant pH reconstruction from application of Equations 4.3, 4.4, and 4.6 is shown
in Figure 4.4c. There are no systematic differences from absolute pH for these four samples
between the three measurements (pHN−TIMS −pHLDEO MC−ICP−MS = 0.00±0.03; pHN−TIMS
−pHBristol MC−ICP−MS = -0.02±0.02; pHLDEO MC−ICP−MS−pHBristol MC−ICP−MS = -0.02±0.02,
all errors 1sd). Past surface ocean pH agrees on average within 0.03 units for each glacial and
interglacial interval between the three measurements. For comparison, the average glacial-
interglacial pH change for the two glacial-interglacial cycles studied here is 0.12 units, and pH
uncertainty arising from the δ11B measurement uncertainty averages ±0.03 units. Figure 4.4c
shows that adjusting the δ11Bborate calibration’s y-intercept for analytical technique-specific
offset gives comparable reconstructions of absolute ocean pH.
4.4 Conclusions
This single-laboratory comparison of N-TIMS and MC-ICP-MS boron isotope measurements
demonstrates a high degree of reproducibility between techniques on homogenized boric acid,
inorganic calcite, and biogenic calcite and aragonite sample materials. However, our results
show that calcite δ11B is 0.5 to 2.5h higher when measured by N-TIMS than MC-ICP-MS.
The cause of this δ11B measurement offset remains unclear, but is unlikely due to either the
increased sample processing necessary for MC-ICP-MS analyses, nor to the varying ratio of
calcium matrix to boron (matrix effects) in N-TIMS analyses. Intriguingly, the δ11B offset
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between N-TIMS and MC-ICP-MS measurements correlates to δ18O in calcites. The origin
of this correlation is unclear from the samples in this study, but additional studies of this
relationship may inform on the cause of N-TIMS matrix effects. Measurements of inorganic
calcites precipitated from parent solutions of varying pH confirm that both techniques return
the same pH sensitivity of calcite δ11B within uncertainty. This result supports the notion
that relative δ11B changes are directly comparable between MC-ICP-MS and N-TIMS. We
show that the same absolute pH changes are reconstructed from both MC-ICP-MS and
N-TIMS when the magnitude of measurement δ11B offset for a given sample material is
accounted for by technique-specific calibrations of sample δ11B to δ11B of borate ion (and
hence pH). These results strongly support the validity and comparability of δ11B-pH proxy
applications generated from both N-TIMS and MC-ICP-MS measurement techniques.
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Table 4.2: York regressions (Y = a + b*X) and regression parameter uncertainties. Note:
Italicized a values correspond to intercepts significantly offset from zero
Samples Used n X Y b 2σ a 2σ R2
All 18 N-TIMS MC-ICPMS 1.028 0.005 -1.410 0.110 0.999
Calcites only 13 N-TIMS MC-ICPMS 1.024 0.006 -1.580 0.117 1.000
Boric acids & Aragonites 5 N-TIMS MC-ICPMS 1.013 0.020 -0.204 0.410 1.000
ICs: Foster et al. (2013) 9 N-TIMS MC-ICPMS 0.994 0.019 -0.840 0.376 0.995
ICs: Foster et al. (2013) 9 N-TIMS MC-ICPMS (Bristol) 0.996 0.019 -0.668 0.378 0.992
ICs: Foster et al. (2013) 9 MC-ICPMS MC-ICPMS (Bristol) 0.999 0.012 0.174 0.225 0.999
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Chapter 5
Abrupt increase in abyssal South
Atlantic Ocean carbon storage across
the Mid-Pleistocene transition
Abstract
Pleistocene glaciations underwent a profound shift from lower amplitude 41-kyr cycles to high
amplitude 100-kyr cycles between ∼1.2 and 0.8 Ma, an interval termed the Mid-Pleistocene
transition (MPT). While changes in deep ocean carbon chemistry are considered a critical
amplifier of late Pleistocene glacial cycles, existing records provide few constraints on the
relationship between deep ocean carbon chemistry and climate change across the MPT.
Here we present million-year long records of deep ocean carbonate chemistry and nutrient
concentrations across the MPT from three sediment cores in the South Atlantic Ocean,
spanning a water depth transect from 2.1 to 4.3 km. Long-term changes at 2.1 and 2.5
km depth are not specifically associated with the MPT and instead may reflect changing
contributions of northern- and southern-sourced watermasses at these locations over the
Pleistocene. In contrast, our record at 4.3 km shows an abrupt 20% decrease in abyssal
carbonate ion saturation (∆[CO2−3 ]) and 40% increase in cadmium concentration between 950
and 900 ka. These results align with decreased carbonate preservation throughout the South
Atlantic and a global decrease in ocean bottom water δ13C around 900 ka. Our results suggest
that abyssal South Atlantic waters stored an additional 60±35 µmol/kg of dissolved inorganic
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carbon between 950 and 900 ka, likely reflecting enhanced abyssal ocean stratification. We
argue that the onset of 100-kyr glacial cycles was catalyzed by the emergence of coordinated
changes in deep Atlantic Ocean circulation and carbon sequestration at the MPT, a response
that would characterize subsequent glaciations of the late Pleistocene.
5.1 Introduction
Over the past five million years, Earth’s climate oscillated between warmer interglacial peri-
ods with reduced terrestrial ice volume, and cooler glacial periods with expanded terrestrial
ice sheets. While the periodicities of these oscillations are closely linked to variations in
Earth’s orbital parameters (Hays et al., 1976), one of the more enigmatic paleoclimate ob-
servations is a transition from dominantly 41-kyr to dominantly 100-kyr periodicities of
glacial cycles during the mid-Pleistocene (1250 to 700 ka, Pisias and Moore, 1981; Clark
et al., 2006). This mid-Pleistocene transition (MPT) occurred in the absence of a signifi-
cant change in orbital forcing (e.g., Pisias and Moore, 1981; Ruddiman et al., 1989; Imbrie
et al., 1993), and thus required a reorganization of internal climate feedbacks, likely through
changes in the ocean-cryosphere-atmosphere system (Clark et al., 2006; Elderfield et al.,
2012; Pena and Goldstein, 2014). Although numerous hypotheses for this reorganization
exist, there is as yet little consensus on the mechanisms underlying the MPT.
Studies of late Pleistocene glacial cycles highlight the central role of deep ocean chem-
istry and carbon storage as a modulator for the global carbon cycle, and thus for internal
amplification of orbital forcing (Broecker, 1982; Sigman and Boyle, 2000; Sigman et al., 2010;
Bauska et al., 2016). In contrast, the roles for changing deep ocean chemistry and the global
carbon cycle in forcing or amplifying the MPT are poorly understood. For instance, while
previous studies invoked a long-term atmospheric pCO2 decline as necessary for the MPT
(Raymo et al., 1997; Clark et al., 2006), atmospheric pCO2 reconstructions argue against a
general decline prior to the MPT (Hönisch et al., 2009). Instead, pCO2 exhibits a step-wise
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transition around 900 ka to lower glacial and interglacial pCO2, with lower glacial pCO2
persisting throughout the late Pleistocene, and interglacial pCO2 recovering to pre-MPT
levels after ∼450 ka (Hönisch et al., 2009). Other studies indicate abrupt changes in the
ocean-cryosphere system around Marine Isotope Stage (MIS) 23, an interval termed the 900
ka event (Clark et al., 2006), including a major reduction in the export of North Atlantic-
sourced deep waters to the Southern Ocean (Pena and Goldstein, 2014) and expansion of
a nutrient-enriched, corrosive watermass into the deep North Atlantic during glacial stages
(Lear et al., 2016).
These lines of evidence suggest that climate evolution across the MPT—and ultimately
the origin of 100-kyr glacial cycles—was driven by similar mechanisms proposed for late Pleis-
tocene glaciations, specifically through enhanced deep ocean carbon storage (e.g., Raymo
et al., 1990, 1997; Hodell et al., 2003; Kemp et al., 2010; Pena and Goldstein, 2014; Lear
et al., 2016). Existing MPT deep ocean records rely primarily on carbon isotopes (δ13C),
which show a global deep ocean δ13C minimum around 900 ka (e.g. Raymo et al., 1997;
Hoogakker et al., 2006; Elderfield et al., 2012; Lisiecki, 2014). However, the underlying
cause of this minimum is debated due to multiple controls on deep ocean δ13C, including the
end-member composition and mixing proportions of deep water masses (Raymo et al., 1997,
2004), temperature-dependent isotopic fractionation during air-sea CO2 exchange (Broecker
and Maier-Reimer, 1992) and during photosynthetic carbon fixation (Rau et al., 1991), and
shifting burial fluxes of organic and inorganic carbon (Hoogakker et al., 2006). Consequently,
existing deep ocean δ13C records cannot unambiguously test the hypothesis of enhanced deep
ocean carbon storage at the MPT.
Here we present novel reconstructions of deep ocean DIC storage across the MPT by
applying proxies for deep ocean carbonate chemistry and nutrient concentrations to three
South Atlantic sediment records covering 1400 to 400 ka.
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5.2 Materials and Methods
5.2.1 Core locations and age models
We generated trace element records from the benthic foraminifer Cibicidoides wuellerstorfi
from Ocean Drilling Program Sites 1088 (41.13°S, 13.57°E, 2.1 km water depth), 1264
(28.53°S, 2.85°E, 2.5 km water depth), and 1267 (28.1°S, 1.7°E, 4.3 km water depth) (Figure
5.1a). These sites were selected for their sensitivity to end-member properties of, and mixing
between, northern- and southern-sourced watermasses. Site 1088 is on the Agulhas Ridge in
the Cape Basin at a depth characterized by input of northern-sourced upper North Atlantic
Deep Water (UNADW) and southern-sourced upper Circumpolar Deep Water/Antarctic In-
termediate Water (UCDW/AAIW) (Figure 5.1b). Sites 1264 and 1267 are on the northern
flank of Walvis Ridge in the Angola Basin, where Site 1264 is located within the center
of modern-day NADW. Today, Site 1267 is principally bathed in lower NADW despite its
great depth due to bathymetric constriction of lower CDW inflow to the Angola Basin below
∼3500 m (Figure 5.1b, Arhan et al., 2003).
Age models were derived from the respective benthic oxygen isotope stratigraphies (δ18Ob)
aligned to the global oxygen isotope stack of Lisiecki and Raymo (2005). δ18Ob and align-
ment for sites 1264 and 1267 are from Bell et al. (2014). For Site 1088, δ18Ob is from Hodell
et al. (2003), with alignment performed by Lisiecki and Raymo (2005).
5.2.2 Trace element measurements
Following Yu et al. (2013a), six to twelve C. wuellerstorfi specimens were hand picked from
the >250 µm size fraction of glacial-interglacial extremes (as indicated by δ18Ob) spanning
MIS 46 to MIS 11. When necessary, adjacent samples were combined to provide 200 to
300 µg of calcite. Specimens were gently crushed between clean glass slides and transferred
to HCl-cleaned 0.5 mL polypropylene vials. Crushed samples were passed through stan-
dard trace element cleaning procedures, including clay removal in methanol and boron-free
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Figure 5.1: a) Map of sediment core locations referenced in this study. ODP 1267 (dark
blue circle), ODP 1264 (cyan circle), and ODP 1088 (orange circle) are located in the South
Atlantic, along with cores in the SUSAS stack (black circles, Schmieder et al., 2000). DSDP
607 and ODP 1123 are indicated by red and purple filled circles, respectively. Yellow line
is the path of CLIVAR A13.5 hydrographic section shown in b) (Bullister et al., 2010). b)
Meridional cross-section showing modern-day phosphate and salinity distributions along 0°E
in the South Atlantic Ocean (CLIVAR A13.5). Black contours indicate salinity isolines.
Phosphate-poor, high salinity North Atlantic Deep Water fills the Angola Basin to >4000 m
depth, while phosphate-rich, lower salinity Antarctic Bottom Water is constrained to south
of Walvis Ridge. Plots created in Ocean Data View (http://odv.awi.de).
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MilliQ water, removal of Fe-Mn oxides and authigenic Mn carbonates by reduction with a
C6H8O7-NH4(OH)-N2H4 solution, oxidation of organic material with NaOH-buffered H2O2,
and a weak acid leach with 0.0001 N HNO3 to remove any adsorbed contaminants (e.g.,
Rosenthal et al., 1997; Barker et al., 2003). Samples were transferred to HCl-cleaned 2 mL
polypropylene vials between the oxidation and leach steps. Although reductive cleaning does
not appear to affect B/Ca ratios in C. wuellerstorfi and may be associated with dissolution
of primary calcite (Yu et al., 2007a), initial tests showed unacceptably high Mn and Fe con-
centrations (>100 µmol/mol) without reductive cleaning, and thus reductive cleaning was
performed on all samples in this study. All sample preparation was performed in a boron-free
HEPA laminar flow bench at the Lamont-Doherty Earth Observatory (LDEO).
Cleaned samples were dissolved in 0.8 to 1.6 mL of ultrapure 2% HNO3 immediately prior
to analysis, with the volume of acid adjusted by sample weight to obtain approximately 50
ppm [Ca] solutions. Trace element intensities were measured using a Thermo Scientific
iCAP Q quadrupole inductively coupled plasma mass spectrometer (ICP-MS) at LDEO
(Ford et al., 2016) following methods adapted from Yu et al. (2005). Low mass elements 7Li
and 11B were measured in standard mode; 23Na, 24Mg, 27Al, 43Ca, 55Mn, 56Fe, 87Sr, 111Cd,
138Ba, and 238U were measured in kinetic energy discrimination mode using a He collision
cell to minimize polyatomic interferences. Intensity drift was minimized by first employing
cone conditioning with a 100 ppm Ca solution for 1 hour prior to analysis (Yu et al., 2005),
and then correcting residual drift off-line using an internal 9Be-52Cr-72Ge-209Bi standard.
Concentrations and element ratios (relative to Ca) were calculated from element intensities
measured on a multielement standard solution prepared gravimetrically from trace element-
grade stock solutions. Five sequential dilutions created six standards covering [Ca] range
of 5 to 125 ppm. Each dilution was measured every analysis day, and linear calibrations of
intensity to concentration (with R2>0.9995) used to correct sample intensities to element
ratios. Element ratio precision was evaluated using nine full procedural replicates from
ODP 1267 and 1264, respectively, and six replicates from ODP 1088. At ODP 1267, the
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1sd replicate precision was 6.4 µmol/mol (3.7%) for B/Ca and 0.009 µmol/mol (6.9%) for
Cd/Ca. Long-term internal precision based on an in-house quality control standard was
3.4% for B/Ca and 4.2% for Cd/Ca.
5.2.3 Conversion to seawater chemical parameters
Extensive global coretop calibration shows that C. wuellerstorfi B/Ca records carbonate
ion saturation state (Yu and Elderfield, 2007; Rae et al., 2011; Raitzsch et al., 2011; Yu
et al., 2013a), termed ∆[CO2−3 ] (where ∆[CO
2−
3 ] = [CO
2−
3 ]in situ —[CO
2−
3 ]saturation). Projected
changes in deep ocean temperature, salinity and pressure on glacial-interglacial timescales
negligibly influence [CO2−3 ] compared to instrumental B/Ca precision (Yu et al., 2008).
Therefore, downcore changes in ∆[CO2−3 ] are expected to primarily reflect changes in deep
ocean [CO2−3 ]in situ, which are driven by the difference between total alkalinity (TA) and
dissolved inorganic carbon (DIC) (Figure 5.2a) (Yu et al., 2016). If the quantity (TA-DIC)
increases, the greater excess of TA relative to DIC implies a shift in DIC speciation toward
CO2−3 and thus increased [CO
2−
3 ]. Conversely, a decrease in the quantity (TA-DIC) implies
DIC speciation shifts toward CO2, and thus [CO
2−
3 ] decreases.
Changes in ∆[CO2−3 ] at our core sites are quantitatively linked to changes in TA and DIC
(Yu et al., 2010a, 2016) using the following relationship (Figure 5.2a):
(∆[CO2−3 ]measured −∆[CO2−3 ]reference) = 0.54 ∗ (∆TA−∆DIC) (5.1)
where ∆[CO2−3 ]measured −∆[CO
2−
3 ]reference gives the change in reconstructed ∆[CO
2−
3 ]
between each sample and a reference ∆[CO2−3 ] value (here, the average pre-950 ka interglacial
∆[CO2−3 ]), and ∆TA and ∆DIC are the changes in TA and DIC between each sample and
the reference, average pre-950 ka interglacial TA and DIC. Note that while we used ∆[CO2−3 ]
instead of absolute [CO2−3 ] (cf. Yu et al., 2013a, 2016), Equation 5.1 is identical using either
parameter because [CO2−3 ]saturation is assumed constant (Yu et al., 2008). The slope of this
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relationship (k) is less than one due to a larger contribution from non-carbonate species
(particularly borate anion) to TA as the quantity TA-DIC increases. k was calculated by
varying TA and DIC at constant temperature, salinity and pressure conditions characterizing
each core site in CO2sys (Van Heuven et al., 2011). Yu et al. (2016) determined k=0.59 by
regression of oceanographic data from below 2.5 km depth in the Atlantic Ocean, but this
value includes influences from pressure, temperature, and salinity variations within deep
Atlantic waters. Our slope is more appropriate because the expected ranges of temperature,
salinity and pressure variations at individual core sites across the late Pleistocene are likely
smaller than the present-day ranges of these parameters below 2.5 km in the Atlantic Ocean
as regressed by Yu et al. (2016).
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Figure 5.2: a) Relationship between TA-DIC and [CO2−3 ] from all Atlantic Ocean samples
>2 km water depth in the GLODAP version 2 dataset (n=16,297, Olsen et al., 2016). Data
points are colored by ambient pressure (in dbar). Note that the slope of the TA-DIC vs.
[CO2−3 ] linear relationship used by Yu et al. (2016) (k=0.59) does not correspond to a single
pressure surface (black dashed line). Here we apply a constant-pressure slope of 0.54 based
on calculations in CO2sys (black solid line). b) Effects of organic matter respiration (orange)
and carbonate dissolution (blue) on [CO2−3 ]. TA and DIC changes for each process are relative
to one mole of Corg respiration or CaCO3 dissolution. c) Relationship between phosphate
and cadmium concentrations for all depths in the Atlantic Ocean (54°N to 60°S) from the
GEOTRACES Intermediate Data Product version 3 (n=1,249, GEOTRACES et al., 2015).
Symbols are colored by ambient salinity. Black line indicates least-squares regression between
phosphate and the square root of cadmium concentrations.
Two processes primarily control deep ocean TA and DIC: organic matter respiration and
calcium carbonate (CaCO3) dissolution (Figure 2b). Respiring 1 mole of organic matter
increases DIC by 1 mole and decreases TA by 0.14 moles (Anderson and Sarmiento, 1994).
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This decreases the quantity (TA-DIC) by 1.14 moles and thus decreases [CO2−3 ]in situ by 0.62
moles. Dissolution of 1 mole of CaCO3 increases DIC by one mole and increases TA by
two moles, which increases (TA-DIC) by 1 mole and thus raises [CO2−3 ]in situ by 0.54 moles.
Accounting for these two processes, and assuming no long-term TA or DIC changes (from
e.g., changing weathering or burial fluxes; Clark et al., 2006), Eq. 5.1 becomes:
(∆[CO2−3 ]measured −∆[CO2−3 ]reference) = 0.54 ∗ ((∆TA−∆DIC)resp + (∆TA−∆DIC)diss)
(5.2)
where resp and diss denote changes from organic matter respiration and dissolution,
respectively. Using the above stoichiometric ratios of TA- and DIC-change during respiration
and dissolution, Eq. 2 reduces to:
(∆[CO2−3 ]measured −∆[CO2−3 ]reference) = 0.54 ∗ (0.5∆TAdiss − 1.14∆DICresp) (5.3)
Note that, as in Eq. 5.1, all ∆ values are relative to pre-950 ka interglacial averages.
Equation 5.3 has three unknowns: ∆[CO2−3 ], ∆TAdiss, and ∆DICresp. B/Ca constrains
∆[CO2−3 ], but one more constraint is required to solve Eq. 5.3.
Here we employ C. wuellerstorfi Cd/Ca to reconstruct deep ocean [Cd] (Boyle, 1988a,
1992; Marchitto and Broecker, 2006) and, through stoichiometry, DICresp. In the modern
Atlantic Ocean, Cd is strongly, but nonlinearly, correlated with phosphate (PO3−4 ) (de Baar
et al., 1994; Elderfield and Rickaby, 2000; Baars et al., 2014; Quay and Wu, 2015). This
nonlinearity is thought to reflect preferential, nonspecific Cd uptake by phytoplankton (El-
derfield and Rickaby, 2000; Horner et al., 2013), possibly modulated by the local abundance
of other trace elements (Baars et al., 2014). Recent high-quality Cd and PO3−4 concentration
measurements taken during the GEOTRACES program in the Atlantic Ocean (Baars et al.,
2014; GEOTRACES et al., 2015; Quay and Wu, 2015; Roshan and Wu, 2015) show a strong
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linear correlation between PO3−4 and the square root of the Cd concentration (Figure 5.2c).
Using [Cd] derived from foraminiferal Cd/Ca (Boyle, 1988a), seawater PO3−4 concentrations






∆DICresp associated with ∆[Cd] is calculated assuming a Redfield C:P ratio of 117±14:1
(Anderson and Sarmiento, 1994):






B/Ca and Cd/Ca results between MIS 46 (1400 ka) and MIS 11 (400 ka) are shown in Figure
5.3. Prior to MIS 25 (950 ka), ODP 1264 B/Ca varies from 200 to 220 µmol/mol with little
glacial-interglacial contrast or long-term trend. The average reconstructed ∆[CO2−3 ] of this
interval (+31±8 µmol/kg, 1sd) is within uncertainty of present-day ∆[CO2−3 ] at Site 1264
(+26 µmol/kg). ODP 1088 B/Ca also shows little glacial-interglacial contrast prior to the
MPT, but shows a long-term decrease beginning at MIS 29 (1025 ka). Before MIS 29, average
∆[CO2−3 ] at Site 1088 (+49±7 µmol/kg) is higher than at present-day (+24 µmol/kg) and
also higher than that of Site 1264. Sites 1088 and 1264 ∆[CO2−3 ] converge at ∼+30 µmol/kg
by MIS 28. Across the 900 ka event at MIS 23 (Clark et al., 2006), B/Ca at Sites 1088 and
1264 are largely invariant. After MIS 21 (850 ka), B/Ca at Site 1264 remains roughly constant
with the exception of a ∼20 µmol/mol lower value at MIS 12, although the available data
are limited. Site 1088 B/Ca again decreases after MIS 21, with its lowest values approaching
the calcite saturation horizon (i.e., ∆[CO2−3 ]=0 µmol/kg) at MIS 20 and 18.
In contrast to the intermediate ocean records, abyssal Site 1267 B/Ca (Figure 5.3b) shows
more pronounced glacial-interglacial cycles before the MPT with ∼25 µmol/mol higher B/Ca
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during interglacials MIS 35, 43 and 45 compared to the preceding and following glaciations.
There is little glacial-interglacial B/Ca contrast from ∼1350 to 1200 ka and 1100 to 975 ka,
as interglacial B/Ca values are lower than MIS 35, 43 and 45. The lowest pre-MPT B/Ca
values at Site 1267 (glacials and low interglacials) correspond to average ∆[CO2−3 ] of 3±5
µmol/kg, which is similar to present-day ∆[CO2−3 ] at this site (-2 µmol/kg). Across the 900
ka event, Site 1267 shows a sharp, two-step 55 µmol/mol B/Ca decrease from MIS 25 to
MIS 21. MIS 25 B/Ca is equivalent to peak pre-MPT interglacial B/Ca values during MIS
35, 43 and 45. B/Ca decreases by 30 µmol/mol between MIS 25 and MIS 24, with MIS
24 B/Ca values persisting through MIS 23. B/Ca decreases by an additional 25 µmol/mol
between MIS 23 and MIS 22, and does not increase at MIS 21. This corresponds to ∆[CO2−3 ]
of +20 µmol/kg at MIS 25, -5 to 0 µmol/kg at MIS 24-23, and -20 to -30 µmol/kg at MIS
22-21. Following MIS 21, peak interglacial B/Ca during MIS 19, 17 and 13 corresponds to
∆[CO2−3 ] of -6±2 µmol/kg, similar to modern (-2 µmol/kg). Peak glacial B/Ca from MIS 20
to MIS 12 corresponds to ∆[CO2−3 ] of -20±6 µmol/kg. These data suggest that the calcite
saturation horizon in the Angola Basin shoaled above 4.3 km depth at MIS 23, and stayed
above 4.3 km depth through at least MIS 12.
Cd/Ca (Figure 5.3c) is relatively stable in all three cores prior to ∼1000 ka, with the low-
est Cd/Ca values at Site 1267 (0.10 µmol/mol), intermediate values at 1264 (0.14 µmol/mol)
and highest values at 1088 (0.17 µmol/mol). All three cores do not show evident glacial-
interglacial Cd/Ca changes at this time. After 1000 ka, Sites 1264 and 1267 Cd/Ca increase
to MIS 26 (0.18 and 0.14 µmol/mol, respectively). All three sites show more pronounced
glacial-interglacial Cd/Ca variations between MIS 25 and MIS 22, with higher Cd/Ca at
glacial MIS 24 and 22, and lower Cd/Ca at MIS 25 and MIS 23, particularly at Site 1267.
Higher Cd/Ca persists at all three sites after 900 ka, with the highest absolute values for
Site 1088.
Figure 4 compares average glacial and interglacial ∆[CO2−3 ], Cd/Ca-derived [Cd], and
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Figure 5.3: South Atlantic B/Ca and Cd/Ca records across the MPT. a) Global δ18Ob stack
(black line, Lisiecki and Raymo, 2005); red and blue numbers denote interglacial and glacial
Marine Isotope Stages, respectively, surrounding the 900 ka event at MIS 23. b) B/Ca records
from Site 1088 (filled orange triangles), 1264 (filled cyan squares), and 1267 (filled dark blue
squares); y2-axis gives ∆[CO
2−
3 ] calculated after Yu et al. (2013a). c) Cd/Ca records from
core site 1088 (open orange triangles), 1264 (open cyan squares), and 1267 (open dark blue
squares).
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interval 400 to 940 ka (MIS 11 to 24). All glacials and interglacials from the two intervals
were distinguished by δ18Ob values, binned and averaged. Statistical significance of changes
was evaluated using two sample t-tests (α=0.05). Average glacial and interglacial ∆[CO2−3 ]
decrease in absolute values at all three core sites from before to during and after the MPT
transition, but only significantly for glacials and interglacials at Site 1267 (p=0.006 and
0.034, respectively). Both glacial and interglacial reconstructed [Cd] and [PO4] increase in
absolute value at all three core sites across the 900 ka event. These increases are significant
for Site 1267 glacials and interglacials (p<0.001 and p=0.007, respectively), Site 1264 glacials



























































































































































Figure 5.4: Average glacial (blue) and interglacial (red) ∆[CO2−3 ] (left), and [Cd] and [PO4]
(right) from before (1400 to 900 ka) and after (900 to 420 ka) the 900 ka event at Site 1088
(top), 1264 (middle) and 1267 (bottom). Gray arrows on y-axes indicate modern-day values
for each core location from hydrographic data.
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5.4 Discussion
5.4.1 Deep ocean chemistry change across the MPT
Our results reveal that changes in South Atlantic deep ocean chemistry were not uniform
with depth across the MPT. Considering the complex hydrographic setting of southernmost
Site 1088 (2.1 km; Figure 5.1), ∆[CO2−3 ] and [Cd] changes at this location likely reflect
varying proportions of northern- and southern-sourced waters in addition to any mean ocean
changes. Nd isotopes (expressed as εNd) from Site 1088 constrain relative proportions of
North Atlantic- and Pacific-sourced waters at this location (Pena and Goldstein, 2014).
While ∆[CO2−3 ] and [Cd] correlate with each other, neither correlates with εNd across the
MPT (Figure 5.5). As carbonate ion and cadmium are non-conservative tracers (Yu et al.,
2008; Boyle, 1988a), one explanation for the lack of correlation is that source water [CO2−3 ]
and [Cd] varied during the Pleistocene, while source water εNd did not (Pena and Goldstein,
2014). Site 1264 might be expected to record more typical NADW conditions and thus
constrain NADW endmember [CO2−3 ] and [Cd]. [Cd] increases across the MPT at Site 1264,
whereas ∆[CO2−3 ] is generally constant (Figure 5.3). This requires that the watermass at
Site 1264 became more nutrient enriched after the MPT without an appreciable carbonate
chemistry change. However, whether Site 1264 B/Ca and Cd/Ca reflect changing NADW
composition or mixing is difficult to determine, in part because the low accumulation rate (<1
cm/kyr) and scarcity of C. wuellerstorfi at this site limit data after 900 ka. Overall, without a
clearer relationship between ∆[CO2−3 ], [Cd] and the MPT at Sites 1088 and 1264, evaluating
the contributions of watermasses at these sites to ocean nutrient and carbonate chemistry
changes across the MPT requires better constraints on watermass endmember compositions.
These constraints necessitate additional B/Ca and Cd/Ca records from watermass source
regions, particularly the North Atlantic and Southern Ocean. While a North Atlantic record
is available from Site 607, the greater apparent influence of AABW at this location during
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Figure 5.5: Comparison of ODP 1088 εNd (panel a, filled circles; Pena and Goldstein, 2014)
with ∆[CO2−3 ] (panel b, filled squares) and [Cd] (panel c, open squares). Shaded area denotes
950 to 850 ka. In a) through c), red filled/outlined symbols indicate interglacial samples, blue
filled/outlined symbols indicate glacial samples, and green filled/outlined symbols indicate
transitional samples. d) Cross-plot of ∆[CO2−3 ] with [Cd], symbol color corresponds to age.
e) Cross-plot of εNd and ∆[CO2−3 ]; f) Cross-plot of εNd and [Cd]. Symbol color in e) and
f) corresponds to sample age given by the color bar shared between panels. Black lines in
d) and e) indicate linear least-squares regressions. No significant relationship is observed
between εNd and [Cd] (F-test, p=0.43).
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At the deepest Site 1267 (4.3 km), sharply increased [Cd] and decreased ∆[CO2−3 ] be-
tween MIS 26 and MIS 22 (Figure 5.3) appear directly associated with the 900 ka event.
Furthermore, the relative changes in both parameters support increased DIC storage in the
watermass bathing this location. We quantify respired DIC from Cd/Ca using Equation 5.4
and assuming Redfield stoichiometry. The 0.28 nmol/kg [Cd] increase at Site 1267 between
MIS 26 and MIS 22 corresponds to a 0.50±0.20 µmol/kg increase in [PO4] and a 60±35
µmol/kg DICresp addition.
Calculating DIC from Cd is subject to several assumptions discussed here. First, these
values assume no change in preformed nutrient contribution, which decouples Cd (and PO3−4 )
from DICresp (e.g., Jaccard et al., 2009). Increased preformed nutrients could occur via
greater contribution of high preformed nutrient southern-sourced waters at Site 1267 and
correspondingly less, low preformed nutrient NADW (Marinov et al., 2008; Jaccard et al.,
2009), a scenario supported by Nd isotopes during the MPT (Pena and Goldstein, 2014).
To assess the potential preformed nutrient contribution to [PO3−4 ] change across the MPT,
Nd data were generated on planktonic foraminifera oxide coatings at Site 1267 (Figure 5.6)
following the procedures of Pena and Goldstein (2014). Our data show a ∼20% reduction
in NADW export to Site 1267 between MIS 26 (εNd=-11.4) and MIS 22 (εNd=-9.0), sim-
ilar in timing and amplitude to Sites 1088 and 1090 (Pena and Goldstein, 2014). Using
the present-day preformed PO4 of NADW (1.0 µmol/kg) and AABW (1.4 µmol/kg), the
NADW reduction inferred from εNd would increase preformed PO4 by at most 0.1 µmol/kg
(Figure 5.6), or ≤20% of the observed PO4 increase between MIS 26 and 22, which is within
uncertainty. Futhermore, model simulations show that increasing the preformed fraction of
ocean nutrients leads to increased atmospheric pCO2 (through reduced ocean CO2 seques-
tration, Marinov et al., 2008), which disagrees with available pCO2 data from the MPT
(Hönisch et al., 2009). These lines of evidence suggest that any preformed nutrient change
across the MPT was likely small and does not significantly alter our Cd/Ca-derived ∆DICresp
reconstruction.
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Second, changing ocean Cd inventories would change the Cd:PO3−4 relationship (Equation
5.4; Figure 5.2c) and our calculation of DICresp (Equation 5.5). As Cd is removed from the
ocean by CdS precipitation in shallow suboxic regions, the extent of suboxic waters in the
past could influence the ocean Cd inventory (Rosenthal et al., 1995; Conway and John,
2015). The magnitude of this sink effect appears small; Rosenthal et al. (1995) estimate
that doubling suboxic sediment extent over 20 kyr would decrease Cd inventory by ≤5%.
Also, the [Cd] variations at Site 1267 occur within ∼ 60 kyr across the MPT (MIS 25 to
22, Figure 5.3). These variations are difficult to attribute to Cd inventory changes given
the relatively long oceanic residence time of Cd (∼50 kyr, Rosenthal et al., 1995). However,
because Cd inventory changes and the extent of suboxic sediments and waters are poorly
constrained over the last 1.5 Ma, we conservatively estimate an uncertainty of ±10% on
the Cd inventory. This uncertainty is propagated to the Cd:PO3−4 :DICresp relationship, and




























Figure 5.6: Nd isotope measurements (expressed as εNd) on planktic foraminiferal oxide
coatings from Site 1267 (filled circles, this study) and Site 1088 (diamonds, Pena and Gold-
stein, 2014). Red and blue symbols denote interglacial and glacial extremes, respectively.
Y2 axis gives preformed PO4 for the watermass bathing each core location calculated from
Nd mixing ratios (see Pena and Goldstein, 2014) assuming modern preformed PO4 values of
NADW (1.0 µmol/kg) and AABW (1.4 µmol/kg).
Does the observed ∆[CO2−3 ] change from B/Ca agree with this ∆DICresp reconstruction
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from Cd/Ca? Quantifying DIC change from ∆[CO2−3 ] is challenging due to the confounding
influence of TA. Previous B/Ca applications assumed that TA did not change over short
study intervals (<50 kyr, Yu et al., 2010a, 2016). In contrast, our 1000-kyr records cover
a climate transition associated with notable changes in deep-sea carbonate sedimentation
(e.g., Schmieder et al., 2000; Hodell et al., 2003; Sexton and Barker, 2012). Decreasing
B/Ca ratios between MIS 26 and 22 infer negative ∆[CO2−3 ] values and therefore suggest
the calcite saturation horizon shoaled to above the depth of Site 1267 (Figure 5.3), which
likely drove increased local CaCO3 dissolution and enhanced sedimentary TA efflux across
the MPT. Quantifying the DIC change from ∆[CO2−3 ] across the MPT thus requires an
independent estimate of TA change.
In the absence of paleo-proxies for TA, we demonstrate that B/Ca-derived ∆[CO2−3 ] agrees
with the Cd/Ca-derived ∆DICresp reconstruction if deep South Atlantic TA transiently in-
creased between MIS 25 and 24. Figure 5.7 compares the ∆[CO2−3 ] reconstruction from B/Ca
with ∆[CO2−3 ] predicted from ∆DICresp, assuming no CaCO3 dissolution occurred (e.g., no
change in the quantity (∆TA−∆DIC)diss in Equation 5.2). These two ∆[CO2−3 ] reconstruc-
tions largely agree within uncertainty across the study interval (Figure 5.7a). However, these
measures diverge between 940 and 920 ka (MIS 25 to MIS 24 transition), with B/Ca show-
ing 35 to 45 µmol/kg higher ∆[CO2−3 ] than predicted from the magnitude of ∆DICresp at
this time (Figure 5.7b). This disagreement is reflected in change-point statistics, which test
for the timing and significance of shifts in the mean value of a timeseries (Lanzante, 1996).
Applying these techniques to our Site 1267 data shows that Cd/Ca shifts to higher values
(e.g., higher ∆DICresp) at 940 ka (z-score=5.45, p<0.001), prior to B/Ca decreasing (e.g.,
lower ∆[CO2−3 ]) at 910 ka (z-score=-5.27, p<0.001).
This divergence between observed and predicted ∆[CO2−3 ] can be balanced by dissolu-
tion. Dissolution raises the quantity (TA−DIC), hence increasing [CO2−3 ] and offsetting the
lowering of ∆[CO2−3 ] from DICresp addition (Figure 5.2b and Equation 5.3). Substituting
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Figure 5.7: (a) Comparison of ∆[CO2−3 ] from B/Ca (observed; black line, gray shading is
±1sd) and from Cd/Ca-derived ∆DICresp assuming no CaCO3 dissolution (predicted; red
line, red shading is ±1sd). (b) Observed− predicted ∆[CO2−3 ]; right axis gives TA change
from carbonate dissolution (∆TAdiss) necessary to explain observed− predicted ∆[CO2−3 ].
Gray shading indicates ±1sd uncertainty on ∆[CO2−3 ] offset and ∆TAdiss relative to no
change. (c) Site 1267 reflectance (L*); thick blue line is 400-kyr Gaussian filter. (d) and (e)
Reconciling ∆[CO2−3 ] changes between pre-950 ka interglacials and MPT glacials from Corg
respiration and CaCO3 dissolution. Red square in (d) and (e), blue filled diamond in (d),
and blue filled triangle in (e) are B/Ca-derived ∆[CO2−3 ] for pre-950 ka interglacials, MIS
22, and MIS 24, respectively. Blue open diamond and triangle in (d) and (e) are ∆[CO2−3 ]
predicted from combined TA and DIC change from Cd/Ca-derived organic matter respiration
only (orange lines). Cyan lines indicate the magnitude of carbonate dissolution necessary to
reconcile predicted ∆[CO2−3 ] from Cd/Ca with observed ∆[CO
2−
3 ] from B/Ca.
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the alkalinity flux from CaCO3 dissolution necessary to balance the change in ∆[CO
2−
3 ] es-
timated from ∆DICresp with the total ∆[CO
2−
3 ] inferred from B/Ca. Because the effect of
dissolution on [CO2−3 ] is smaller than that of respiration (Equation 5.3), balancing ∆DICresp
and ∆DICresp requires a relatively large alkalinity increase of 130 to 160 µmol/kg (5-7%
of modern TA) with respect to pre-950 ka interglacials during the MIS 25 to 24 transition
(Figure 5.7b). In contrast, outside of the MIS 25 to 24 transition ∆TAdiss averages 2.7±36
µmol/kg, suggesting no significant TA change is necessary to reconcile B/Ca and Cd/Ca
outside this interval.
The contribution of these processes to ∆[CO2−3 ], TA, and DIC are illustrated in Figure
5.7d-e. Both MIS 22 and MIS 24 exhibit higher DICresp with respect to pre-950 ka inter-
glacials, but MIS 24 shows only a modest reduction in ∆[CO2−3 ] with respect to pre-950 ka
interglacials (Figure 5.7e), whereas MIS 22 shows a large ∆[CO2−3 ] decrease (Figure 5.7d).
As a result, ∆TAdiss must be higher at MIS 24 than at MIS 22 given our assumption of
no change in other TA or DIC sources/sinks. Note that the propagated uncertainty on
this ∆TA estimate is large (±50 µmol/kg), and these estimates would clearly benefit from
the development of TA proxies. Nonetheless, our geochemical evidence for dissolution at
Site 1267 during the MIS 25 to 24 transition aligns with decreasing sediment reflectance at
this time (Figure 5.7c), indicating a clay-enriched lithology that most likely resulted from
CaCO3 dissolution (Shipboard Scientific Party, 2004). In summary, although B/Ca-derived
∆[CO2−3 ] and Cd/Ca-derived [Cd] are interrelated through the effect of the biological pump
on deep ocean carbonate chemistry, both records are consistent with an abrupt, ∼60 µmol/kg
increase in DIC at Site 1267 between MIS 26 and MIS 22.
5.4.2 Extent of increased abyssal South Atlantic DIC
The climatic implications from increased abyssal DIC across the MPT depend in part on
the extent of DIC-enriched abyssal ocean water. We have to consider that increased DIC
was highly localized to Site 1267 and thus of limited significance to global climate. Such
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a localized response would likely reflect a local productivity change (for instance, in the
distally located Benguela Upwelling zone) rather than a broader change in deep ocean chem-
istry. However, several lines of evidence argue against this. First, modern-day surface ocean
productivity over Sites 1264 and 1267 is low (45-50 gC/m2/yr; Bickert and Wefer, 1996),
suggesting that Site 1267 is minimally influenced by Benguela Upwelling today. Second,
available paleo-records of Benguela Upwelling show modest variations across the 900 ka
event, when the [Cd] and ∆[CO2−3 ] changes are largest, compared to the rest of the Pleis-
tocene (Figure 5.8) (Rosell-Melé et al., 2014). Third present-day relationships between Cd,
PO4 and δ
13C in the North Atlantic Ocean suggest Cd regeneration from surface productivity
dominantly occurs in the upper 0.3 to 1.0 km of the water column, with the Cd distribu-
tion below 1 km driven primarily by watermass variations (Quay and Wu, 2015; Roshan
and Wu, 2015). If these modern observations are applicable to the mid-Pleistocene South
Atlantic, local surface ocean productivity is unlikely to affect [Cd] at the depth of Site 1267
(4.3 km). Fourth, any local productivity effect should also be recorded at the shallower Site
1264. While Site 1264 shows a broadly similar mid-Pleistocene [Cd] increase (Figure 5.8c),
∆[CO2−3 ], [Cd], and δ
13C records at Site 1264 differ from Site 1267 across the MPT (Figure
5.8d, e). Therefore, Site 1267 ∆[CO2−3 ] and [Cd] are not likely primarily driven by local
productivity.
Sediment core lithologies support the presence of a DIC-enriched watermass bathing a
broad swath of the abyssal South Atlantic around 900 ka. As noted previously, Site 1267
reflectance decreases at∼1000 ka from enhanced dissolution at this time (Figure 5.9a-b). The
reflectance record at Site 1267 strongly resembles a stack of twelve magnetic susceptibility
records from 2.9 to 4.5 km depth in a zonal transect across the subtropical South Atlantic
(SUSAS stack, Figure 5.1; Schmieder et al., 2000). The SUSAS stack shows a transition
to higher magnetic susceptibility (lower carbonate content) between 1000 and 900 ka, with
reduced carbonate content and lower sedimentation rates lasting until ∼600 ka (Figure 5.9c),











































































































Figure 5.8: Records of Benguela Upwelling intensity based on alkenone sea surface tem-
peratures (dashed lines, panel a) and alkenone mass accumulation rates (solid lines, panel
b) (Rosell-Melé et al., 2014) compared with Site 1264 and 1267 [Cd] (panel c; this study),
∆CO2−3 (panel d; this study) and δ
13C (panel e; Bell et al., 2014). Gray shaded interval
highlights 950 to 850 ka.
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sedimentation patterns of reduced reflectance and increased magnetic susceptibility in the
SUSAS stack indicate that a DIC-enriched watermass spanned both the eastern and western
basins of the South Atlantic at ≥ 4 km depth starting between 950 and 900 ka. These
bulk sediment results are corroborated by benthic δ13C records, which decrease by 1.2h in
the North Atlantic (DSDP 552; Raymo et al., 1990), and ∼0.7h in the South Atlantic
(ODP 1267, Bell et al., 2014) and deep Pacific (ODP 849; Mix et al., 1995) between 1000
and 900 ka (not shown). Taken together, bulk sediment properties and global deep ocean
δ13C records suggest that abyssal carbon storage notably increased between 1000 and 900
ka, although constraining the exact magnitude of this increase requires additional abyssal
records. Unfortunately, few existing sediment records from >4 km water depth cover the
MPT and possess sufficient C. wuellerstorfi specimens for corroborating B/Ca and Cd/Ca
analyses (e.g., Poirier and Billups, 2014).
5.4.3 Mechanism for increased abyssal ocean DIC
Abrupt transitions to reduced abyssal South Atlantic carbonate saturation (Figure 5.10a)
and enhanced respired carbon storage (Figure 5.10b) are contemporaneous with evidence
for perturbations to Atlantic thermohaline circulation strength (Pena and Goldstein, 2014)
(Figure 5.10c) and atmospheric pCO2 (Hönisch et al., 2009) (Figure 5.10d). These coor-
dinated responses of deep ocean carbonate chemistry and internal climate amplifiers argue
for a mechanism similar to the nutrient/CO2 deepening hypotheses proposed for late Pleis-
tocene glacial cycles (Boyle, 1988b; Marchitto et al., 2005; Jaccard et al., 2009) at the MPT
(cf. Lear et al., 2016). Specifically, we hypothesize that enhanced deep ocean stratification
facilitated abyssal nutrient/DIC storage in the South Atlantic at the MPT.
Adkins (2013) proposed that late Pleistocene glaciations are driven in part by enhanced
salinity-driven stratification of Antarctic Bottom Water (AABW). As NADW cools leading
into glaciations, upwelled NADW around Antarctica melts less marine-based ice, leading to





























































Figure 5.9: Coordinated shifts in deep-ocean calcium carbonate preservation across the MPT.
a) Site 1267 ∆DICresp from C. wuellerstorfi Cd/Ca; higher values are downward. Black line
is smoothed spline fit. b) Site 1267 color reflectance (L*); higher values indicating increased
CaCO3 are upward. c) SUSAS South Atlantic magnetic susceptibility stack (Schmieder et al.,
2000), with lower values indicating increased CaCO3 upward. d) Indian Ocean composite
coarse fraction index (CCFI) from ODP 722 and 758; higher CCFI values indicate increased





























































































































Figure 5.10: Deep South Atlantic Ocean chemistry from ODP 1267 in the context of chang-
ing ocean circulation and atmospheric pCO2 across the MPT. a) ODP 1267 B/Ca-derived
∆[CO2−3 ]. b) ODP 1267 Cd/Ca-derived ∆DICresp (note higher ∆DICresp is downward). c)
Global δ18Ob stack (gray line; Lisiecki and Raymo, 2005) and εNd of planktic foraminifera
oxide coatings from ODP 1088 (filled circles) and ODP 1090 (open diamonds) (Pena and
Goldstein, 2014). d) Atmospheric pCO2 from EPICA Dome C ice core (gray line, Lüthi
et al., 2008) and inferred atmospheric pCO2 from boron isotope measurements in planktic
foraminifera at ODP Site 668B (circles, Hönisch et al., 2009). e) Reconstructed BWT from
the North Atlantic Ocean (Sosdian and Rosenthal, 2009). f) Reconstructed δ18Osw from the
deep Pacific Ocean (Elderfield et al., 2012). Black dashed lines in e) and f) denote average
glacial values pre-MIS 25 and post-MIS 23. Brown shading indicates MIS 25 through 21 and
brackets the 900 ka event at MIS 23. Red and blue symbols in a)-d) reflect interglacial and
glacial samples, respectively. Red and blue shading in a) and b) indicates average glacial
and interglacial proxy values before and after MIS 23. Purple shading in d) indicates average
pCO2 for the intervals 0-400ka, 400-850ka, and 850-2000 ka (Hönisch et al., 2009).
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anism is consistent with available deep ocean temperature records for the MPT: NADW
first reached temperatures ≤ 0℃ at MIS 24 (Figure 5.10e; Sosdian and Rosenthal, 2009),
which conceivably could represent a threshold where upwelled NADW’s effectiveness at melt-
ing Antarctic ice weakened considerably. Conversely, Site ODP 1123 from the South Pacific
tracks southern-sourced LCDW and shows no long-term temperature change across the MPT
(Elderfield et al., 2012). However, an abrupt increase in δ18O of seawater (δ18Osw) at 900
ka was initially interpreted to reflect enhanced Antarctic ice volume (Figure 5.10f; Elderfield
et al., 2012). This interpretation is now debated because increased ice volume should cause a
globally uniform δ18Osw signature, but North Atlantic records do not show a similarly large
δ18Osw excursion at 900 ka (Sosdian and Rosenthal, 2009; Ford et al., 2016). Since δ
18Osw
increases with increasing salinity, this δ18Osw discrepancy is resolved if Antarctic-sourced
LCDW became more saline around 900 ka, an expected result from cooler NADW (Adkins,
2013). Thus, we interpret increased δ18Osw at Site 1123 around 900 ka (Elderfield et al.,
2012) to reflect increased salinity of southern-sourced deep waters in addition to increased
ice volume. Because deep ocean density is highly sensitive to salinity, the resultant increase
in salinity-driven deep stratification leads to greater DIC and nutrient sequestration in the
abyssal South Atlantic (Figure 5.10a), causing the concomitant ∆[CO2−3 ] reduction at Site
1267 (Figure 5.10b), the carbonate minimum observed throughout the abyssal South At-
lantic (Figure 5.9), and increased nutrient/reduced ∆[CO2−3 ] glacial intervals observed after
900 ka at DSDP 607 in the North Atlantic (Lear et al., 2016).
5.4.4 Climate implications
While our evidence for elevated abyssal ocean DICresp and reduced ∆[CO
2−
3 ] supports en-
hanced deep ocean carbon storage at the MPT, the climatic impact of this DIC redistribution
requires whole-ocean carbon accounting. Carbonate compensation is a particularly critical
concept. If our South Atlantic data reflect a global abyssal ocean DIC increase around 900
ka, then CaCO3 dissolution must have increased within ∼10-20 kyr to restore the TA:DIC
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ratio of the abyssal ocean (Broecker and Peng, 1987; Marchitto et al., 2005). Intriguingly,
Site 1267 shows no evidence for carbonate compensation; after decreasing abruptly around
900 ka, ∆[CO2−3 ] remained low for the remainder of our record until MIS 12 (Figure 5.10a).
Because carbonate compensation is a globally integrated response, the protracted inter-
val of reduced ∆[CO2−3 ] and sedimentary CaCO3 throughout the South Atlantic (Figure 5.9)
could (1) reflect an extended period of reduced continental weathering and TA supply to the
ocean, or (2) be balanced by enhanced CaCO3 preservation elsewhere. Scenario 1 is unlikely
because it requires that riverine TA fluxes sharply decreased around the 900 ka event and
remained lower until ∼400 ka. Although few constraints exist, carbon cycle modeling sug-
gests that the MPT primarily magnified glacial-interglacial continental weathering changes,
without necessarily driving a long-term global continental weathering decrease (Clark et al.,
2006).
Scenario 2 implies that decreased South Atlantic ∆[CO2−3 ] does not reflect the integrated
global abyssal ocean response across the MPT, and ∆[CO2−3 ] must have increased elsewhere
to maintain the global deep ocean TA:DIC ratio. As ∆[CO2−3 ] also decreased during glacials
in the North Atlantic across the MPT (Lear et al., 2016), the North Atlantic apparently did
not compensate for the South Atlantic ∆[CO2−3 ] decline across the MPT. Instead, carbonate
compensation would most likely require increased ∆[CO2−3 ] in the deep Indo-Pacific Oceans.
On orbital timescales, reduced glacial South Atlantic CaCO3 preservation may have been
compensated by improved Pacific CaCO3 preservation during glacials after∼ 1100 ka (Sexton
and Barker, 2012). On longer timescales, the apparent reduction in carbonate sedimentation
throughout the South Atlantic after 900 ka is mirrored by improved carbonate preservation
in the deep Indian Ocean, as indicated by greater coarse fraction content (Figure 5.9d)
(Bassinot et al., 1994). Although the reasons behind these preservation changes remain
elusive, enhanced Indian Ocean CaCO3 preservation could allow for a significant decrease in
abyssal Atlantic ∆[CO2−3 ] at 900 ka by shifting the locus of carbonate compensation to the
Indian Ocean.
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The combination of an abrupt decrease in NADW export to the South Atlantic (Figure
5.10c; Pena and Goldstein, 2014), greater southern-sourced water incursion to the North At-
lantic (Lear et al., 2016), decreased atmospheric pCO2 (Figure 5.10d; Hönisch et al., 2009),
and enhanced deep Atlantic carbon storage (Figure 5.10b) at the MPT is strikingly similar
to the sequence of events proposed for transitioning between late Pleistocene interglacial
and glacial stages. An emerging argument suggests that rearranging Atlantic thermohaline
circulation to dominantly nutrient-enriched, corrosive deep waters during the descent into
late Pleistocene glaciations represents an important component of glacial ocean carbon se-
questration (Skinner, 2009; Hain et al., 2010; Ferrari et al., 2014; Yu et al., 2016). Model
and paleoceanographic studies estimate that this circulation change decreases atmospheric
pCO2 by ∼30 µatm (Hain et al., 2010; Yu et al., 2016) which agrees with the boron isotope
estimates of atmospheric pCO2 decrease across the MPT (Hönisch et al., 2009). A mecha-
nistic understanding of this pCO2 decrease suggests that this agreement is not coincidental.
Within this context, we suggest that the 900 ka event was the first time when Atlantic Ocean
thermohaline circulation and the deep Atlantic carbon cycle acted in concert to enhance deep
ocean carbon storage during the transition to glacial intervals. This coordinated behavior
became a central contributor to the intensified glaciations that characterized 100-kyr cycles
in the late Pleistocene.
5.5 Conclusions
Benthic foraminiferal trace element records from the South Atlantic Ocean show that the
calcite saturation horizon shoaled and nutrients rapidly accumulated in abyssal waters dur-
ing the mid-Pleistocene transition from 41-kyr to 100-kyr glacial cycles. These observations
suggest that the abyssal South Atlantic Ocean stored an additional 60±35 µmol/kg of DIC
from respired organic matter between 950 and 900 ka. This chemical shift is reflected in cor-
responding decreases in global deep ocean δ13C and enhanced carbonate dissolution through-
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out the abyssal South Atlantic at this time. We propose that long-term cooling of North
Atlantic-sourced deep waters during glaciations passed a threshold at the MPT, leading to
increased southern-sourced deep water salinity, and driving stratification that sequestered
additional DIC in the abyssal Atlantic ocean. While the details of this interplay require
further refinement, these observations suggest that increased deep Atlantic Ocean carbon
storage is intimately linked with the shift to 100-kyr glacial cycles.
5.6 Acknowledgements
We thank Katherine Esswein and Jennifer Falsetta for laboratory assistance. JRF acknowl-
edges support from the NSF Graduate Research Fellowship Program (DGE-11-44155). This
research was funded by NSF OCE-14-36079.
150
References
Adkins, J., Boyle, E., Curry, W., Lutringer, A., 2003. Stable isotopes in deep-sea corals and
a new mechanism for ”vital effects”. Geochimica et Cosmochimica Acta 67 (6), 1129 –
1143.
Adkins, J., Cheng, H., Boyle, E., Druffel, E., Edwards, R., 1998. Deep-sea coral evidence for
rapid change in ventilation of the deep North Atlantic 15,400 years ago. Science 280 (5364),
725–728.
Adkins, J., Griffin, S., Kashgarian, M., Cheng, H., Druffel, E., Boyle, E., Edwards, R. L.,
Shen, C., 2002. Radiocarbon dating of deep-sea corals. Radiocarbon 44 (2).
Adkins, J. F., 2013. The role of deep ocean circulation in setting glacial climates. Paleo-
ceanography 28 (3), 539–561.
Al-Ammar, A. S., Gupta, R. K., Barnes, R. M., 2000. Elimination of boron memory effect
in inductively coupled plasma-mass spectrometry by ammonia gas injection into the spray
chamber during analysis. Spectrochimica Acta Part B: Atomic Spectroscopy 55 (6), 629–
635.
Al-Horani, F. A., Al-Moghrabi, S. M., Beer, D., 2002. The mechanism of calcification and its
relation to photosynthesis and respiration in the scleractinian coral Galaxea fascicularis.
Marine Biology 142 (3), 419–426.
Allemand, D., Tambutté, É., Zoccola, D., Tambutté, S., 2011. Coral Calcification, Cells to
Reefs. Springer Netherlands, pp. 119–150.
Allen, K. A., Hönisch, B., Eggins, S. M., Rosenthal, Y., 2012. Environmental controls on
B/Ca in calcite tests of the tropical planktic foraminifer species Globigerinoides ruber and
Globigerinoides sacculifer . Earth and Planetary Science Letters 351, 270–280.
Allen, K. A., Sikes, E. L., Hönisch, B., Elmore, A. C., Guilderson, T. P., Rosenthal, Y.,
Anderson, R. F., 2015. Southwest pacific deep water carbonate chemistry linked to high
southern latitude climate and atmospheric CO2 during the last glacial termination. Qua-
ternary Science Reviews 122, 180–191.
Allison, J. D., Brown, D. S., Kevin, J., et al., 1991. MINTEQA2/PRODEFA2, a geochemical
assessment model for environmental systems: Version 3.0 user’s manual. Environmental
151
Research Laboratory, Office of Research and Development, US Environmental Protection
Agency Athens.
Allison, N., Finch, A. A., 2010. δ11B, Sr, Mg and B in a modern Porites coral: The relation-
ship between calcification site pH and skeletal chemistry. Geochimica et Cosmochimica
Acta 74 (6), 1790 – 1800.
Anagnostou, E., Huang, K.-F., You, C.-F., Sikes, E., Sherrell, R., 2012. Evaluation of boron
isotope ratio as a pH proxy in the deep sea coral Desmophyllum dianthus : Evidence of
physiological ph adjustment. Earth and Planetary Science Letters 349 - 350, 251 – 260.
Anagnostou, E., Sherrell, R. M., Gagnon, A., LaVigne, M., Field, M. P., McDonough, W. F.,
2011. Seawater nutrient and carbonate ion concentrations recorded as P/Ca, Ba/Ca, and
U/Ca in the deep-sea coral Desmophyllum dianthus. Geochimica et Cosmochimica Acta
75 (9), 2529 – 2543.
Anderson, L. A., Sarmiento, J. L., 1994. Redfield ratios of remineralization determined by
nutrient data analysis. Global Biogeochemical Cycles 8 (1), 65–80.
Andrews, A. H., Stone, R. P., Lundstrom, C. C., DeVogelaere, A. P., 2009. Growth rate and
age determination of bamboo corals from the northeastern Pacific Ocean using refined
210Pb dating. Mar Ecol Prog Ser 397, 173–185.
Antonov, J., Seidov, D., Boyer, T., Locarnini, R., Mishonov, A., Garcia, H., Baranova, O.,
Zweng, M., Johnson, D., 2010. World Ocean Atlas 2009, Volume 2: Salinity. S. Levitus,
Ed. NOAA Atlas NESDIS 69.
Archer, D., 1996a. A data-driven model of the global calcite lysocline. Global Biogeochemical
Cycles 10 (3), 511–526.
Archer, D. E., 1996b. An atlas of the distribution of calcium carbonate in sediments of the
deep sea. Global Biogeochemical Cycles 10 (1), 159–174.
Arhan, M., Mercier, H., Park, Y.-H., 2003. On the deep water circulation of the eastern
south atlantic ocean. Deep Sea Research Part I: Oceanographic Research Papers 50 (7),
889–916.
Arrhenius, S., 1896. Xxxi. on the influence of carbonic acid in the air upon the temperature
of the ground. The London, Edinburgh, and Dublin Philosophical Magazine and Journal
of Science 41 (251), 237–276.
Baars, O., Abouchami, W., Galer, S. J., Boye, M., Croot, P., 2014. Dissolved cadmium in
the southern ocean: Distribution, speciation, and relation to phosphate. Limnology and
Oceanography 59 (2), 385–399.
Bard, E., Raisbeck, G., Yiou, F., Jouzel, J., 2000. Solar irradiance during the last 1200 years
based on cosmogenic nuclides. Tellus B 52 (3).
152
Barker, S., Greaves, M., Elderfield, H., 2003. A study of cleaning procedures used for
foraminiferal Mg/Ca paleothermometry. Geochemistry, Geophysics, Geosystems 4 (9).
Bassinot, F. C., Beaufort, L., Vincent, E., Labeyrie, L. D., Rostek, F., Müller, P. J.,
Quidelleur, X., Lancelot, Y., 1994. Coarse fraction fluctuations in pelagic carbonate sedi-
ments from the tropical Indian Ocean: A 1500-kyr record of carbonate dissolution. Pale-
oceanography 9 (4), 579–600.
Bates, N. R., 2007. Interannual variability of the oceanic CO2 sink in the subtropical gyre
of the North Atlantic Ocean over the last 2 decades. Journal of Geophysical Research:
Oceans (1978–2012) 112 (C9).
Bauska, T. K., Baggenstos, D., Brook, E. J., Mix, A. C., Marcott, S. A., Petrenko, V. V.,
Schaefer, H., Severinghaus, J. P., Lee, J. E., 2016. Carbon isotopes characterize rapid
changes in atmospheric carbon dioxide during the last deglaciation. Proceedings of the
National Academy of Sciences, 201513868.
Bayer, F., Stefani, J., 1987. New and previously known taxa of isidid octocorals (Coelenter-
ata: Gorgonacea), partly from Antarctic waters. Proceedings of the Biological Society of
Washington 100 (4), 937–991.
Bell, D. B., Jung, S. J., Kroon, D., Lourens, L. J., Hodell, D. A., 2014. Local and re-
gional trends in Plio-Pleistocene δ18o records from benthic foraminifera. Geochemistry,
Geophysics, Geosystems 15 (8), 3304–3321.
Bickert, T., Wefer, G., 1996. Late Quaternary Deep Water Circulation in the South Atlantic:
Reconstruction from Carbonate Dissolution and Benthic Stable Isotopes. Springer Berlin
Heidelberg, Berlin, Heidelberg, pp. 599–620.
Blamart, D., Rollion-Bard, C., Meibom, A., Cuif, J.-P., Juillet-Leclerc, A., Dauphin, Y.,
2007. Correlation of boron isotopic composition with ultrastructure in the deep-sea coral
Lophelia pertusa: Implications for biomineralization and paleo-pH. Geochemistry, Geo-
physics, Geosystems 8 (12).
Boyle, E. A., 1988a. Cadmium: Chemical tracer of deepwater paleoceanography. Paleo-
ceanography 3 (4), 471–489.
Boyle, E. A., 1988b. Vertical oceanic nutrient fractionation and glacial/interglacial co2 cycles.
Nature 331 (6151), 55–56.
Boyle, E. A., 1992. Cadmium and δ13C paleochemical ocean distributions during the stage
2 glacial maximum. Annual Review of Earth and Planetary Sciences 20, 245–287.
Brahmi, C., Kopp, C., Domart-Coulon, I., Stolarski, J., Meibom, A., 2012. Skeletal growth
dynamics linked to trace-element composition in the scleractinian coral Pocillopora dam-
icornis. Geochimica et Cosmochimica Acta 99, 146–158.
153
Brewer, P. G., Wong, G. T., Bacon, M. P., Spencer, D. W., 1975. An oceanic calcium
problem? Earth and Planetary Science Letters 26 (1), 81–87.
Broecker, W. S., 1982. Glacial to interglacial changes in ocean chemistry. Progress in
Oceanography 11 (2), 151–197.
Broecker, W. S., Gerard, R., Ewing, M., Heezen, B. C., 1960. Natural radiocarbon in the
Atlantic Ocean. Journal of Geophysical Research 65 (9), 2903–2931.
Broecker, W. S., Maier-Reimer, E., 1992. The influence of air and sea exchange on the carbon
isotope distribution in the sea. Global Biogeochemical Cycles 6 (3), 315–320.
Broecker, W. S., Peng, T.-H., 1987. The role of CaCO3 compensation in the glacial to
interglacial atmospheric CO2 change. Global Biogeochemical Cycles 1 (1), 15–29.
Brönsted, J. N., 1923. Einige bemerkungen über den begriff der säuren und basen. Recueil
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Appendix A
Supplement to Chapter 2: Effects of
seawater-pH and biomineralization on
the boron isotopic composition of
deep-sea bamboo corals
Table A.1: δ11B Results for Sample Duplicates
Sample Original δ11B 2se Duplicate δ11B 2se
T668 MM9 14.73 0.47 14.77 0.29
T664 MM1 14.59 0.34 14.56 0.29
1011762 13.95 0.32 13.43 0.24
36252 D4 15.33 0.34 15.34 0.34
36252 D1 15.49 0.38 15.64 0.43
37031 D4 14.87 0.45 14.71 0.34
27000 D1 16.20 0.22 16.26 0.24
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Figure A.1: Cleaning procedures test for boron isotopic composition of bamboo coral calcite.
A single homogenized batch of drilled coral powder was split into five subsamples, each
cleaned with varying concentration of oxidizing agent (hydrogen peroxide). The average δ11B
for each treatment (circles) is within external 2se error of the average δ11B of all treatments
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Figure A.2: Reproducibility of N-TIMS δ11B measurements for full procedural replicates,
which were cleaned, dissolved and analyzed separately. Black line is 1:1 line. The lowest
δ11B sample (black diamond) was drilled 1.0 mm from the original sample and is likely not
a perfect replicate, but is still within analytical uncertainty of the original sample.
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Appendix B
Supplement to Chapter 3: Growth
rate determinations from radiocarbon
in bamboo corals (genus Keratoisis)
This appendix consists of text and two tables detailing correlations between Keratoisis
growth rates and twenty-one physical and environmental parameters previously tested for
octocoral habitat suitability modeling by Yesson et al. (2012).
The selected environmental parameters group into seven areas: bathymetric (depth, bot-
tom slope and curvature of the seafloor [calculated from bathymetry at 1km and 10km
resolution]), physical (temperature, density, and current speed), chemical (salinity, alkalin-
ity, and DIC), carbonate system (Ωcalcite), productivity/food supply (Chlorophyll a and POC
export), oxygen (dissolved O2, O2 saturation, and Apparent Oxygen Utilization), and major
nutrients (nitrate, phosphate, and silicate). Parameter details are given in Yesson et al.
(2012). These parameters were chosen based on their potential relevance to bamboo coral
growth rates. For example, habitat suitability modeling demonstrated that temperature,
salinity, slope, productivity and oxygen levels were key drivers of global octocoral distribu-
tions (Yesson et al., 2012). Temperature was previously observed to positively correlate with
bamboo coral growth rates (see main text; Thresher, 2009; Thresher et al., 2011), and is
strongly linked to growth rates of shallow water hermatypic corals (e.g., Shinn, 1966; Lough
and Barnes, 2000). Carbonate ion concentration and saturation state also positively corre-
late with zooxanthellate coral calcification rates (e.g., Gattuso et al., 1998; Marubini et al.,
2001), and, potentially, with bamboo coral growth rates (Thresher et al., 2011). Differences
in food supply (as indicated through oxygen, nutrients, and/or surface ocean chlorophyll and
particulate organic carbon flux) have been hypothesized to account for generally decreasing
bamboo coral growth rates with increasing depth (Roberts et al., 2009).
Table B.1 gives the selected parameter values for each Keratoisis collection location, and
Table B.2 gives results of regressions between growth rate and each parameter. The sig-
nificance level for each regression was chosen as p=0.002, which is p=0.05 adjusted for the
number of parameters (Bonferroni correction). No parameters returned significant linear
relationships to growth rate, although growth rates do generally decrease with increasing
depth, salinity, neutral density, and bottom current speed. Multiple linear regression anal-
yses were not considered due to the poor explanatory power of single regressions and the
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potential for overfitting, as we have more parameters (n=21) than independent growth rates


















































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































Table B.2: Regression statistics for Keratoisis growth rates and environmental parameters
Group Regressor ∆GR/∆Parameter se R2 t-value df p-value
Bathymetric Slope: 1 km -0.02 0.01 0.17 1.71 14 0.110
Depth -0.02 0.01 0.13 1.64 18 0.119
Curvature: 10 km 0.00 0.00 0.13 1.44 14 0.172
Curvature: 1 km -0.01 0.01 0.09 1.14 14 0.272
Slope: 10 km 0.00 0.00 0.00 0.06 14 0.952
Physical Neutral Density -41.43 16.11 0.27 2.57 15 0.021
Current Speed -226.0 118.5 0.21 1.91 14 0.077
Temperature 0.34 2.61 0.00 0.13 18 0.897
Chemical Salinity -33.47 16.60 0.18 2.02 18 0.059
TA -0.08 0.14 0.02 0.57 18 0.577
DIC 0.02 0.07 0.00 0.22 18 0.826
Carbonate System [CO2−3 ] -0.16 0.22 0.03 0.73 13 0.481
calcite -0.93 9.91 0.00 0.09 13 0.927
Productivity Chl a 12.83 13.24 0.05 0.97 18 0.345
& Food Supply POC 0.10 0.10 0.05 0.96 18 0.347
Oxygen Dissolved O2 -2.06 2.95 0.03 0.70 18 0.495
O2 Saturation -0.12 0.22 0.02 0.58 18 0.572
AOU 1.51 2.86 0.02 0.53 18 0.604
Nutrients Phosphate 4.64 7.20 0.02 0.64 18 0.527
Nitrate 0.29 0.55 0.02 0.54 18 0.596
Silicate -0.01 0.10 0.00 0.05 18 0.958
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Appendix C
Supplement to Chapter 4: Single
laboratory comparison of
MC-ICP-MS and N-TIMS boron










































































1) Session: -13.05 ± 0.19‰ (2sd)
Long-term: -13.12 ± 0.26‰ (2sd)
Session: 24.07 ± 0.20‰ (2sd)
Long-term: 24.36 ± 0.43‰ (2sd)
Figure C.1: Stability of boric acid standards and carbonates across an MC-ICP-MS analysis
session without sample gas tuning. All data are from December 4th, 2015 and cover an
eight-hour analytical session. While the absolute 11B/10B of NIST 951 does change over
time (blue diamonds), the timescale of this change is long relative to bracketing standards,
such that there is no significant difference in the sample-standard bracketed δ11B of either
boric acid standard UMD (red diamonds) or biogenic aragonite JCp-1 (yellow squares) over
the course of this session. All values obtained are within 2sd of the long-term sample average
δ11B defined from analyses of UMD and JCp-1 across all analysis sessions (red diamond with




Supplement to Chapter 5: Abrupt
increase in abyssal South Atlantic
Ocean carbon storage across the
Mid-Pleistocene transition
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Table D.1: B/Ca and Cd/Ca data from Site 1264
Sample Age (ka) B/Ca (µmol/mol) ±1sd Cd/Ca (µmol/mol) ±1sd
1264B 1H1W 24.5 25.7 214.7 4.9 0.114 0.006
1264B 1H2W 34.5 354.9 205.8 4.9 0.177 0.006
1264B 1H2W 37 359.2 205.1 4.9 0.175 0.006
1264B 1H2W 62 403.75 209.9 4.9 0.160 0.006
1264B 1H2W 99.5 446.8 179.2 4.9 0.215 0.006
1264B 1H3W 4.5 545.0 196.2 4.9 0.204 0.006
1264B 1H3W 9.5 564.8 203.2 4.9 0.228 0.006
1264B 1H3W 67 710.2 197.9 4.9 0.152 0.006
1264A 1H1W 127 843.0 211.1 4.9 0.195 0.006
1264A 1H2W 4.5 892.6 205.4 4.9 0.195 0.006
1264A 1H2W 12 906.0 203.7 4.9 0.151 0.006
1264A 1H2W 22 924.7 199.4 4.9 0.178 0.006
1264A 1H2W 29.5 939.5 197.5 4.9 0.164 0.006
1264A 1H2W 32 944.5 197.1 4.9 0.172 0.006
1264A 1H2W 44.5 969.3 202.5 4.9 0.171 0.006
1264A 1H2W 47 979.3 221.9 4.9 0.179 0.006
1264A 1H2W 57 994.2 223.3 4.9 0.147 0.006
1264A 1H2W 67 1014 217.0 4.9 0.150 0.006
1264A 1H2W 72 1023.9 229.7 4.9 0.143 0.006
1264A 1H2W 77 1033.5 207.5 4.9 0.171 0.006
1264A 1H2W 87 1049.1 209.9 4.9 0.122 0.006
1264A 1H2W 99.5 1070.4 208.6 4.9 0.144 0.006
1264A 1H2W 137 1122.2 209.3 4.9 0.123 0.006
1264A 1H3W 7 1159.2 215.1 4.9 0.115 0.006
1264A 1H3W 29.5 1199.4 211.0 4.9 0.142 0.006
1264A 1H3W 44.5 1221.5 212.0 4.9 0.131 0.006
1264A 1H3W 77 1272.1 220.8 4.9 0.129 0.006
1264A 1H3W 82 1280.5 212.4 4.9 0.106 0.006
1264A 1H3W 84.5 1284.7 208.6 4.9 0.129 0.006
1264A 1H3W 92 1297.4 219.2 4.9 0.155 0.006
1264A 1H3W 132 1350.6 198.0 4.9 0.113 0.006
1264A 1H4W 4.5 1377.4 190.3 4.9 0.129 0.006
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Table D.2: B/Ca and Cd/Ca data from Site 1267
Sample Age (ka) B/Ca (µmol/mol) ±1sd Cd/Ca (µmol/mol) ±1sd
1267 MIS 1 1.7 177.7 6.4 0.095 0.009
1267A 1H3W 111.5 431.4 147.7 6.4 0.162 0.009
1267A 1H3W 149 455.9 147.0 6.4 0.144 0.009
1267A 1H4W 46 498.9 169.2 6.4 0.137 0.009
1267A 1H4W 63 514.1 173.7 6.4 0.137 0.009
1267A 1H4W 69 518.1 178.5 6.4 0.133 0.009
1267A 1H4W 81 526.1 167.9 6.4 0.140 0.009
1267A 1H4W 84 528.6 170.4 6.4 0.136 0.009
1267 MIS14 544.1 158.5 6.4 0.153 0.009
1267 1H5W 16.5 631.9 156.0 6.4 0.141 0.009
1267 1H5W 21.5 637.2 162.0 6.4 0.149 0.009
1267 2H2W 121.5 705.2 167.2 6.4 0.136 0.009
1267 2H2W 129 716.0 159.5 6.4 0.187 0.009
1267 2H3W 14 786.5 171.4 6.4 0.164 0.009
1267 2H3W 19 798.0 148.6 6.4 0.138 0.009
1267 2H3W 26.5 852.0 154.9 6.4 0.167 0.009
1267 2H3W 41.5 877.4 157.5 6.4 0.177 0.009
1267 2H3W 51.5 887.3 149.6 6.4 0.171 0.009
1267 2H3W 59 892.3 141.3 6.4 0.214 0.009
1267 2H3W 61.5 896.1 151.6 6.4 0.160 0.009
1267 2H3W 66.5 902.3 173.1 6.4 0.107 0.009
1267 2H3W 76.5 909.7 170.8 6.4 0.129 0.009
1267 2H3W 89 922.6 173.8 6.4 0.200 0.009
1267 2H3W 94 927.9 184.9 6.4 0.182 0.009
1267 2H3W 96.5 930.6 175.4 6.4 0.145 0.009
1267 2H3W 104 941.2 203.5 6.4 0.159 0.009
1267 2H3W 114 950.5 172.4 6.4 0.131 0.009
1267B 2H3W 128 962.6 166.8 6.4 0.134 0.009
1267B 2H3W 144 977.7 179.3 6.4 0.131 0.009
1267B 2H4W 19 1001 180.9 6.4 0.128 0.009
1267B 2H4W 26 1006.8 186.9 6.4 0.139 0.009
1267B 2H4W 33 1013.8 181.9 6.4 0.104 0.009
1267B 2H4W 41.5 1021.9 182.6 6.4 0.114 0.009
1267B 2H4W 49 1028.9 182.5 6.4 0.106 0.009
1267B 2H4W 51.5 1032 181.7 6.4 0.090 0.009
1267 2H4W 54R 1041.8 180.9 6.4 0.091 0.009
1267 2H4W 144-150 1111.2 166.7 6.4 0.088 0.009
1267 2H5W 31.5-47.5 1147.4 198.7 6.4 0.097 0.009
1267 2H5W 96.5-102.5 1201.2 167.0 6.4 0.111 0.009
1267A 2H2W 19-25 1225.7 177.6 6.4 0.087 0.009
1267 2H2W 46.5-52.5 1253.6 178.7 6.4 0.125 0.009
1267 2H2W 56.5-57.5 1261.2 176.6 6.4 0.134 0.009
1267 2H2W 71.5-75 1277.6 180.7 6.4 0.103 0.009
1267 2H2W 84-87.5 1290.2 188.8 6.4 0.094 0.009
1267 2H2W 136.5-140 1339.4 174.0 6.4 0.109 0.009
1267 2H3W 6.5-15 1359.9 203.9 6.4 0.084 0.009
1267 2H3W 26.5-30 1373.8 177.5 6.4 0.100 0.009
1267 2H3W 61.5-67.5 1398.9 197.4 6.4 0.084 0.009
1267 2H3W 74-82.5 1412.8 182.9 6.4 0.089 0.009
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Table D.3: B/Ca and Cd/Ca data from Site 1088
Sample Age (ka) B/Ca (µmol/mol) ±1sd Cd/Ca (µmol/mol) ±1sd
1H1W 4-7 0.50 216.3 4 0.127 0.022
1H1W 62 24.14 219.2 4 0.170 0.022
1H1W 81 44.34 225.1 4 0.141 0.022
1H1W 132 93.27 230.0 4 0.104 0.022
1H2W 7 134.00 225.1 4 0.177 0.022
1H2W 57 188.6 209.4 4 0.195 0.022
1H2W 108 255.67 227.0 4 0.160 0.022
1H2W 142 303.09 188.9 4 0.192 0.022
1H3W 38 346.66 206.5 4 0.167 0.022
1H3W 77 380.59 203.5 4 0.154 0.022
1H3W 112-133 412.20 201.6 4 0.156 0.022
1H4W 14-22-31 453.80 187.9 4 0.187 0.022
1H4W 77 487.45 191.8 4 0.161 0.022
2H1W 12 494.94 196.7 4 0.140 0.022
2H1W 50 514.03 198.7 4 0.191 0.022
2H1W 105 554.59 185.9 4 0.266 0.022
2H1W 132 577.82 179.1 4 0.248 0.022
2H1W 142 588.28 194.7 4 0.292 0.022
2H2W 7 608.41 182.0 4 0.243 0.022
2H2W 77-107 667.86 204.5 4 0.194 0.022
2H3W 2 704.22 217.2 4 0.195 0.022
2H3W 17 714.59 188.9 4 0.270 0.022
2H3W 22 719.28 202.6 4 0.184 0.022
2H3W 57 751.96 172.2 4 0.179 0.022
2H3W 72 765.41 199.6 4 0.193 0.022
2H3W 87-92 777.98 205.5 4 0.146 0.022
2H3W 87 779.68 171.3 4 0.220 0.022
2H3W 117 794.50 190.8 4 0.185 0.022
2H4W 2 813.60 192.8 4 0.190 0.022
2H4W 17 824.31 206.5 4 0.156 0.022
2H4W 52 857.52 203.5 4 0.197 0.022
2H4W 72-82 872.11 201.6 4 0.208 0.022
2H4W 106 887.41 196.7 4 0.153 0.022
2H4W 142 911.05 216.3 4 0.173 0.022
2H5W 22 934.16 207.5 4 0.204 0.022
2H5W 27 940.49 208.4 4 0.141 0.022
2H5W 56.5 983.23 212.4 4 0.155 0.022
2H5W 82-106 1017.5 219.2 4 0.151 0.022
2H5W 101.5 1023.5 244.7 4 0.139 0.022
2H6W 2 1074.0 235.8 4 0.168 0.022
2H6W 36 1117.8 232.9 4 0.148 0.022
2H6W 92 1167.4 225.1 4 0.135 0.022
2H6W 131 1209.6 227.0 4 0.146 0.022
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